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This project focused on the study of oxygen-isotope variations in iron (III) oxides and 
their corresponding clays during their formation in selected weathered profiles of the 
Australian regolith. 
 
The aim of this project was to study oxygen-isotope fractionation in iron ferric oxides 
and clay minerals during regolith weathering in southern Australia. For this study, 
samples with high iron ferric oxide content were separated from clay-rich samples. 
Many physical, chemical and technical procedures including physical abrasion on 
sample exteriors, crushing, high gradient magnetic separation, clay settling analysis, and 
chemical treatments have been employed to ensure that the iron ferric oxides and 
associated clays are as pure as possible. Also an oxygen extraction vacuum line with 
associated purification techniques was constructed to extract and present the samples’ 
oxygen content to a mass spectrometer to measure its isotopic ratio. 
 
In total 69 samples have been analysed in this study (56 iron ferric oxides and 13 
corresponding clays from the same locality). The corrected and calculated oxygen-
isotope ratios for iron ferric oxides in all study areas yielded between -2.5 ‰ and +6.2 
‰ whereas for corresponding clays the ratios between +12.1 ‰ and +38.5 ‰. 
Interpretation of these results has highlighted the utility of oxygen-isotope analysis in 
the occurrence of iron ferric oxides and their corresponding clays in a variety of 
surficial environments and weathering profiles in southern Australia. Evaporative 
enrichment of the oxygen isotopic composition of meteoric and near-surface ground 
waters, which are in equilibrium with iron ferric oxides and corresponding clays, are 
indicated commonly by the δ
18
O composition of the studied weathering minerals. 
Further interpretation also suggests that crystallization of these secondary minerals may 
have occurred during gradual drying of regolith profiles after  period(s) of semi-humid 
to humid climatic conditions. Furthermore, variations in the isotopic composition of 
meteoric and near-surface ground waters resulting from evaporation may have played a 
greater role in controlling the isotopic composition of the iron ferric oxides and clays in 




Results from this study are in agreement with previous investigations to indicate that the 
weathering history in southern Australia dates back at least 60 million years, probably 
100 million years, and perhaps even as far back as 180 million years. The ages provide 
further evidence for episodic deep chemical weathering under certain climatic 
conditions across the study region, and add to the data from across Australia for similar 
events.  
 
The weathering ages also can be reconciled with reconstructions of Australian climates 
from previously published work, which show a cooling trend over the last 40 Ma, 
following an extended period of high mean annual temperatures in the Palaeocene and 
Eocene. In conjunction with this cooling, total precipitation decreased, and rainfall 
became more seasonal. The weathering ages fall within periods of wetness (clay 
formation), the onset of seasonal climate (clay formation and iron mottling) and the 
initiation of aridity in the late Miocene (iron mottling). 
 
The results are also consistent with palaeoenvironmental evidence for wetter climates in 
some parts of the Australia during Palaeogene-Neogene. Previous studies have reported 
that most of Australia was covered by rainforest during the Palaeocene through the 
Oligocene, and experienced more humid, as well as most likely warmer, conditions 
during the same period. The mentioned palaeoenvironmental setting would be 
conducive to clay formation under conditions of intense chemical weathering. Similarly, 
previous palaeomagnetic work records weathering phases producing mottling under 
similar conditions, during similar time periods, over most of the southern part of the 
Australian continent. 
 
This study has provided an excellent investigation validating the use of oxygen-isotope 
compositions of iron ferric oxides and their corresponding clays from different types of 
ferricrete and laterite profiles and sections, including transported and disaggregated 
profiles, to establish and predict the ages of the secondary minerals in the selected 
Australian weathering profiles. This research also provided initial weathering ages for 




of the study region. Building on the results of this study, there is much scope for further 
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Chapter One: Regolith; characteristics and geochronology 
 
1.1 Regolith: definition, geology and a brief mineralogy 
1.1.1 Definition 
The earth’s surface mantle of unconsolidated material was given the name of regolith by 
Merill (1897). In the early years of the 20th century, the term regolith flagged then the 
1970s marked its revival when space missions discovered that fragmental materials 
mantled the surface of the Earth’s Moon, Venus, Mercury, comets and the moons of the 
outer planets. 
Materials found around (above and adjacent to) the unweathered bedrock are called 
regolith (Ollier and Pain, 1996; Taylor and Eggleton, 2001). The geoscience literature 
has abundantly used the term regolith in recent years since extensive research has been 
done on the weathered material present at the surface of the Earth, as well as the 
products that form and the processes of their formation (Ollier and Pain, 1996). The 
products found can be unconsolidated, lithified, cemented, indurated, residual or 
transported, giving rise to colluvium, alluvium, aeolian deposits, evaporitic products, 
fractured basement, calcrete, silcrete, ferricrete and weathered products and minerals 
(Taylor and Butt, 1998). 
Two definitions of regolith have been produced by Eggleton (2001), which are; firstly, 
“the entire unconsolidated or secondarily the cover that overlies more coherent bedrock 
that has been formed by weathering, erosion, transport and/or deposition of the older 
material. The regolith, thus, includes fractured and weathered basement rocks, 
saprolites, soils, organic accumulations, volcanic material, glacial deposits, colluvium, 
alluvium, evaporitic sediments, aeolian deposits and ground water” and secondly 
“everything from fresh rock to fresh air”. 
The term regolith is currently widely accepted in Australia as it includes a number of 
weathering products such as laterites, lateritic bauxites, silcrete, kaolinitic profiles and 
ferricretes. Similarly, various models that emphasise the heterogeneity of the spatial and 
temporal growth of the different products of deep weathering have emerged because of 




Different meanings have been ascribed to laterite in relation to its various uses. Just as 
for pedologists they are soils, for engineers they are building materials or foundations 
and for geologists they are rocks or sample media (Anand et al., 2002; Anand and Butt, 
2010). 
In Kerala (India) Fe-rich regolith material was given the name ‘laterite’ by Buchanan 
(1807). When exposed laterite hardens and is very difficult to cut it into building blocks 
while the mottled material is soft enough to be cut with an axe. Nevertheless, the 
laterites found at Kerala represent the vermiform mottled zone because the upper crust 
was widely used for dry-stone walling. Since Buchanan’s time ferruginous duricrusts 
have been explored in detail and plenty of literature can be found on ‘laterite’. 
According to Ollier and Rajaguru (1991), indurated and mottled saprolite can be 
described as ‘laterite’. The red surficial materials found in Africa called ‘brick earth’ 
(Maignien, 1966) and the associated concretionary, nodular and pisolitic materials can 
be referred to as laterite. The word ‘laterite’ has also been used to define the red blocks 
used in construction (Prescott and Pendleton, 1952). The definition proposed by 
Sivarajasingham et al. (1962) and verified by McFarlane (1976) claims that laterites are 
extremely weathered materials depleted in alkalis and alkaline earths. 
Laterite consists of secondary oxides, oxyhydroxides of iron (goethite, hematite and 
maghemite) and hydroxides of aluminium (gibbsite) along with other secondary 
minerals like clays, kaolinite and anatase, resistant primary minerals (quartz, zircon) and 
weatherable primary minerals (ilmenite, muscovite). Many authors proclaim that the 
term laterite defines the entire weathering profile including the ferruginous zone, 
mottled zone and saprolite whereas on the other hand its use may be limited to the 
ferruginous/aluminous horizon only. Schellmann (1983) concluded that laterites are 
produced by powerful subaerial rock weathering causing higher Fe and/or Al contents 
while the Si content is lower than in merely kaolinised parent rocks. These altered rocks 
contain goethite, hematite, gibbsite, kaolinite and quartz. Thus, according to 
Schellmann, everything that is more weathered than saprolite is laterite. In contrast, 
Aleva (1994) only included the duricrust formed over the mottled zone as laterite 
whereas, according to Millot’s (1964) definition, both the mottled zone and duricrust 




The latest version of laterite developed in recent times includes all the reddish mottled 
saprolite in a deep-weathering profile (e.g. Ollier, 1991) whereas authors such as Milnes 
et al. (1985), Ollier and Galloway (1990), Ollier (1991) and Bourman (1993b) are of the 
opinion that the term ‘laterite’ must be supplanted by ferricrete. Lamplugh (1902) was 
the first to define a ferruginous conglomerate of surficial sands and gravels cemented by 
Fe ‘salts’ with the  term ‘ferricrete’. Later research has suggested that all Fe-cemented 
and indurated surface crusts and subsurface horizons are ferricretes. However, not 
enough information about the materials that have been ferruginised has been provided. 
So, ferricrete provides a general and vague definition. According to Ollier and Galloway 
(1990), the ferricrete and underlying saprolite zones are not related in any way but they 
are both usually genetically linked to laterite as part of a ‘complete’ lateritic profile 
(McFarlane, 1976; Nahon, 1986; Bardossy and Aleva, 1990; Nahon and Tardy, 1992). 
The terms ‘laterite’ and/or ‘lateritic profile’ are used in this study to refer to the mottled 




Plains and hills are two fundamental types of landscapes. Erosional landscapes develop 
valleys where softer materials exist inside or beneath the landscape whereas hills are 
formed where hard rock/regolith is difficult to erode. The relative susceptibility to 
weathering and erosion of the bedrock and the efficiency of erosion to transport the 
weathered products from the source of weathering leads to the development of the 
landscape. Only tectonism eustacy through glacial loading has the ability to uplift or 
down-warp parts of the landscape (Scott and Pain, 2008). 
Usually depositional landscapes like much of the Murray Basin of SE Australia (Figures 
1.1 and 1.2),  the Mississippi Valley in the USA and some marine regression plains, 
such as those left during the Cretaceous as the sea retreated from much of the Eromanga 
Basin in northern and central Australia, are deemed as plains. The continental 
glaciations that occurred through much of Europe, northern Asia and North America are 
referred as erosional plains (Ollier and Pain, 1996). Although, in general, they are 
shielded with a surface of glacial or fluvioglacial sediments they are strictly depositional 





Figure 1.1: Major Australian Mesozoic-Cainozoic basins. Numbers, in metres, 
represent the maximum sediment thickness (from Scott and Pain, 2008). 
 
Figure 1.2: Location of sites mentioned as major geological domains in Australia 






Weathering can take place at depths of hundreds of metres but usually occurs at or 
within 50 m or so from the surface. It starts from the surface and moves farther down to 
bedrock, bringing about both physical and chemical change (Ollier, 1984). 
The regolith is made up of chemically different rocks and minerals that contain water, 
biota and gases and includes materials that are physically broken down in the weathered 
profile. The bedrock is usually chemically altered in situ, to some extent. The 
weathering profiles contain much more altered material towards the Earth’s surface. 
Weathered debris may be removed by surface erosion or moved below the surface in 
solution or physically by groundwater and biota. The eroded and transported regolith 
components can accumulate at another place on the landscape. 
Regolith, both in situ and transported, is abundantly found on the Earth’s surface. It is 
widespread and may be more than several hundred metres thick in some places. 
Modern tropical areas commonly show deep in situ weathering. Also, there is a 




Regolith minerals result from the weathering of rock-forming minerals. Igneous and 
metamorphic rocks form at high temperatures, under reducing condition with low water 
availability. In contrast, low temperatures with reducing or oxidising conditions and 
water are necessary for the formation of regolith minerals. The latter form as a result of 
hydration and transformation of primary minerals or by simple precipitation from 
solution. Where a primary mineral is weathered and oxidised, it likely proceeds through  
replacement of a base cation by hydrogen ion. As for oxidation the key element to be 




 typically in the presence of 
hydrolytic irons(Anthony et al., 1997). 
Three groups of minerals are recognisable in regolith: 
 Hydrated aluminosilicate that occur by weathering primary silicates – also 




 Precipitated minerals made up of elements leached from primary minerals that 
generate aqueos base and metal cations - minerals such as gypsum or halite or 
the Fe oxides (goethite and hematite) arise through this process. 
 Primary unweathered and really hard minerals, like quartz or zircon. 
 
1.1.3.2 The clay silicates 
Most of the regolith is made up of clay-sized (<2 µm) layer silicates known as 
phyllosilicates or sheet silicates. Pauling (1930) explained the basic crystal structure of 
the layer silicates. Each mineral belonging to this group has two structural units, an 
octahedral sheet and a tetrahedral sheet. The octahedral sheet contains a plane of cations 
in octahedral coordination with planes of anions on both sides. The tetrahedral sheet is 
composed of one plane of anions from the octahedral sheet, a plane of Si-Al cations, 
and a third anion plane of oxygen atoms that finishes the tetrahedral sheet (see Figure 
1.3). The layered silicates, have small Si cations that are formed in tetrahedral 
coordination to oxygen, the tetrahedra being connected across three of their corners to 
other tetrahedra in the form of a continuous hexagonal sheet (see Figure 1.4 for 
clarification). 
Clay silicates include kaolinite, halloysite, illite, smectite, vermiculite and sepiolite-
palygorskite and have a diverse chemical, crystal and physical nature. Kaolinite is the 
regolith mineral present in greatest quantities. Kaolinite is an aluminosilicate that occurs 
in the course of weathering of all the aluminosilicate igneous minerals like feldspars, 
muscovite, feldspathoids and zeolites. It is platy, normally developing hexagonal 
crystals 0.1-2 µm across and about one-tenth as thick. 
Kailinite has a very low cation exchange capacity (CEC) in the order of 20-40 meq/kg. 
The composition of kaolinite is simple and continuous, i.e. Al2Si2O5 (OH)4. There is no 
structural exchange site; cation exchange in kaolinite depends on surface and edge 















Figure 1.3: Structure of kaolinite, a 1:1 dioctahedral layer silicate (from Brindley 









Figure 1.4: Classification of silicates according to tetrahedral polymerization. (a) 
Silica tetrahedron viewed as four oxygen coordinated to a central silicon. (b) 
Tetrahedron viewed as a coordination tetrahedron with the oxygen at the apices. 
(c) Silica tetrahedron simplified. (d) Single chain polymer. (e) Double chain. (f) 









Figure 1.5: Diagram of the structure of kaolinite showing exchange sites (from 
Brindley and Brown, 1980). 
 
1.1.3.3 Fe oxides and hydroxides 
Iron, denoted by Fe, is present in almost all rocks and is brought into the regolith by 
rock weathering. When iron-bearing minerals are exposed to oxygen and water, the 
basic mineral structure gradually breaks down. At the start Fe can be released as soluble 
Fe
2+




A number of iron oxides and hydroxides are usually present in a regolith profile: 
goethite (α-FeOOH), hematite (α-Fe2O3), ferrihydrite (Fe5HO8.4H2O), lepidocrocite (γ-
FeOOH), magnetite (Fe3O4) and maghemite (γ-Fe2O3). Goethite and hematite are the 
most common forms found in the regolith environment (Cornell and Schwertmann, 
1996). 
Goethite (FeOOH) is made up of a double-chained structure of Fe-O octahedra that are 
related laterally. The oxygen is in loose hexagonal close packing (Cornell and 
Schwertmann, 1996). Goethite forms the main conversion product from ferrihydrite and 
it is the most commonly found iron mineral in soils. Synthetic preparations of goethite 
occur as yellow-brown needle-shaped crystals about 1 µm long. Ferrihydrite and 
goethite together give the brown colour to soils (Cornell and Schwertmann, 1996). The 
ability of adsorption by soil goethite results from its large surface area which ranges 
from 6 to 200 m
2




laboratory and the field measurements at a typic regolith pH have recorded phosphate 
contents of about 2-3 μM/m
2
 (Schwertmann and Cornell, 1991). 
Hematite (Fe2O3) has a strong colour that can overshadow the occurrence of goethite. It 
is commonly found in regolith, is red in colour and has a granular structure. Warm and 
arid environments are for its formation. The surface area of soil hematite is similar to 
goethite at about 100 m
2
/g. The hematite-goethite ratio in soils surges when soil 
temperature falls in higher latitudes and with the fall of soil moisture content (Cornell 
and Schwertmann, 1996). In general, hilltops have high levels of hematite while valleys 
are dominated by goethite; globally, the arid regions have hematite rather than goethite. 
The adsorption properties of hematite are like goethite and it can also cause the fixation 
of phosphate (Schwertmann and Cornell, 1991). 
 
1.1.3.4 Silica minerals 
Most of the residue from weathered felsic rocks is present as quartz and it is the most 
abundant silica mineral in regolith. Chalcedony, moganite and opal may be precipitated 
in regolith. All three varieties are microcrystalline and all of them require water. Some 
may be attached to crystalline surfaces, others occur in larger cavities and the rest in 
structural sites. The structures of chalcedony and moganite are derived from multiple 
twinning of quartz (Taylor and Eggleton, 2001). Opal has a cristobalite and tridymite-
like structure. Opaline silica and chert are found abundantly in regolith. The atomic 
structure of opaline silica is similar to chert except it has more irregular stacking of the 
cristobalite and tridymite units. The colour of precious opal is derived from the regular 
packing of equal-sized spheres diffracting light. 
Hardpans, siliceous veins and crack fillings and silcretes result from silica precipitation 
in the regolith. Opaline silica is found in ample amounts in regolith over ultramafic 
rocks, as the low Al content of the parent rock does not allow precipitation of kaolinite 








1.2  Regolith geochemistry 
1.2.1 Introduction 
The minerals, water, dissolved compounds, colloids; biota and gases can all be defined 
and studied in the light of their elemental constituents. All these constituents make up 
the regolith and the foundation of regolith geochemistry lies in these components. 
Application of chemical principles allows understanding of the nature, origin and 
behaviour of the regolith. 
The processes of forming and altering minerals, as well as understanding and predicting 
element dispersion, fixation and fractionation in regolith materials and establishment of 
the origin and evolution of different regolith materials is all done through regolith 
geochemistry. The elements of the regolith show a predictable geochemical behaviour 
based on the interaction of groundwater and minerals. Regolith minerals such as silica, 
clays and iron oxyhydroxides are very simple and their structure rejects more than 1‰ 
of foreign ions (Davis and Kent, 1990). Exceptions to this behaviour are goethite and 
hematite as they include substantial amount of Al substituting for Fe, and the interlayer 
exchange sites of smectite are very adaptable. However, appreciable solid solution is not 
present in the minerals that usually form by regolith process (Taylor and Eggleton, 
2001). 
In the following sections the geochemistry of the three major components of regolith are 
described. 
1.2.2 Clays 
Of the three main components of regolith in weathering profiles, clays have the most 
significant role because they are the mineral hosts for many other elements. For 
example smectite, has three main octahedrally-coordinating cations, Mg, Al and Fe, that 
are nearly equal in size (Paquet et al., 1987). Smectites can act as hosts for Li, V, Mn, 
Co, Ni, Cu and Zn substitutions in the octahedral sheet during the process of formation 
of a weathering profile. The tetrahedral sites do not contain any elements other than Si 
and Al. The smectite interlayer is an essential site for larger ions; in addition to the key 
elements Na, Mg, Al, K and Ca, ions that can be exchanged in the interlayer include Pb 
and Cu, which can be adsorbed in quite high quantities (Sikora and Budek, 1994; 
Helios-Rybicka et al., 1995). In contrast, kaolinite has a rigid structure; the tetrahedral 




interlayer exchange site.  Therefore, kaolinite can only hold small quantities of trace 
elements in its structure, and it has a low cation exchange capacity of 40 meq/kg. It has 
small quantities of adsorbed elements too. Minor and trace elements present in the 
octahedral sheet of kaolinite include up to 3% Fe2O3 (Ma Chi, 1996), 0.9% Cr2O3 
(Singh and Gilkes, 1991) and 0.2% Cu (Mosser and Zeegers, 1988). 
Halloysite has water in its structure but the rest of its chemistry is similar to kaolinite. It 
has a moderate cation exchange capacity (i.e. 300 meq/kg); hence it is able to absorb 
cations from solutions more readily than kaolinite. Thus halloysite can include up to 
12% Fe2O3. 
Vermiculite has a structure comparable to that of the smectite group. The interlayer 
region usually hosts octahedral cations like Mg, Fe or Al and can include any similar-
sized cation. 
 
1.2.3 Iron oxides and hydroxides 
The weathering of Fe-bearing minerals during extreme regolith conditions results in the 
formation of iron oxides and oxyhydroxides. Ferrihydrite has highly reactive nature. 
This early precipitate has a large surface area of about 350 m
2
/g and it has the ability to 
absorb a large number of trace elements. Ferrihydrite gradually transforms into goethite 
or hematite, and many of its adsorbed ions remain in the more crystalline mineral, 
therefore Fe-oxides and hydroxides turn out to be important hosts for many elements in 
the regolith. Goethite has the direct tendency to precipitate from a solution. It can also 
include and adsorb foreign metals into its structure. Fe plays an essential role in the 
process of weathering, as stated by Thornber and Wildman (1984) who evaluated the 
co-precipitation of a number of transition metals (Cu, Ni, Zn, Co and Pb) with Fe. They 
also emphasized that the quantity of Fe in comparison to base metal is imperative in 
defining the composition of the precipitate, and the oxidation of Fe also controls the pH 
of the environment where the precipitate is forming. Research indicates that both natural 
and synthetic goethite, as well as hematite, has the capability to sequester elements 







Aluminium replaces up to 32‰ and up to about 15‰ of Fe in goethite and hematite, 
respectively (Fitzpatrick and Schwertmann, 1982). In regolith, goethite formed in 
hydromorphic environments, like mottles, concretions and ferricretes, is seen to have 
less Al substitution (0-15 ‰), whereas freely drained regolith like saprolites and 
bauxites has a substitution range of Al from 15 to 31%. Fitzpatrick and Schwertmann 
(1982) suggested that the difference is a consequence of lower pH and hence higher Al 
activity in the more freely drained regolith. Substitution of Al is freely expected from 
the X-ray diffraction patterns of goethite and hematite; substitution of Al decreases the 
mean crystallite dimension and the unit cell dimension (Schulze, 1984; Stanjek and 
Schwertmann, 1992). 
 
1.2.3.2 Transition metals 
According to Schwertmann et al. (1989) synthesized goethite can have almost 10% Cr. 
Gerth et al. (1985) stated that similar amounts of other transition metals (Ni:Fe=0.12, 
Co:Fe=0.12, Cu:Fe=0.05, Zn:Fe=0.11) can be incorporated in the goethite structure. 
Later, Singh and Gilkes (1992) established that much of the contained Co, Cr, Cu, Mn, 
Ni and Zn existed inside the crystals (see Table 1.1). Hematite can also contain 













Table1.1: Median (rounded) content of major (%) and trace (μg/g) elements in Fe-
oxide concentrates from soils on three parent materials (from Singh and Gilkes, 
1992) 
 Felsic Mafic Alluvial 
Fe (%) 31 38 20 
Al (%) 7 7 5 
Cd 7 8 6 
Co 60 220 170 
Cr 230 420 240 
Cu 30 60 70 
Mn 90 230 120 
Ni 80 90 70 
V 520 670 610 
Zn 40 60 70 
 
1.2.4 Quartz (chert, opal, etc.) 





 it can be balanced by H, Li, Na, K, Cu, Ag and possibly many other 
ions held in tunnels in the silica framework (Götze and Plötze, 1997). Most quartz in 
regolith is detrital so other trace elements may also be present; these will relate to 
source rocks instead of the weathering environment. Quartz crystals mostly comprise 
both minerals and fluids, and so the high levels of trace elements are a result of these. 
Contents range up to about 600 g/L for Li and Al, while TiO2 and Fe2O3 levels reach 
0.005% and 0.3% respectively (Frondel, 1962). Quartz deposited in regolith is 
commonly in the form of very finely crystalline silica, either as quartz in silcrete, or as 






1.3 Geochronology of the Australian regolith 
1.3.1 Background 
Figure 1.6 shows the weathering intensity in Australia ranging from slightly weathered 
(Eastern Australian Upland; No.1 on the map) to intensely weathered (Southern Darling 
Plateau; No. 5 on the map) profiles (Wilford, 2012). Other examples of moderately 
weathered profiles are also presented on the map in Figure 1.6 (Wilford, 2012). 
According to Ollier (1995) most of the Australian continent is mantled by thick regolith 
profiles that are preserved to different degrees and Australia owes the presence of most 
of its resources of aluminium, iron, manganese, nickel and cobalt to the regolith-
forming processes. Initial attempts to determine the age and spread of the Australian 
regolith suggested a general ‘Cainozoic’ age for a single ‘duricrust’. This duricrust was 
believed to have formed in the course of a single continent-wide peneplanation event 
(Woolnough, 1927). Many later models have stressed the heterogeneity of both the 
spatial and temporal character of regolith resulting from deep weathering (e.g., Milnes 
et al., 1985). The presence of land surfaces and regolith profiles of Late Palaeozoic or 
Early Mesozoic age have been acknowledged by a number of people (Parker, 1970; 
Nesbitt and Young, 1982; Twidale, 1983; Milnes et al., 1985; Twidale et al., 1985; 
Chittleborough, 1991; Price and Velbel, 2003) and quite a number of such profiles are 
present at the surface or in near-surface exposures. Furthermore, it is known that deep 
weathering occurred in Australia in interim sessions all through Late Cretaceous and 






Figure 1.6: Weathering profile distribution and its intensity in Australia (Wilford, 
2012). 
 
In the past indirect dating approaches were used and they mostly resulted in maximum 
or minimum age of weathering, which is not even near the real age of the weathering. 
Efforts made to check the age of Australian regolith largely depended on locating 
vicinities where weathered profiles were overlain by a sedimentary or igneous unit that 
could be dated stratigraphically or by K/Ar methods. Moreover, extrapolation from a 
specific vicinity to other regions where no age control is marked are consequently 
tenuous. Bourman et al. (1987) stressed the unreliability of ferricrete as a 
morphostratigraphic marker. 
 
1.3.2 Stable-isotope age dating of the Australian regolith: the hypothesis 
The potential of the stable-isotope technique for dating Australian regolith profiles was 
originally suggested by Chivas (1983) and a preliminary discussion of results has been 




Ma ago (Veevers, 1984, 1986), Australia has been drifting northwards across a strong 
latitudinal temperature gradient (Figure 1-7). Since mean annual air temperature is one 
of the major factors controlling the isotopic composition of meteoric waters (Dansgaard, 
1964; Yurtsever and Gat, 1981), the regolith minerals would have formed in 
equilibrium with a changing temperature (Savin and Epstein, 1970a; Lawrence and 
Taylor, 1971, 1972). Thus the isotopic composition of regolith minerals can be expected 
to have become increasingly enriched in deuterium and 
18
O since initiation of the 









Figure 1.7: The Phanerozoic continental drift history of Australia. 
 
Areas that have independent age control, for example the association of a regolith 
profile with a basaltic or sub-basaltic unit that can be dated by (K/Ar), are the best 
options for selecting samples for isotopic analysis. Since the possibility to adjust the 
change in the isotopic structure of regolith minerals depends on time, profiles that have 
unidentified ages can then be fitted to this palaeo-isotope curve similar to 
palaeomagnetic studies which fit the pole position of a sample to an apparent polar 
wander path to get an idea about its age. As a consequence, the range of oxygen and 
hydrogen isotope values in a specific profile can point out the period of regolith 
development, along with the superposition of different times of regolith creation. 
Granting the fact that temperature is an important factor which controls the isotopic 




variables that exert a control on the stable isotopic structure of the regolith minerals in 


















Figure 1.8: Factors that potentially affect the isotopic composition of regolith 
minerals in Australia (after Bird and Chivas, 1989). 
 
Yurtsever and Gat (1981) defined different influences on the isotopic structure of 
rainfall. They found that the isotopic structure of surface waters was altered in advance 
of its infiltration into the weathered zone and finally the local ground water system 
(Yurtsever and Gat, 1981). The Australian continent is moving into mid- to low-latitude 
position from its historical high-latitude position of the post-Palaeozoic (Veevers, 
1984). This drift in position, combined with the universal temperature changes and 
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particularly changes in the latitudinal temperature gradient, has the ability to control the 
isotopic composition of regolith minerals in Australia from the Late Palaeozoic times 
(Bird, 1988). 
Universal temperature changes operate on a global scale and are likely to affect the 
entire Australian continent in a consistent manner. The latitudinal temperature gradient 
operates on a local scale and controls the variability that is likely to change the isotopic 
composition of regolith minerals formed in different parts of the continent over a 
specific time period. Thus the relative isotopic composition from one area may differ 
from samples of similar age from other vicinities in the continent. The expected 
magnitude of alterations of the isotopic structure of meteoric waters, all over the 
continent, in the geologic past can be provided by determining their similarities with 
modern Australian isotopic signatures. In this regard, it is necessary to determine the 
information about the conditions essential for the creation of highly leached regolith 
profiles. 
Tropical and sub-tropical temperatures have an impact on the reaction rates, as well as 
the conservation of regolith deposits in areas with subdued topography (Norton, 1973; 
Grubb, 1963; Ollier, 1969). The creation of regolith profiles requires humid conditions, 
hence evaporative effects are also needed that can alter the isotopic structure of 
infiltrating meteoric waters, for the most part in arid zones will be deemed unimportant 
(Dincer, 1980; Yurtsever and Gat, 1981). In other words, isotopic properties that result 
from abundant continental rainfall are noticeably lower than the ones calculated for 
temperate areas (Rozanski et al., 1982) but they are almost the same as those calculated 
for the Amazon Basin (Salati et al., 1979). Formation of laterites, bauxites and other 
highly leached regolith profiles need high rainfall and efficient leaching of soluble 
cations. 





 years across Australia and are considered to be hundreds of metres thick (Idnurm 
and Senior, 1978; Senior and Mabbutt, 1979; Schmidt and Ollier, 1987; Kronberg et al., 
1982). Therefore, only long-term gross variations in the isotopic composition of 
meteoric waters are essential for defining the isotopic structure of minerals in these 




waters (e.g., Hughes and Allison, 1984) and other disparities caused by short term 
climatic oscillations, have little effect on the isotopic structure of regolith minerals. 
The presence of comprehensive trends in the isotopic structure of Australian regolith 
minerals is evidence that indicates the extreme variability in their stable-isotope 
structure. This variability, in turn, cannot be masked. Therefore the analysis of isotopic 
data from regolith minerals present all across Australia show that it is not possible to 
attain a resolution of less than ±1.3‰. On the other hand, there is a good potential to 
attain and evaluate data on a local scale. The values of modern ground waters are known 
to vary thus they denote a limiting case for isotopic variability across the continent, and 
±1.3‰ in δ
18
O represents an approximate upper limit for this variability. However, in 
the longer term this value is not interrelated with variations in latitude so the isotopic 
structure of meteoric waters is noted for humid seasons that relate to active weathering 
in the geologic past all over Australia (Bird, 1988). 
 
1.3.3 Geochronology of the Australian regolith: previous studies on radiogenic, 
cosmogenic and radiocarbon isotopes  
Researchers have been able to date two important types of potassium-bearing secondary 
minerals. They are the alunite-group sulphates, which include alunite and jarosite, and 
the hollandite-group minerals including manganese oxides. The presence of admixtures 
of K-bearing mica derived from the bedrock in these minerals poses a problem in dating 
both groups of minerals because if it is uncorrected it will lead to the creation of 
anomalously old ages. According to Dammer et al. (1996, 1999) a two-stage K/Ar 





Ar dating methods for weathered materials has been investigated by 
Vasconcelos (1999a). Radiogenic argon and potassium are measured on mica in the 
samples and a comparative correction in the silicate residue was calculated to measure 




Ar technique have the potential to elude the contamination. Dammer et al. (1999) 
showed that dated void-filling Mn-oxides did not replace a pre-existing rock substrate 
during their formation. The void-filling oxides have been examined using optical and 




The weak leaching and strong evaporation that takes place in arid and semi-arid 
environments facilitates the development of alunite group minerals (Bird et al., 1990a), 
while the intense leaching that occurs in humid environments facilitates the 
development of Mn-oxides (Dammer et al., 1999). Accordingly, we can ascribe that the 
increasing aridity during the last 20 Ma has caused different age distributions for the 
two mineral groups. Evidence supports this arid shift for Australia but it does not hold 
true for conditions across the globe.  Conversely, once Mn-oxides are developed they 
maintain their stability in both humid and arid climates. Extended preservation of Mn-
oxides in relation to the alunite-group minerals is favoured by long-term regional 





gathered from weathering profiles around the world have been published in a 
probability plot (Vasconcelos, 1999b) which illustrates that many alunite-jarosite ages 
are younger than 20 Ma, while the Mn-oxide ages have a wider age distribution that 
covers the Late Mesozoic. 
Reconnaissance K/Ar dates from alunite in Australian regolith (Bird et al., 1990a) 




Ar date (Vasconcelos, 1999a,b) verifies the K/Ar ages. From a pre-Jurassic 
regolith profile on Kangaroo Island two samples of alunite were collected but they 
generated ages of 6.2 and 12.0 Ma. This indicates that the alunite does not necessarily 
have a genetic relationship to the weathering profile in which it occurs. According to 
Bird et al. (1990a) the alunite is a late-stage weathering product present in Australian 
regolith profiles and it is a result of the continent-wide arid shift that took place during 
the Cainozoic. 
Dammer et al. (1996, 1999) Feng and Vasconcelos (2001) and Li and Vasconcelos 
(2002) have suggested that the creation of Mn-oxides in Australian weathering profiles 
is irregular. In Western Australia samples from two areas were taken and they suggest 
that K/Ar ages of monoxides increase with depth (Dammer, 1999); hence, a single 
episode of a downward-moving weathering front did not create these weathering 
profiles. Li and Vasconcelos (2002) determined the time required for weathering in a 





Ar age of 24.7-26.0 Ma, whereas, ages of the outer bands are as 
young as 14.9 Ma. It was concluded that precipitation of the Mn-oxide continued for 




Groote Eylandt is amongst the world’s major supergene manganese oxide deposits. The 
ages of these Mn-oxides demonstrate the presence of three main periods of weathering: 
a pre-Late Eocene episode (prior to 43.7±1.2 Ma), an Oligocene episode (around 30 
Ma), and a Miocene episode (18-6 Ma). These three episodes of intense chemical 
weathering occurred under humid climatic conditions, and throughout these episodes 
the original sedimentary manganese minerals (of Cretaceous age) were substituted by 
tetravalent Mn-oxides (Dammer et al., 1996). When the samples from supergene Mn 
deposits in Australia were considered thoroughly (Dammer et al., 1999) they verified a 
model of episodic build-up that is related to Cainozoic climatic variations. However, the 
ages for Mn-oxides in the central part of the Yilgarn Craton (36-20 Ma) are much older 
than those in coastal regions where they are as young as 1.4 Ma. This shows that the 
climate became too dry for Mn-oxides to develop in the regolith of the inland areas. 
A regular drop in ages from Mt Isa (70 to 0.6 Ma) to Mt Tabor (27.2 to 6.8 Ma), 
Charters Towers (17-0.6 Ma), and two coastal regions (15 to 0.2 Ma) was observed. Li 
and Vasconcelos (2002) provided an explanation that shows, by and large, an increase 
in erosion rates from west to east. These outcomes were collected from five regions in 
Queensland and they prove the occurrence of warm and wet conditions in this area 
during most of the Cainozoic period. 
It is very important to differentiate between transported and in situ regolith. So, 
fingerprinting zircon populations by SHRIMP U/Pb dating provides a method for this 
differentiation. When determining provenance SHRIMP dating of detrital zircons is 
very helpful. For example, Pell et al. (1997, 2001) and Gatehouse et al. (2001) 
established possible source areas for aeolian sand and dust deposits in south-eastern 
Australia. They also segregated the allochthonous and autochthonous grains, and to 
support their explanation they used mineralogy, geochemistry and particle size analyses 
of aeolian constituents present in the soil. 
Sircombe and Freeman (1999) and Cawood and Nemchin 2000) have shown that 
Archean-age zircon grains gained from the Yilgarn Craton are rare in modern beach 
deposits and sediments of the Perth Basin. The reason for this rareness may be ascribed 
to the fact that either Yilgarn Craton was an inappropriate source, or there were younger 





The first isotopic dating method used at the beginning of this century was the (U-
Th)/He method but it resulted in the loss of helium during the diffusion so the resulting 
ages were less than estimated. Some modern studies suggest that minerals like zircon, 
apatite, magnetite, pyrite and hematite quantitatively preserve radiogenic 
4
He (e.g. Bahr 
et al., 1994; Farley, 2000). Lippolt et al. (1995) maintained that concordant (U-Th)/He 
and K/Ar ages for co-occurring Pliocene specular hematite and adularia. Farley et al. 
(2002) dated zircon and apatite from the Pleistocene Rangitawa Tephra in New Zealand. 
After correcting the secular disequilibrium He also defined an age for eruption. This 
new age was same as the ages determined by other techniques. So considering the low 
temperature weathering processes in regolith this method is the most appropriate for 
dating similar minerals. 
The use of a thermo chronometer for (U-Th)/He dating apatite has been effective in 
south-eastern Australia. Persano et al. (2002) used this method to determine that 3-4 km 
of erosion took place beside the south coast of NSW within a maximum of 28 Ma of 
continental breakup at 85-100 Ma. Inland of the escarpment, apatite ages show that the 
plateau continued to be stable during the continental breakup, with average erosion rates 
of less than 10 m/Ma since the Late Paleozoic/Early Mesozoic. 








Ne in the atmosphere and 
lithosphere.  A build-up of these isotopes shows the duration of cosmic ray exposure in 
the upper 1-2 m of the Earth’s surface, modulated by surface erosion rates. Barrows et 




Cl on surface boulders to define the ages 
of Late Pleistocene glacial moraines in Tasmania and the Mt Kosciuszko area of NSW. 





Al to determine a long term erosion rate of less than 1 m/Ma from bedrock 
surfaces of granite domes on the Eyre Peninsula, South Australia. Heimsath et al. (2000, 
2001) presented soil production rates for southern NSW using cosmogenic 
10
Be in 
saprolite beneath soil profiles on granite parent material. Seemingly, soil production 
rates differed as an inverse exponential function of soil depth, with a maximum of over 
100 m/Ma at zero soil depth. Average denudation rates in the late Quaternary ranged 
from 15-25 m/Ma that were considerably higher than the rates expected over longer 




Bierman and Cafee (2002) used the information collected from Northern Territory sites 
to demonstrate that a high level of rainfall increases the bedrock erosion rates. This 
study deduced that the granite domes (inselbergs) are undoubtedly relict features of pre-
Pleistocene landscapes. Van der Wateren and Dunai (2001) took measurements of 
21
Ne 
in quartz veins and pebbles in the Namib Desert to find the surface exposure ages up to 
5 Ma and denudation rates as low as 0.1 m/Ma. Different sites in Australia that have old 
exposure ages and low denudation rates have been measured by 
10
Be through the 
application of cosmogenic 
21
Ne (Van der Wateren and Dunai, 2001). 
For almost half a century to date, deposits of Late Quaternary age have been 
successfully dated using the radiocarbon method. A full discussion of literature about 
radiocarbon dating of Australian regolith is not appropriate here. Radiocarbon dating 
accounts for the majority of numerical ages for regolith materials up to 50,000 years 
old. The quantity of 
14
C in the atmosphere keeps on changing, therefore a conversion of 
radiocarbon ages to calendar age utilizing calibration curves (e.g. Stuiver et al., 1998) 
from dated tree ring chronologies, is essential to compare the radiocarbon ages with 
numerical ages. All recent researches support this method for dating materials >40 Ka 
in age (e.g. Chappell et al., 1996; Bird et al., 1999; Santos et al., 2001), and for dating 
small (milligram) size samples using accelerator mass spectrometry (AMS). 
 
1.3.4 The age of the Australian regolith in southern and western Australia: previous 
studies 
1.3.4.1 South Australia 
A comprehensive analysis of the geochronology of weathering events in South Australia 
was provided by Milnes et al. (1985). Regolith profiles covered by Mesozoic sediments 
on the western margin of the Eromanga Basin (Wopfner et al., 1970) and covered by 
Jurassic basalt on Kangaroo Island (Twidale, 1983; Milnes et al., 1982; Daily et al., 
1974) are enough to prove that pre-mid Mesozoic weathering took place in those areas. 
Similarly, Cooper et al. (1982) analysed deep-weathered profiles on the Permo-
Carboniferous Coolgardie build-ups covered by Late Jurassic sediments of the Polda 
Formation on the Eyre Peninsula. 
Deep weathering took place in central South Australia on the Precambrian basement of 




Geological Survey of South Australia, 1993 and 1995; Shear, 2008). However, this 
weathering did not affect younger sedimentary sequences such as the Pidinga Formation 
(Middle-Late Eocene) so the deep weathering probably occurred during a Late 
Cretaceous/Early Cainozoic event that conceivably correlates with the Morney Profile 
in Queensland (Benbow, 1983). 
According to the studies by Wopfner (1974) and Ambrose and Flint (1981), weathering 
of the Cretaceous Bulldog Shale in the Billa Kalina area was pre-Miocene, and is 
ascribed to a Late Eocene-Oligocene age. Farther south Eocene sediments cover 
weathered basement rocks at many points in the Adelaide region. A pre-Early Cainozoic 
period of deep weathering has been suggested by Alley (1973) and Bourman (1973). 
Daily et al. (1974) and Twidale (1983) considered that the highest lateritised surface 
(the Spring Mount Surface of Bourman, 1973) is pre-Jurassic in age; this information is 
based on the observation of a pallid zone which formed and developed beneath the 
Jurassic Wisanger basalt on Kangaroo Island. Schmidt et al. (1976) suggested a mid-
Cainozoic palaeomagnetic age for the weathering under this basalt and correlated it with 
similar heightened weathering of sub-basaltic rocks in Victoria. However, the 
explanation given about the ages of laterite profiles formed in South Australia and on 
Kangaroo Island is divisive and needs more investigation. 
Bourman (1973) ascribed the development of the Spring Mount Surface on the Fleurieu 
Peninsula to a Mesozoic and early Cainozoic age based on geomorphic and stratigraphic 
evidence. This surface was known to be lateritised all through the Eocene and it was 
uplifted during the Oligocene-Miocene. The process of lateritisation may have been 
prolonged on the same surface during the Oligocene-Miocene, which may account for 
the great depth of weathering. The Green Hills Surface of Bourman (1973) might be as 
young as Pliocene and in places has a thin zone of kaolinitic weathering developed on 
it. This build-up indicates a base level at or close to present sea level. 
The eastern states of Australia have transported deposits of kaolinite that are of quite 
unusual nature. On the other hand, many authors like Gaskin and Sampson (1951) and 
Pain (1984) ascribed the creation of kaolinite deposits to deep weathering of a large 
variety of parent rocks in many parts of south-eastern South Australia. 
Alderman (1942) and Collier et al. (1983) maintained that rare deposits of kaolinite, 




metasediments near Williamstown. The clay is believed to have formed hydrothermally 
by kaolinisation of a pegmatite during deep weathering. 
 
1.3.4.2 Western Australia 
Relict regolith profiles are extensively developed on the tectonically stable Western 
Plateau where long sub-aerial exposure has permitted the widespread planation of shield 
rocks and sedimentary platform cover alike. On the Yilgarn Craton kaolinitic profiles 
are visible in ‘breakaways’ which have been caused by erosion through the ferruginous 
hard cap, whereas residual and transported kaolinite deposits, related to lateritisation, 
are present in abundance all around the southwest of the state (Knight, 1976). 
The lateritised surface has received attention from numerous authors (Mulcahy, 1960; 
Finkl and Churchward, 1973; Finkl, 1984; Butt, 1985; Anand and Gilkes, 1987; Anand 
et al., 1989, 1993, 2002; Anand and Butt, 1998, 2003, 2010; Anand, 2001; Anand and 
Paine, 2002; Atlhopheng, 2002); however, there is little geological control on the age at 
which the weathering occurred. Butt and Smith (1980) predicted a Late Mesozoic age 
by analogy with other areas in Australia. 
A thorough study in central Western Australia was performed by Butt (1985) which 
defined the kaolinised granites and silcretes in the Barr-Smith Range. The background 
of these profiles appeared to be multifarious and these profiles were formed during the 
Oligocene-Miocene under a climatic regime which oscillated from humid to arid. 
According to the findings of Twidale et al. (1985) the oldest landscape in the Hamersley 
region of northwest Western Australia belongs to the Late Mesozoic period. Schmidt 
and Embleton (1976) reviewed an occurrence of blanket remagnetisation and deduced 
that regolith on the Perth Basin resulted from lateritisation in the Late Oligocene-Early 
Miocene. Playford (1954) undertook a detailed study of the Western Australian laterites 
and proved that they did not form on a low-lying peneplain. Later McWhae et al. (1956) 
confirmed that an uplift occurred earlier than Quaternary times and dissection of the 
Darling plateaus facilitated lateritisation in the area, despite the fact that Prider (1966) 






1.4 Location of the study areas 
The study areas (Figure 1.9) encompass five main sub-regions corresponding to parts of 
three significant geological provinces. From east to west they exemplify parts of 
Adelaide Fold Belt (south-eastern and central parts of South Australia), Gawler Craton 
(northern part) and Yilgarn Craton (south of Kalgoorlie, plus some areas between 
Hyden and Norseman and a number of areas 60 km east of Perth). 
 
Figure 1.9: (A) Location of the south-western study areas (Western Australia). (B) 
Location of south-eastern and central study areas (South Australia); red circles 





1.5 General geology of the study areas 
A simplified geology of the study areas in southern Western Australia and southern 
South Australia is shown in Figure 1.10. 
 
Figure 1.10: Simplified geology of south-western Australia (red circles show the 
location of study areas). A derivative map produced from GIS databases held by 







1.5.1 South Australia 
The places used to collect samples for this study belong to two main geological 
provinces, the Gawler Craton and Adelaide Fold Belt, in South Australia (Figures 1.11 
and 1.12). 
 
The Gawler Craton covers almost half of the state but it is not well exposed. This 
Craton consists of an assorted association of crustal fragments, with different pasts, that 
are known to have accumulated over the ages. The Archaean to early Palaeoproterozoic 
Sleaford and Mulgathing complexes (2700-2400 Ma), make up the older basement in 
the western and north-western portions (Betts et al., 2003). The gneiss and granulite in 
the western and north-western Sleaford Orogen were derived from sediments and felsic 
to mafic igneous rocks (Betts et al., 2003). In the eastern Gawler Craton, the 
Palaeoproterozoic Hutchison Group (1900-1845 Ma) is composed of metamorphosed 
sediments, such as banded iron formation deposits in the Middleback Range, and 
dolomite containing zinc-lead-silver mineralization at Menninnie Dam; west of Whyalla 
(Geological Survey of South Australia, 1969). Other Palaeoproterozoic metamorphosed 
sedimentary and volcanic successions on Eyre and Yorke Peninsulas include the 
Broadview Schist and felsic Myola Volcanics (1790 Ma) and the Wallaroo Group 
(1760-1740 Ma; Geological Survey of South Australia, 1969). The Hutchison Group 
and other equivalent aged units in the southern Gawler Craton, were folded and 
metamorphosed during the Neil Event (1850 Ma) and Kimban Orogeny (1750-1700 
Ma; Vassallo and Wilson, 2001). The Mount Woods Complex in the Mount Woods 
Inlier near the centre of the craton is composed of gneiss derived from sediments like 
banded iron formation at the time of Kimban Orogeny (Vassallo and Wilson, 2001). 
The St Peter Suite of felsic igneous rocks intruded the central-western Gawler Craton at 
around 1620 Ma. These intrusions were related to felsic volcanic rocks (McLean and 
Betts, 2003). The Kararan Orogeny (1670-1540 Ma) in the western part of the craton 
produced metamorphism associated with the intrusion of mafic to felsic intrusive rocks 
like the Tunkillia Suite and equivalents (1690-1670 Ma). 
Spread over the surface of these deformed and altered cratonic rocks is a thick, 
extensive, felsic volcanic blanket of the Gawler Range Volcanics (1592 Ma) and flat-




Corunna Conglomerate and Blue Range Beds that are identical in age (Geological 
Survey of South Australia, 1995). The Hiltaba Suite felsic intrusive rocks (1585 Ma) are 
widespread on the Gawler Craton, particularly around the margins of the Gawler Range 
Volcanics. Localised warping and extensive hydrothermal alteration associated with the 
Hiltaba Suite includes the giant copper-gold-uranium deposit at Olympic Dam, the 
Tarcoola Goldfield and many other copper and gold prospects around the Gawler Range 
Volcanics (Zang and Hore, 2003). The most undeveloped segment of igneous activity 
on the Gawler Craton is characterized by the Spilsby Suite (1520 Ma) that extends to 
the Spencer Gulf. A subsiding area in the north-eastern part of the Gawler Craton, 
termed the Cariewerloo Basin established around 1420 Ma (Mesoproterozoic), 
comprises flat-lying terrestrial sandstone and minor siltstone and conglomerate that 
have been identified as the Pandurra Formation (Geological Survey of South Australia, 
1993). 
The Peake Metamorphics (1800Ma) in the Peake and Denison Inliers contain quartzite 
and metamorphosed volcanic rocks that are known to be an addition to the Gawler 
Craton along the boundaries of the Adelaide Fold Belt (Sheard, 2008). 
The Adelaide Fold Belt is an important Neoproterozoic (850-545 Ma) to Cambrian 
(545-515 Ma) basin containing a thick sequence of sedimentary rocks. These rocks are 
spread over a surface of intensely deformed Palaeoproterozoic to Mesoproterozoic 
basement (Cowley, 2007). Comparable, but thinner and incomplete sedimentary 
successions were deposited where subsidence was less distinct on the eastern Gawler 
Craton (Stuart Shelf), the middle Gawler Craton and Musgrave Block, and in the central 
Curnamona Province (Geological Survey of South Australia, 1969). All through the 
Neoproterozoic in the Adelaide Fold Belt sediments of the Warrina Supergroup 
(Callanna and Burra Groups) were deposited in rift basins associated with mafic 







Figure 1.11: Major geological provinces of South Australia. Red circles show the 
approximate location of study areas (from Geological Survey of South Australia, 






Figure 1.12: Geological provinces and basins of South Australia (after Cowley, 
2007). Red circles show the approximate location of study areas. 
 
1.5.2 Western Australia 
Figure 1.13 shows the Yilgarn Craton which covers an area of 656300 km
2
 in Western 
Australia and makes up the largest segments of Archean crust on Earth that is still in 
one piece (Geological Survey of Western Australia, 1975). The Craton is a planated, 
deeply weathered and regolith-dominated terrain underlain by Archaean granitoids and 




sedimentary rocks; Geological Survey of Western Australia, 1975). The landscape 
encompasses sand plains, plateaux, breakaways, colluvial and alluvial plains and minor 
bedrock exposures as isolated domes or inselbergs and north-northwest striking ridges 
also it is mostly low relief (Anand and Paine, 2002). According to Ollier et al. (1988) 
and Clarke (1994a, b), the opening up of a wide-ranging palaeo-drainage system into 
weathered Archaean bedrock was a result from the breakup of Gondwana in the 
Jurassic. The Yilgarn Craton houses many types of regolith like calcrete, laterite, 
silcrete, red-brown hardpan and young and old soils. All these types of regolith are a 
consequence of a long period of tectonic stability and a variety of climatic regimes 
(Ollier, 1978; Ollier et al., 1988). The wide-ranging palaeo-drainage systems include 
enormous playas and dunes as well as broad valleys that have been buried and clogged 
with sediment (Van de Graaf et al., 1981). 
 
Figure 1.13: South-eastern part of Yilgarn Craton (from Geoscience Australia, 





Figure 1.14: Terrane structure of the Yilgarn Craton (from Griffin et al., 2004). B: 
Barlee; G: Gindalbie; K: Kalgoorlie; Ku: Kurnalpi; L: Laverton; M: Murchison; 
N: Narryer; Nc: Narryer terrane affected by the Capricorn Orogeny; P: Pinjin; 
SW: southwest Yilgarn composite terrane; Y: Yellowdine. 
 
Most of the Craton formed between 3000 Ma and 2600 Ma, while gneissic terrains 
surpassed 3000 Ma (Myers, 1993). The Craton can be segmented into a number of 
terranes on the basis of pre-metamorphic lithological associations, geochronology and 
styles of tectonism and metamorphism (Griffin et al., 2004). The Yilgarn Craton is 





Figure 1.14 illustrates the location of the Barlee, Gindalbie, Kalgoorlie, Kurnalpi, 
Laverton, Murchison, Narryer, Pinjin, Yellowdine and southwestern composite terranes. 
It is believed that these terranes were subjected to very powerful tectonic, volcanic, 
plutonic and metamorphic movements from 2780 Ma to 2630 Ma (Geological Survey of 
Western Australia, 1975). This was an era of important plate-tectonic movements that 
fused many different crustal fragments, such as volcanic arcs, back-arc basins and micro 
continents, to create the Yilgarn Craton (Geological Survey of Western Australia, 
1975). 
The greenstones are regarded as ultramafic and mafic volcanic rocks that resulted from 
widespread submarine lava plains and volcanic centres of felsic and mafic volcanic 
rocks that are found in the Craton. The felsic volcanics, banded iron formations and 
greenstone elements make up the stratified rocks (Geological Survey of Western 
Australia, 1975). These stratified rocks look like formations that accumulated in broad 
basins during tectonic and volcanic quiescence. Extensive granitic intrusions found all 
over the Craton occurred between 2700 Ma and 2600 Ma (Myers, 1993). 
 
1.6 Project objectives 
This project focuses on a study of oxygen-isotope fractionation in iron oxides and clay 
minerals during regolith weathering in south-western Australia. It also investigates the 
validity of the ages for iron oxides and clay minerals in the weathering profiles. 
The aims of this thesis are to: 




O ages of “isolated” ferricretes, that do not have underlying 
pallid zones; 




O ‘age’ curve for ferricretes that have autonomous and 
independent palaeomagnetic ages; 
3) determine the formation ages of different types of ferricretes (transported and 
disaggregated, such as gibbers), using the age calibration curve; 
4) analyse the δ
18
O of clays (kaolinite) that underlie ferricretes within weathering 
profiles, and to compare these with the age calibration curve to determine 








O fractionation factors for 
hematite (α-Fe2O3) and goethite (FeOOH) which form the principle components 
of ferricretes. 
6) determine the bedrock origin of transported clays by considering the bulk 
chemistry of clay minerals developed on specific rock types; and 
7) investigate the degree of Al
3+
 substitution for Fe
3+
































Chapter Two: A review of oxygen and hydrogen stable-




Research studies on the stable isotopic systems present in clay minerals was started by 
Savin (1967) during his PhD studies. Hydrogen and oxygen isotopes were particularly 
targeted in this study (Savin and Epstein, 1970a, b). Clay minerals obtained from a 
variety of continental and oceanic places having Earth’s surface temperature were used 
to determine a general isotopic system for them. Further research on the same subject by 
Savin and Lee (1988) led to the establishment of stable isotope geochemistry of clay 
minerals which has many applications in the following areas; clay provenance, 
comparative detrital and authigenic origin studies, diagenetic processes, origin and 
evolution of crustal fluids, hydrothermal systems, hypogene and supergene origin 
studies, mineral-water interaction and palaeoclimatic studies. 
The implementation of these applications requires knowledge of fractionation factors 
for H and O isotopes present in clay-water systems (water presence implies the clay 
system has high water concentration and less salt concentration). Besides this, 
temperature and time at which the isotopic exchange halts should also be known. 
Isotopic concentration in the clay system alters when equilibrium or kinetic isotope 
fractionation with some other phase occurs. Temperature has been found to affect the 
isotope fractionation factors. Changes in the mineral chemical compositions are critical 
for hydrogen because it affects hydrogen and oxygen isotope fractionation factors, but 
this is generally considered as a secondary impact of high salinity and low temperature 
(Truesdell, 1974; Graham and Sheppard, 1980; Horita et al., 1993; Kakaiuchi, 1994). 
There are many factors that affect kinetic isotope effects, such as temperature, pressure, 
particle size, crystal form, mineral and fluid composition, solid to fluid ratio and time of 
exchange. 
Retention of primary isotopes in the minerals can help determine the geological process 
involved in their formation. Information about clay-water fractionation factors, rates and 




needed before making interpretations about the isotopic composition of clay minerals. 
The potential sites for H and O isotopic exchange generally requires tetrahedral O, OH 
lying in interlayer water and H in OH and interlayer conformation. 
In this chapter, in general, the stable isotope geochemistry of O and H in clay minerals 
is reviewed. The review starts with defining the stable isotopes and their standards, then 
progresses with fractionation factors and their application in δ
18
O and δD, and continues 
with focusing on oxygen and hydrogen isotopes in the water cycle, its kinetics of  
isotopic exchange and later isotopic equilibrium in clay-water systems. Then, it 
investigates the factors which affect the isotopic composition of clays in the natural 
environment. Finally, the relationship between climate and oxygen-isotope composition 
of clays, the preservation of clays in natural systems and the Australian and global 
research findings have been discussed.  
 
2.2 Stable isotopes and fractionation 
Generally, the number of electrons is equal to the number of protons in the neutral 
atomic state and many of the natural elements exhibit at least two isotopic 
configurations (number of neutrons differs whereas atomic number remains the same). 
Stability in isotopic configuration implies that an element is less likely to undergo 
radioactive decay. Isotopes generated as a result of radioactive decay process are termed 
radiogenic whereas those having non-radiogenic parents are called non-radiogenic or 
stable. 
Table 2.1 shows the abundance of stable isotopes of hydrogen and oxygen existing in 
nature. Variations in their abundance has been observed to occur in different phases, 
different chemical compositions and sometimes at different locations within the same 
chemical compound. It has been suggested that differences in physico-chemical 
processes confer variation in an isotope’s abundance and their physical and chemical 
characteristics also affect their availability in nature. Isotopic fractionation is the partial 
separation of a particular isotope from the parent compound. There are two types of 
fractionation: kinetic, dealing the rates of processes; and equilibrium processes which 






Delta notations are normally used to express the ratios of isotopes: 
δ= [(Rsample-Rstandard) / Rstandard ×1000 




O or D/H whereas 
Rstandard
 
represents the standard value of isotopic ratio. Standard Mean Ocean Water 
(SMOW) is the standardized measurement system for oxygen isotopic ratios (Craig, 
1961b). The SMOW scale has been redefined by the International Atomic Energy 
Agency (IAEA) and according to IAEA, representation of analytical data will be 
relative to V-SMOW or Vienna SMOW (Craig, 1961 a, b; Coplen, 1995). However, 
differences between the two scales are not considered in stable isotope ratios of 
pedogenic phases. 
Delta is usually represented by mil unit [per mil (‰)] or parts per thousand. Consider an 
example of δ
18





is 20 parts per thousand which is 2% greater than the value of V-SMOW. 
 
Table 2.1: Average relative abundances of the stable isotopes of hydrogen and 
oxygen (Savin and Hsieh, 1998) 













2.3 Defining the isotopic standards: application of δ
18 
O and δD to the regolith 
The natural environment faces the phenomenon of weathering in which rocks are 
converted to clay. Rock is composed of diverse combinations of elements and silicate 
containing rocks typically have ~ 45% oxygen bymass in their chemical composition. 
Variation in the relative enrichment of isotopes under observation is represented by 
delta (δ) notation. During the process of isotopic fractionation in different regions and 
phases, the ratio of isotopes differs and it is measured by delta notation. The average 




O in all terrestrial materials is 1:500 (Savin and Hsiesh, 
1998). The hindrances in isotopic measurement are overcome by implementing a delta 




Hydrogen and oxygen isotopic composition is determined by employing Vienna 
Standard Mean Ocean Water (V-SMOW) and standard materials are provided by IAEA 















O) standard] ×1000   (Equation 1) 
δ
18
O value is in parts per mil, a positive value implies a higher 
18
O concentration in the 
sample compared to the standard used, whereas a negative value indicates a lower 
concentration of 
18
O compared to the standard. 
Light element isotopes can easily be fractionated by physical processes such as during 
water evaporation; the natural lighter form of water is more likely to be converted into 
vapour phase and the heavier (enriched) deuterium and oxygen isotopes 
18
O will be left 
behind in the residual liquid which results in more positive δ values. In contrast, in the 
process of condensation lighter elements are gathered in the form of cloud mass 
whereas heavier isotopes are selectively separated from the sample as condensate and 
precipitation. 
Moving from equator to poles we see a latitudinal impact on the concentrations of D 
and 
18
O in H2O and thet are reported to be less abundant toward higher latitudes. 
Similar declination is observed in the rain water from coastal to inland areas, while it is 
generally regarded as coastal effect. Altitude changes face similar situations and lower 
elevations have lower concentrations of heavy isotopes of oxygen and hydrogen. 
Chemical activity and isotope exchange is measured by the alpha (α) factor which itself 
is a fractionation factor and is considered to be more significant than the equilibrium 
constant (Kequilb) of each reacting species. Consider a case in which the isotopes of the 
elements are arbitrarily distributed on the available positions in a compound, for 
example A and B, α = K
1/n
eq is then the relationship between the alpha factor and 
equilibrium constant of reactants. In this expression the “n” represents the number of 
atoms that have been exchanged with the considered isotopes. When the expression 
shows a single isotopic exchange reaction then the equilibrium constant will become 
equal to the fractionation factor, i.e. α. 
The ratio between two isotopes in a one chemical compound and the corresponding 
ratio for the same isotopes in another compound is referred as the fractionation factor 




To make it more comprehensible, we can consider an example of a reaction involving 
exchange between water and carbon monoxide molecules: 









O (isotopic exchange is highlighted). 










However, the fraction factor is nearly equal to one, as in the case of 
18
O exchange 
reaction in the calcite water system (1.028) at a temperature of 25°C. 
We can define the relationship between the alpha factor and delta by the following 
equation:  
αa-b = (1000+δa)/(1000+δb) ………Equation 2 
The fractionation factor is affected by the temperature in many mineral-mineral and 
mineral-water systems in a defined range. For example the fractionation of oxygen can 
be expressed in the following way:  
1000 ln αa-b = A/T
2
+ B   ……… Equation 3 
In the above expression, A and B are isotope constants for each element and the 
substances that are subjected to analysis are represented by a and b. T is the temperature 
expressed in degrees Kelvin. 
 
2.4 Fractionation factors 
Simple isotopic exchange experiments can help in the determination of fractionation 
factors of different minerals under ideal conditions. However the phases of the sample 
being studied can neither be created nor be destroyed. Equilibrium of the reaction is 
attained in both directions and insignificant surface fractionation effects are produced. 
Few laboratory studies have been successful with isotopic exchange reactions designed 
to mimic earth-surface temperatures and the exchange proportion is always less than 
100%. The exchange portion can be increased if the temperature of the reactant is 
maintained nearer to the stability limit of the clay under observation (i.e., high-
temperatures not typically encountered in regolith; O’Neil and Kharaka, 1976; Liu and 




obtained from synthesis experiments and each approach has its own limitations and 
uncertainties. 
Estimation of the equilibrium fractionation factor can be made by employing the 
extrapolating techniques which are either based on Northrop and Clayton models (1966) 
or on the models with assumptions that minerals can be re-equilibrated without change 
in the rest of the components (Liu and Epstein, 1984). Deviation in the value is 
observed when Northrop and Clayton models are employed in studies of clay minerals 
with an exchange value near to 75%. Equal exchange rates for each atom under 
consideration should occur to obtain desirable results when these methods of 
extrapolation are used. However this doesn’t apply in clay mineral systems or 
serpentine, as reported by Sheppard (1980). We can consider the example of kaolinite, 
which has hydrogen in the form of hydroxyl ions lying inside the octahedral sheet (see 
Figure 2.1). The hydroxyl groups in kaolinite molecules can be grouped into sets; the 
OH ions lying in the same layer representing one quarter of the total OH ions in the 
molecular structure of kaolinite  acting as non-bridging oxygen atoms of the tetrahedral 
sheet. The other set of hydroxyl groups is present on the outer layer and hydrogen atoms 
present in this layer have unequal exchange rates (Ledoux and White, 1963, 1964). It is 
also not essential that it exhibit similar isotopic properties and this fact makes the 
equilibrium fraction factor determination harder from incomplete exchange rate 
observations. 
 
Figure 2.1: A diagrammatic projection along the b-axis of the structure of kaolinite 





When the surface layer exchange exceeds the bulk mineral, differences in the 
fractionation factor between them become considerable (Hamza and Broecher, 1974; 
Stolper and Epstein, 1991; Matthews et al., 1994; Sheppard and Gilg, 1996). In the 
calcite-CO2 system when the exchange reaction was performed at 200
o
C, the 
fractionation factor for O isotopes between CO2 and the surface layer was observed to 
be 5 to 6% higher than the remaining bulk minerals (Hamza and Broecher, 1974). This 
is highly significant for the reactions that involve fine grains of reactant with clay 
minerals having an increased surface to volume ratio. It may also be observed in 
systems with reduced exchange rates (The clay samples for oxygen isotope study in this 
project have been separated and purified by settling analysis which represents a very 
fine grain size portion (~ 0.002 mm in diameter). 
In the synthesis experimentation, equilibrium cannot be attained because of rigorous 
kinetic isotope effects. Concordant fractionation reactions of water and feldspar were 
reported by O’Neil and Taylor (1967). They used simple exchange and synthesis 
experiments employing a cationic exchange mechanism. They conducted another study 
on muscovite synthesis from gels and for this again they employed cationic exchange 
reactions which produced the same concordant results (O’Neil and Taylor, 1969). 
With the assumption that the mineral and associated water are at equilibrium at a 
specific temperature, the isotopic composition of minerals was determined. This 
assumption is not applicable for the clay mineral system since clay minerals are 
produced in a variety of weathering environments that will be in equilibrium with the 
meteoric water. Dynamic geothermal systems may have clay that is not in equilibrium 
with the fluid and ambient temperature. 
In the mineral system, it is difficult to perform mechanical statistic (bond related 
parameters) computations for mineral fractionation factors and it’s limited due to the 
spectroscopic data quality and the estimations which are made to perform calculations 
(Kieffer, 1982; Clayton and Kieffer, 1991). Estimation of the oxygen isotope 
fractionation has also been performed for phyllosilicates and the results are obtained 
from the bond related computations. Calculations were made with the assumption that 
the sum of the different bond type fractions is the total fractionation of two phases 
(Savin and Lee, 1988). Bond type fractionation estimations are restricted to mineral 




employed for the confirmation of fractionation values as this approach is dependent on 
the methods mentioned above. 
 
2.5 Hydrogen and oxygen isotopes in the water cycle 
Water plays an important role in rock formation and all the biogeochemical reactions 
which take place in nature because of its importance asa solvent and ion-exchange 
medium. Water containing isotopic forms of oxygen and hydrogen will affect the crystal 
structure of many hydrated minerals compounds. Many research studies have employed 
stable isotopic conditions of a mineral to determine environmental conditions. Such 
studies were based on the isotopic fractionation phenomenon involving water, mineral 
and different organic phases, and it aimed to find out the environmental sedimentation 
conditions which resulted in the formation of sedimentary rocks. A series of chemical 
reactions with water under the same sedimentation formation conditions are involved in 
determining the post-depositional history of the sediments. 
Water molecule fractionations based on stable isotope composition occur as a result of 
liquid and vapour phase transitions during evaporation, condensation, precipitation, 
freezing processes and less with varying salt conditions. As the concentration of 
dissolved solids in the water changes, it is accompanied by the water molecule 













O and DH, in 
continental areas, atmospheric precipitation and oceanic water and they provide 
information regarding water transfer in the universal water cycle processes (Sheppard, 
1986). Today, water in precipitation,  rivers, land surface flows, and groundwater has an 
oxygen isotopic range of nearly 30‰ for δ
18
O which is in the range of 10 to 20% on the 
SMOW or V-SMOW scale (Rozanski et al., 1993; Clark and Fritz, 1997) whereas, the 
hydrogen isotopic range is 120‰ and the δD value lies in the range of 0 to -120‰. In 
contrast, water in the oceans has lesser range for oxygen isotopic composition and its 
abundance is dependent on the salt concentration which itself signifies the extent of 
evaporation (Epstein and Mayeda, 1953; Craig, 1961a, b). 
CaCO3 shells of the shallow water planktonic foraminifera obtained from modern ocean 
water are reported to contain approximately 2‰ δ
18
O (Imbrie et al., 1984). This 




value could be the variation in ice volumes and sea levels due to melting of glacial and 
interglacial ice (Shackleton and Kennett, 1975). Minerals having OH ions embedded in 
their crystal lattice put restrictions on the interpretation of the isotopic composition of 
continental water by making the isotopic exchange difficult because of stronger OH 
bound strength. One other reason is the exchange rate of O and H with external 
ambiance is high and thus the original record gets altered in this manner (this can 
happen through dissolution/recrystallisation, because ΔG for isotope exchange is 
extremely small ans insufficient to drive isotope exchange. 
The stable isotopic composition of water in atmosphere is enforced by two basic 




O fractionation of vapour and temperature affect the 
isotopic composition of meteoric precipitation. A positive correlation exists between the 
isotopes of hydrogen and oxygen in atmospheric precipitates, and continental and 
oceanic water (Friedman, 1953). Further research on the relationship between these two 
isotopes was performed by Craig (1961a) and Gordon (1965) and subsequently a 
meteoric water line was established and is shown in Figure 2.2. The data have been 
collected from the updated database. Craig (1961a, b) was the first who proposed the 
specific linear relationship between the two (see equation 4a) and later it was modified 
by Rozanski and co-workers (1993; see equation 4b).  
δD = 8 δ
18
O + 10‰          (4a) 
δD =7.96δ
18
O + 8.86‰       (4b) 
 
Figure 2.2: Global mean water line and changes in the isotopic composition of 




In equation 4a, the coefficient of the equation is equal to the equilibrium fractionation 
factors between liquid water and vapour, i.e. 8 for δ
18
O (Craig and Gordon, 1965). 
Figure 2.3 plots the (αD – 1)/(α18o – 1) values and for the temperature range of 0 to 
100
°
C. Atmospheric precipitation is less in the colder regions (Craig, 1961a) and this 
phenomenon was further explained by Dansgaard (1964). Figure 2.4 provides further 
explanation. 
 




O between liquid 





O of atmospheric precipitation as a function of temperature (from 





The MWL (Mean Water Line) is consistent and one explanation to its unique 
consistency is that water vapours in the atmosphere are produced by liquid phase water 
from a variety of locations such as ocean surfaces, continental water and the water 
released by flora through transpiration. All of these different sources have different 
temperatures due to latitudinal differences and the condensation occurs mainly in the 
lower latitude areas. Several studies have been conducted to demonstrate that the MWL 
generated by the Rayleigh distillation process represents a single stage. In the Rayleigh 
process, atmospheric water vapours having a specific isotopic composition are first 
condensed and then they are separated from the remaining vapour mixture. Liquid water 




O compared to the 
vapour state. This leads to the depletion during the condensation process and thus the 
HDO and H2
18
O water vapour production is reduced (Clark and Fritz, 1997). 
Consequently, the resultant rainfall will have a lower (lighter) isotopic composition. 
Continuous 
18
O depletion in the atmospheric water vapour originating from tropical 
oceans is indicated by the high negative δD and δ
18
O in the far northern and southern 
regions (Clark and Fritz, 1997). Further equations were derived to explain the Rayleigh 





liquid and vapour phases. The following expression explains the fractionation process 











 = α RV, 0 ƒ
 (α-1) 
(5) 
In the above expression, RL represents the condensing liquid isotopic ratio whereas the 
initial condensate ratio which is at equilibrium is indicated by RL, 0.  RV, 0, f   shows the 
water vapour left behind after the condensation process (1>f>0). α is the fractionation 
factor. Then the equation for δD and δ
18
O changes to the following expression: 





OL,0 + (α18O- 1) ln ƒ    (6b) 
Highly negative values for δDL and δ
18
OL are noticed when the vapour fraction value is 
reduced and this is due to the fact that α-1 is a positive number. This observation is in 
accordance with the trend of atmospheric precipitation in high northern and southern 




isotope concentration found in atmospheric precipitates from oceanic and continental 
stations located in the northern and southern hemispheres (see Figure 2.5; Rozanski et 
al., 1993). 
 
Figure 2.5: Multi-year averages of δ
18
O in atmospheric precipitation (on the V-
SMOW scale) at different latitudes, from the sampling network of the 
International Atomic Energy Agency, Vienna (Rozanski et al., 1993). 
 
During the last 450,000 years to 740,000 years significant differences in the isotopic 
concentrations of ice sheets have been observed (Petit et al., 1999; European Project for 
Ice Coring in Antarctica (EPICA), 2004; Barbante et al., 2010; Masson-Delmotte et al., 
2010; Stenni et al., 2010; Vallelonga et al., 2010; Wolff et al., 2010). The condensation 
model cannot demonstrate the whole data set of values based on the assumption that 
δ
18
O of initial condensate from atmospheric water vapour is -2.5‰ as observed at the 
equator today. Various oceanic surfaces, land surfaces and atmospheric clouds located 




places have different temperatures and they may contain both water droplets and ice 
crystals which cannot fall onto the ground instantly. The Rayleigh condensation model 
has been found to be effective to demonstrate the isotopic effects of meteoric 
precipitation in response to temperature transects related to altitude changes 
(Gonfiantini et al., 2001) in smaller regions such as Mount Cameroon (Fontes and 
Olivery, 1976) and Bolivia (Fontes et al., 1979). 
Usually areas situated above sea level and distant from the oceans have varied isotopic 
compositions of precipitation. Studies in both mountainous terrains and continental 
interiors have showed rayliegh-type effects on the isotope compositions of meteoric 
water (Coplen and Kendall, 2000; Bowen and Wilkinson, 2002). The Rayleigh 
fractionation model is applicable only to the systems with constant temperature and the 




; change in the atmospheric δ
18
O 
was found to be brought about by temperature alteration (see Figure 2.4). This value is 









) and the temperature range for this reaction was 1 to 30
°
C 
(see Figure 2.3). Increments in the δD and δ
18
O values have been observed when the 
water composition varied by a point on the MWL scale during evaporation (Figure 2.2). 
The δ
18
O value increases more rapidly than the δD values. This increment in the values 
produced a smaller slope of δD-δ
18
O which is less than 8 and it is formed at the right 
end of the MWL. Such observations have been seen with continental water samples, 
especially surface brines, which reveal the history of the water evaporation 
phenomenon. Gonfiantini (1986) empirically proved that this relationship exists due to 
two main factors; one is water molecules and two is the flux movement at water-air 
interface depending on ambient humidity and also on the isotopic composition of the 




O compared with HDO 
and H2O exists at the boundary layer of the air-water interface. 
Liquid water contains a higher content of H2
18
O because the isotopic mass (20) of this 
molecule is greater than the rest of the isotopic forms of water molecules (H2
16
O = 18, 




O is higher than that 
of the HDO and H2
16
O. According to a research study, the values of δ
18
O in continental 
and sea water were not in equilibrium with the ambient oxygen gas, whereas inside the 
laboratory, a catalyst is necessary to carry out the isotopic exchange reactions (Lerman 






C (Richet et al., 1977) showed that the oxygen gas contains more 
18
O 




Owater vapour = 
13.4‰). Isotopic fractionation between oxygen gases dissolved in seawater and the 
oxygen in the atmosphere occurred to a lesser extent and the dissolved oxygen was 
found to have high δ
18
O values (0.7‰) as reported by Kroopnick and Craig (1972) and 
Benson and Krause (1984). In contrast, δ
18
O values for atmospheric oxygen were found 
to be 23.5‰ measured on V-SMOW scale and the Dole Effect is the difference in values 
of atmospheric O2 δ
18
O values between atmosphere and ocean surface regions. Oxygen 
released by aquatic flora or land flora contains the isotopic signature of H2O which has 
already been split up during photosynthesis. On the other side, oxygen which is 
metabolically incorporated by fauna is enriched in 
16
O. This leads to some enrichment 
of 
18
O in the atmosphere (Bender, 1990; Bender et al. 1994; Hoffmann et al., 2004). 
 
2.6 Clay minerals and isotopic techniques 
During the isotopic studies of clays, compared with many other silicates, many 
problems have appeared which are related to the particle size, surface area, surface 
electric charge and the interlayers present inside the clay. The clay particle size ranges 
between 10
-3




(Newman, 1987; Nadeau 1987). Employing laser techniques for particle analysis needs 
one milligram to tens of milligrams for a single analysis (Sharp, 1990). Implementation 
of this technique helps in the measurement of bulk properties of billions of individual 
particles. Geometrical analysis of particles is quite difficult to perform. Whitney and 
Velde (1993) measured the particle size fraction of illite-smectite as less than 0.1 µm 
and its thickness was found to be around 1 nm. Average length and width was found to 
be 247 nm (ranging from 45 to 555 nm) and 139 nm (45 to 330 nm). Significant 
variation in the thickness, average particle size and aspect ratios (less than <2 µm) were 
found when compared with the mineralogical composition of samples collected from 
different geographical areas (Eberl and Srodon, 1998; Inoue et al., 1988; Eberl et al., 
1990; Gilg and Frei, 1994). A sample gathered from Silverton Caldera was measa red 
for particle size and crystal sizes were range of from 1.6 to 20 nm. Such differences in 
thickness arose due to the uncertainty in the quantitative kinetic data obtained from the 




Different mixtures of compounds can be present in clay samples such as detrital and 
authigenic components, particles from the different timelines [as the sample may have 
undergone Ostwald Ripening (an observed phenomenon in solid solutions or liquid sols 
that describes the change of an inhomogeneous structure over time), i.e., small crystals 
or sol particles dissolve, and redeposit onto larger crystals or sol particles (Baronnet, 
1982)] or there could be particles of different sizes. It is difficult to separate clay 
particles on the basis of their particle size at micrometre and sub-micrometre 
sizefractions. However, clay particle analysis can be performed by combining 
granulometry techniques in conjunction with petrographic analysis using SEM and 
TEM or alternatively by using some isotopic systems of measurement (K/A, Rb/Sr, 
Sm/Nd; Eberl et al., 1987, 1990; Clauer et al., 1990; Gilg and Frei, 1994). 
Separation of  clays according to their particle size is extremely difficult. However, on a 
chemical basis, separation of compounds like oxides, hydroxides, carbonates other 
phyllosilicates or organic matter is important and for this purpose many different 
methods have been established and they are normally applied as a pre-treatment for 
analysing the stable isotope composition of a particular phase. Table 2.2 demonstrates 
the method details. Hydrogen isotope analysis can be hindered by the presence of 
organic compounds as it is present in higher amounts in all the organic compounds and 
smaller fractions can be missed either due to absorption on surface or edges of interlayer 
spaces. Another problem is that it is undetectable by most of the mineral identification 
techniques. Lastly, the organic matter can participate with its own D/H ratio in the 
isotopic analysis and besides this it can also offer resistance to traditional cleaning 
treatments (Farmer and Mitchell, 1963; Jackson 1979). Organic hydrogen can be 
removed by employing step heating techniques at a temperature of 250 to 350
°
C (the 
amount of carbon evolved among the steps needs to be monitored). Elimination of 
hydroxyl hydrogen takes place at a temperature greater than 400
°
C. The liberated 
hydrogen concentration is measured in its molecular form. It is measured when minerals 
are subjected to a temperature of 120 or 200
°
C. This also eliminates the sorbed water. 
Previously, they were presented as H2O
+
 and this has found to be liberated in the form 
of either hydrogen gas or methane gas. Due to this reason augmented H2O
+ 
values may 





Table 2.2: Pre-treatment and isolation methods in isotope studies on clays 
(Sheppard and Gilg, 1996) 
Removal of organic matter 
30% H2O2, 25-100°C 
5% NaOCl solution, pH 9.5, 25-100°C 




Jackson, 1979; Yeh, 1980 
Anderson, 1963; Bird et al., 1992 
Mitchell and Smith, 1974 
Taïeb, 1990; Hogg et al., 1993 
Gilg, Sheppard and Kahr 
(unpublished data) 
Removal of amorphous silica and gibbsite 
5% Na2CO3, boiling 15 min. 
 
Jackson, 1979; Bird et al., 1992 
Removal of calcite 
2M NaOAc-HOAc, pH 4.8 
HCl, pH 4.5 
 
Jackson, 1979; Yeh, 1980 




Jackson, 1979; Yeh, 1980 
Removal of chlorite 
10% HCl, 80°C, 1 h + 3% Na2CO3 
 
Longstaffe, 1986; Ayalon and 
Longstaffe, 1988 
Removal of kaolinite 
Heating to 550°C, 2 h + 0.5N NaOH, 4 h 
 
Hashimoto and Jackson, 1960 
Removal of mica 
Fusion with Na2S2O7 + HCl + NaOH 
 
Syers et al., 1968 
Removal of feldspars 
H2SiF6 
 
Syers et al., 1968 
 
Expandable clay such assmectite have surfaces with one or multiple layers of adsorbed 
water. It has been reported that interlayer water can exchange with the atmospheric 
water within hours (Moum and Rosenqvist, 1958; Savin and Epstein, 1970a). This 
makes it necessary that both forms of water (interlayer and structural) must be kept 




 ions. This isotopic exchange can be 
prevented by pre-heating the sample at a temperature of 200
°




1996). Doing so will help remove all the interlayer water with no measureable  isotopic 
exchange and then reliable isotopic data about the crystalline composition of the sample 
can be measured (Savin and Esptein, 1970a). But complete elimination of interlayer 
water and OH with no isotopic exchange is impossible (Lawrence and Taylor, 1971; 
Newman, 1987; Cuadros et al., 1994). Therefore, completely precise data or 
interpretations of H and O isotopes in clay systems is below the actual value of the 
crystalline material. Isotopic exchange between interlayer and OH groups has been 
reported during a study on halloysite (Lawrence and Taylor, 1971). Thus interpretation 
based on data collected in this way would be unreliable and equivocal for environmental 
interpretation. One reason for such an observation is hydrogen bonding between the OH 
of interlayer water and the OH present on the surface of halloysite (Giese, 1988). The 
smectite structure contains water held in its tetrahedral sheet and the OH groups are not 
in contact with it. There exist many different types of halloysite which are dehydrated, 
such as metahalloysite. The water reconstitution in the halloysite is irreversible, unlike 
smectite. It is hard to evaluate the data provided for analysed halloysite because it does 




A). Data obtained from the weathering 
environments studied herein (Figure 2.6) implies that the mentioned problem is not a 
critical issue because halloysite is not present among the studied samples. 
 
2.7 Hydrogen and oxygen fractionation in clay minerals and water 
Clay includes phyllosilicate minerals which contain layered aluminium silicate in its 
structure. Its structure can be organized in its native form at an extended range of 
temperatures under hydrothermal and sedimentary conditions. Clays which are mostly 
present in sedimentary conditions are kaolinite, illite-smectite and some chlorite groups 





           
 
Figure 2.6: A plot of δD vs. δ
18
O for kaolinites (k), dickites (d), nacrites (n) and 
halloysites (h) from weathering and hydrothermal environments (from Sheppard 
and Gilg, 1996). 
 
Table 2.3 shows the chemical composition, water content and other hydrated mineral 
contents in different types of clays. Sediment is composed of 30% clay and clay is also 
present as important mineral constituents of shales. Production of clay entails 
dissolution and chemical changes in the minerals from which it is derived, such as 
feldspar, micas, biotites and some other silicates that hold metallic ions in their 
structure. Kaolinite is made of aluminosilicate (Al2Si2O5 (OH)4). Other clays such as 
illite and illite-smectite have different stoichiometric proportions of elements such as K, 
Al, Si, Na and Ca. One example of such case is K0.2Na0.2Ca0.1Al2.19Si3.7O10(OH)2. 





fractionation and a number of studies have been conducted using different clays at a 
variety of temperatures ranging from Earth surface temperatures to 150 to 200
o
C in 
hydrothermal conditions (Savin and Lee, 1988). δ
18
O values for clay mineral systems, 
such as kaolinite, illite and smectite, fall in the range of 14‰ to 28‰ whereas δD 
values range from -13‰ to 4‰ (SMOW scale). When lines for δ
18
O and δD were 
plotted against the MWL with a slope of 8, a parallel relationship was observed between 
them (see Figure 2.2) but they exhibit different intercepts. Similar trends of δ
18
O and δD 





Table 2.3: Stoichiometric composition and H2O content of some common hydrated 
minerals, including the clays kaolinite, illite, nontronite, and chlorite (Deer et al.,  
1962a, b, in Lerman and Clauer, 2010). 
 
2.7.1 Illite and kaolinite reactions with water 
Illite and kaolinite water interactions were studied and an empirical relationship 
between δ
18
O and δD was determined (see Table 2.4). Their relationship with respect to 
the MWL is depicted in Figure 2.7. From the fractionation studies, depletion in the D 
isotope was found among them, however they were found to be enriched in 
18
O. Smaller 
slopes were observed for Appalachian and Michigan Basin water when compared to the 
MWL. This reveals the history of subsurface water that has undergone evaporation 
process. Cambrian-Ordovician sediments contained clays of a secondary nature as 




Ar ages (Ziegler and Longstaffe, 2000). Careful 
interpretation of O and H isotopes present in the clay should be made as they signify the 
conditions (temperature and water composition) in which clay was produced. The 
isotopic composition of water is reflected by the fractionation equilibrium in cases 
where the mass ratio of water in clay exceeds that of the OH group in the clay and 
provided no diagenetic alterations have occurred during the time. When there is a high 
Mineral Idealised chemical composition Formula  
H2O (wt. %) 
 Stoichiometric As oxides  
Gibbsite Al(OH)3 Al2O3.3H2O 34.6 
Boehmite AlOOH 0.5(Al2O3.H2O) 15.0 
Goethite FeOOH 0.5(Fe2O3.H2O) 10.1 
Kaolinite Al2Si2O5(OH)4 Al2O3.2SiO2.2H2O 14.0 








Talc Mg3Si4O10(OH)2 3MgO.4SiO2.H2O 4.8 
Serpentine Mg3Si2O5(OH)4 3MgO.2SiO2.2H2O 13.0 
Chlorite Mg5Al2 Si3O10(OH)8 5MgO.Al2O3.3SiO2.4H2O 13.0 










water to rock mass ratio, it results in the formation of porous products such as 
sandstones or in some cases hydrothermal conditions are developed when water moves 






O fractionation factors in some mineral-water exchange reactions 

















































































































Figure 2.7: The Meteoric Water Line (MWL) and subsurface water trends in the 
Michigan and Appalachian Basins. Isotopic composition of Palaeozoic illite 
(triangles) and kaolinite (squares) from the Ottawa Embayment of the 
Appalachian Basin (from Ziegler and Longstaffe, 2000) 
 
2.7.2 Other clay-water reactions 
Warmer climates were signified by higher δD values in the Cretaceous and Cainozoic 
when studies were conducted on large suites of Palaeozoic, Cretaceous and Cainozoic 
kaolinite in the U.S (Lawrence and Rashkes-Meaux, 1993). Similar observations were 
obtained from extended Australian stratigraphical periods which show increments of 
warmer climate more prevalent toward low latitudes during the Mesozoic and Cainozoic 
periods. A correlation between H and O isotopic compositions contained in clay 
minerals and meteoric water was identified by Savin and Epstein (1970a, b) and 
Lawrence and Taylor (1971). They also reported the isotopic signature of these minerals 
is retained through erosion, transportation deposition cycles. Studies on soil profile 






throughout the soil profile (Clauer and Chaudhuri, 1995). Oxygen isotopic composition 
in the surrounding fluid in the study area was also found to differ all through the soil 
profile. This implies that there were fewer chances that an increased water to mineral 
ratio existed during the kaolinite crystal production and it can be controlled by the 
microenvironment (Clauer and Chaudhuri, 1995). 
Further research showed that kaolinite obtained from a 20 m thick laterite profile in the 
Central Amazon Basin in Brazil underwent progressive δ
18
O evolution when subjected 
to altered microenvironments (Giral-Kacmarci  k et al., 1998). Fine kaolinite particles are 
generated as a result of weathering and thus the continuous record of crystallization is 
not maintained within the soil profile. Therefore, δ
18
O values for kaolinite reflect 
climatic changes that may have occurred during the weathering process (Giral-
Kacmarci  k et al., 1998). On the other hand, δD values reflect temperature changes 
during the clay formation. This fact was reported by Girard et al. (2000) while 
analysing the isotopic composition of kaolinite and goethite clays in a laterite profile in 
Yaou, French Guiana. The observations from these studies showed that the isotopic 
composition is in equilibrium with the ambient water and right after crystallization no 
isotopic exchange took place. Changes in the 20 m deep profile reflects the climatic 
differences in past equatorial to the recent tropical climate. Isotopic composition of the 
clay minerals from continental weathering environments may be different from marine 
anthigenic clays (Savin and Esptein, 1970b). 
Water exists in three different forms inside the clay minerals and among them the first is 
the water adsorbed on particle surfaces. The other two are water held between the 
interlayers and mineral crystal-bound water. Isotopic exchange with the surrounding 
meteoric water occurs  in interlayer and adsorbed water. Water that is crystal bound as 
OH groups does not undergo isotopic exchange and its isotopic composition affected by 
the ambient temperature of crystal lattice and chemistry of clay mineral. Studies have 
shown that insignificant isotopic exchange takes place between water held in illite or 
kaolinite crystal structure and surrounding water and it requires millions of years at 
100
°
C or temperatures lower than this value. But the exchange can be expedited if the 
temperature is raised to 300
°
C (James and Baker, 1976; O’Neil and Kharaka, 1976). 
In contrast, different results have been observed for hydrogen isotopic exchange 




rapidly even at lower temperatures like 60
°
C. It was proposed that hydrogen exchanges 
takes place via proton exchange mechanism which are not affected by oxygen isotope 
exchange (O’Neil and Kharaka, 1976). Smectite exchanges its hydrogen isotope with 
the surrounding water relatively faster than illite and kaolinite. Empirical data shows 
that oxygen isotopic exchange between water held inside a mineral crystal structure and 
the surrounding water is particularly prevalent during diagenetic burial. Growth history 
of illite and kaolinite is revealed by oxygen held in their crystal structures and it reflects 
the composition of surrounding fluids and the environmental temperatures during the 
formation of the minerals. 
The research discussed above helps to establish components of palaeo-hydrologic 
settings in the sedimentary basins through isotopic analysis of minerals. Diagenetic 
minerals in the Upper Cretaceous basal Belly River Sandstone in Alberta were analysed 
by Ayalon and Longstaffe (1988) and they reported its oxygen isotopic composition. 
They also reconstructed alterations in the pore-water isotopic composition in response 
to temperature changes. From the whole precipitation history we can conclude that first 
chlorites were formed and subsequently other minerals such as kaolinite, smectite, illite 
and mixed-layer smectite-illite were formed. Feldspar dissolution followed and it took 
place during subsequent stages of burial diagenesis. In the initial stage when chlorite 
was produced, simultaneous calcite growth also increased and it continued until  
precipitation of other clay minerals commenced in the system. Quartz formation 
increased after chlorite formation but before the formation of kaolinite, smectite, illite 
and illite-smectite. Limiting the burial temperatures (90 to 120°C) on the basis of 
complementary information showed a decrease in the oxygen isotope value δ
18
O (0‰ to 
-10‰). Clay minerals and pore fluids collected from the Lower Cretaceous Viking 
Formation in the Western Canadian Basin and the evolutionary pathway for their δ
18
O 
values were established in the same manner (Longstaffe and Ayalon, 1987). Further 
research was conducted and published by Girard et al. (1989), Glasmann et al. (1989), 
Fallick et al. (1993), Robinson et al. (1993), Girard and Barnes (1995), Kotzer and 
Kyser (1995), Clauer et al. (1999) and Zwingmann et al. (1999). Correlation between 
oxygen isotope composition and K-Ar isotopic age was demonstrated by Clauer et al 
(1995) and Clauer et al (1997) for samples collected from the Upper Triassic illite-type 
clay from the sandstone in the Central Paris Basin. The age of illite-type fractions has a 






O isotopes whereas  δ
18
O values range from 13‰ to 19‰  for samples 
with K-Ar ages ranging from 190 to 145 Ma (Figure 2.9). 
Figure 2.9 depicts another line that represents correlation of illite-type material which 
was collected from a core. A cross-plater of δ
18
O vs. time in Figure 2.9 shows the 
deviation of δ
18
O values which were considerably higher than the rest of the particles 
gathered from tectonically disturbed sandstone. A decreased formation temperature is 
required for younger illite particles to have a constant water/mineral ratio. A high water 
to mineral ratio is required for clay minerals that developed at temperatures similar to 
the surrounding tectonically undisturbed sandstones. 
Fundamental particles exhibiting illite properties were obtained from the illite-smectite 
layer of bentonite units from East-Slovak Basin sediments. It was suggested that their 
δ
18
O  values reflect conditions of burial-induced diagenesis (Clauer et al., 2003). These 
particles were termed illite-type fundamental particles as they were easily separated out 
by ultracentrifugation techniques on the basis of their fine crystal/particle size. The 
particle thickness was around 1 to 3 nm (Nadeau et al., 1984). However, the δ
18
O value 
changed when the particle sizes increased, e.g. it changed from 17 - 18.5‰ to 9.6 - 12‰ 
when the particle size was increased (Clauer et al. 1996). Because the permeability and 
porosity of bentonite units are known to be rather low, the water/rock ratio is expected 
to stay constant during crystal growth so that the shift in δ
18
O values of the fundamental 
particles may mainly reflect changes in the crystallization temperature. Results 
mentioned above imply that a decrease in temperature leads to illite crystallization and 










   
Figure 2.8: Model-based evolution                            Figure 2.9: Relationship of K-Ar 
of the δ
18
O of pore fluids and the                               data and δ
18
O values of < 0.4μm 
paragenesis of diagenetic minerals           mixed-layer illite-smectite in 
in the basal Belly River Sandstone,            Triassic sandstones from the 
Alberta (Ayalon and Longstaffe, 1988)         Paris Basin (Clauer et al., 1995) 
 
Lower δD values were observed for illite and chlorite (-90‰ and -170‰) produced at 
K-Ar ages < 750 Ma in rocks having > 1000 ppm U. In the case of barren rocks which 
had less than 500 ppm U, the range of δD values was found to be -48‰ to -79‰. An 
exception was a chlorite δD value near -85‰ with a K-Ar age for illite of 1228 to 1322 
Ma. Water held inside the U-rich illite structure was around 7.2 wt. %; higher than 
typical illite values of 4.6 to 5.1 wt. % obtained from the barren zone. Different 
researchers illustrated this relationship after analysing their results following a 
radiation-catalysed retrograde reaction which took place at decreased temperature in the 
presence of post-Cretaceous meteoric water. From these studies it was discovered that 
illite is not affected by radiation and, therefore, it can be a significant tool for 
identifying the isotopic history. 
 
2.8 Kinetics of isotopic exchange in clay minerals 
Through a well designed experiment, quantitative isotopic data of any clay-mineral 
system can be gathered (Cole and Ohmoto, 1986). Limited data are available for clay 
systems at temperatures which are less than 100
°
C. One possible explanation for this 




this also goes for hydrogen as its isotopic exchange is also reduced at lower 
temperatures. Empirical studies have been conducted to obtain reaction kinetics, i.e. 
reaction mechanisms and rates of exchange. 
Exchange rates for isotopes of clay minerals were studied by specially designed 
experiments in which < 44 µm clay minerals such as kaolinite, illite and 
montmorillonite (stating that 30% of kaolinite, 60% of montmorillonite and 10% of 
illite was < 2 μm) were mixed with 0.04 N (stands for normality) NaCl solution. The 




C for a couple of years (O’Neil 
and Kharaka, 1976). Exchange of oxygen (0 to 19%) was less than for hydrogen (5 to 
80%) at this temperature where the minerals were stable. 
In most of the studies the hydrogen isotope was found to have a higher exchange rate 
compared with the oxygen isotope. A proton exchange mechanism was suggested by 
O’Neil and Kharaka (1976) and similar implications were provided from studies 
conducted on micas at increased temperature (Suzuoki and Epstein, 1976; Fortier and 
Giletti, 1991). In subsequent studies, isotopic exchange was modeled by volume 
diffusion processes. A coefficient for oxygen diffusion perpendicular to layers was 
found to be three or four times the magnitude less) than the one for transport parallel to 
the layers (Fortier and Giletti, 1991). Similar observations were modelled for hydrogen 
transport parallel to the layers (Graham, 1981). 
Activation energies were computed for hydrogen and oxygen by employing an infinite 
cylinder model and they were found to be 30 Kcal/mol for hydrogen and 35 to 40 
Kcal/mol for oxygen. Diffusion constants were also calculated from the O’Neil and 
Kharaka (1976) findings, which were based on the assumption that diffusion is the 
principle mechanism of exchange (Cole and Ohmoto, 1986). Activation energies 
observed were similar to silicate sheet surface controlled reactions, cationic exchange or 
recrystallisation reactions but it was less than those of micas. However, the exact 
exchange mechanism for this reaction is still not known. Higher diffusivities are 
obtained for hydrogen when the Arrhenius relationship is constant and extrapolation 
techniques for ambient temperature were employed (log Dkaolinite = -18.58 cm
2
/s, log 
Dillite = -17.12 cm
2
/s). These results showed that a clay particle of size 2 µm has an 
exchange rate of 95% for D/H with  a temperature of 25
°
C in a period of 220, 20 and 6 




size has a great impact on the diffusion coefficients. Consider an example of illite of 
particle size 17 µm with diffusion coefficient log D value -15.84 cm
2
/s at a 200
°
C 
(O’Neil and Kharaka, 1976). Kinetic data, when analysed with statistical regression via 
an Arrhenius plot, has large uncertainties in the extrapolation to lower temperatures. 
These uncertainties are important in the interpretation of results. To illustrate this, 
consider the example of illite and its 95% confidence interval (Figure 2.10) for a 
diffusion coefficient at 0
°
C which spans three orders of magnitude. Precise estimates of 
diffusion rates at low temperatures cannot be obtained from extrapolation of high 
temperature isotopic exchange measurements. While for montmorillonite high 
diffusivity isestimated for oxygen compared to hydrogen on extrapolating Cole and 
Ohmott’s regression data down to 25
°
C (Kyser and Kerrich, 1991). More empirical 
studies are needed for to direct future model kinetic data for more precise computations 
of isotopic exchange in clay minerals at low temperatures. 
 
2.9 Isotopic equilibrium in clay-water systems 
Attainment of isotopic equilibrium in the clay-water systems cannot be identified 
accurately at low temperature from the magnitude of the isotopic fractionation of clay 
minerals and water independent of natural compositions of the samples. From the 
consistencies calculated for isotopic fractionation between clay minerals and water in 

























Figure 2.10: Arrhenius plot of hydrogen diffusivity for illite, based on the data of 
O’Neil and Kharaka (1976) and assuming a particle diameter of 2 μm (Sheppard 
and Gilg, 1996). 
 
Meteoric water surrounds the entire sub-aerial weathering environment but there are 
chances of its isotopic composition being modified in the soil profiles as has already 
been discussed in the previous sections. But there are few exceptions to the meteoric 
solution prevalent in some distinct zones such as coastal areas where sea water is hardly 
involved in any hydrothermal activity. δD and δ
18
O values obtained from meteoric 
water are related to each other and the clay suite is formed in isotopic equilibrium with 
meteoric water of different origins similar temperature. The equation for this 
relationship (Savin and Epstein, 1970a) is: 
δD =A δ
18




clay-water] ≈ 8. 




clay-water] - 6990 × α 
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Slope determination can be performed by identifying hydrogen and oxygen 
fractionation factors. The obtained slope would be similar to the MWL and intercepts 
for the slope can be calculated from the stable isotope fractionation factors. 
Kaolinite stable isotope compositions from samples developed in weathering and 
hydrothermal environments has been studied widely [Sheppard, 1977; Savin and 
Epstein, 1970a; Lawrence and Taylor, 1971 and 1972; Hassanipak and Eslinger, 1985; 
Bird, 1988; Bird and Chivas, 1989 and Lawrence and Raskes-Meaux, 1993]. They 
employed a variety of techniques to conduct their analyses and the results obtained from 
those studies were compiled in the form of a graph (Figure 2.6) where δD and δ
18
O 
values were plotted on it. The slope of kaolinite from surface weathering is almost 
parallel to the MWL and its consistency with meteoric water isotopic equilibrium was 
also observed. Point scattering around the trend of kaolinite δD vs. δ
18
O values reflects 
temperature differences during crystallization or formation in the presence of moisture 
that undergone isotopic composition modification. 
 
2.10 Factors affecting the isotopic composition of clays in the natural environment 
There are many factors which affect the natural isotopic composition of clays, such as 
the ambient water isotopic composition when the clay mineral is formed, the 
environmental temperature of formation, the magnitude of the fractionation factor of 
clay at temperature of formation when it is formed in isotopic equilibrium with its 
ambient conditions, and the retention of the original isotopic composition. If the original 
isotopic composition is not retained, the environmental conditions at the time of initial 
clay formation are considered along with the extent of equilibrium with the conditions 
responsible for subsequent alteration. These factors are discussed in detail in the 
subsequent sections. 
 
2.10.1 Isotopic composition of surface and near surface water 
2.10.1.1 Relationship between δ
18
O of precipitation and temperature 
Variation in the precipitation δ
18
O values may occur under different ambient conditions 
generally, precipitation δ
18
O values up to several per mil on annual basis. It has been 






O values and where there is a high temperature it will result in high δ
18
O values 
(Dansgaard, 1964; Yurtsever and Gat, 1981; Rozanski et al., 1993). Usually the normal 
mean temperature is employed to estimate mean precipitation δ
18
O values. Scattering of 
points around the mean annual temperature is shown in Figure 2.11. 
Rayleigh fractionation is likely responsible for the relationship observed between mean 
annual temperature and precipitation δ
18
O which also implies isothermal condensation 
from water vapour and isotopic equilibrium. Rainfall is rapidly condensed and separated 
from the airmass  to avoid its contact with water vapour as it is highly rich in the 
18
O 
content comparing to that of water vapour. Residual vapour δ
18
O values decrease as 
fractionations of H2O are lost via precipitation. Thus the liquid formed as a result of 
precipitation has a remarkably different δ
18
O values than the previous.. Modification of 
this model to make it applicable for real phenomenon includes temperature variation 
during the precipitation process. Additionally, the liquid fraction may back-exchange 
with vapour remaining in the airmass. 
 
 
Figure 2.11: The δ
18
O value of mean annual precipitation plotted against mean 
annual air temperature for a globally distributed network of sampling sites under 
the auspices of the International Atomic Energy Agency (Savin and Hsieh, 1998). 
 
Decreasing  precipitation δ
18
O values is expected when the initial water vapour of an air 




will undergo toward more negative δ
18
O values  when the ambient temperature 
decreases or alternatively when there is a large difference between evaporation and 
precipitation temperature exists. Considering all the situations,  altitudinal and 




2.10.1.2 Relationship between δ
18





O and D/H ratios of meteoric waters (precipitation and precipitation-derived 
surface water) sampled globally are related by the expression: 
δD= 8δ
18
O + 10 
The above expression was derived by Friedman (1953), Craig (1961a), Dansgaard 
(1964) and Epstein et al. (1965). The meteoric water line illustrates this relationship 
(see Figure 2.2). Regional trends for precipitation water differ from this global 
relationship only slightly whereas surface water that undergoes intense evaporation 
typically plot on the right side of the meteoric water line. This suggests the prevalence 
of a non-equilibrium state in isotopic fractionation reactants and it occurred during 
evaporation at low humidity. Also the δD and δ
18
O values of waters that plot away from 
the meteoric water line may reflect isotopic exchange with crustal rocks (Craig, 1963; 
Clayton et al., 1966; Hitchon and Friedman, 1969). Generally, rocks have higher 
oxygen content than hydrogen and thus more isotopic exchange of oxygen may occur 




2.11 Relationship between climate and oxygen-isotope composition of clays 
Two factors are of primary importance in determining the δ
18
O value of pedogenic 
clays: the temperature of formation and the δ
18
O value of the water in the environment 
of formation. δ
18
O values of meteoric water generally decrease with climatic cooling. 
This, by itself should be reflected in the lower δ
18
O values of pedogenic clays formed in 
cooler climates (see sections 2.4, 2.7 and 2.10). However, the magnitude of the oxygen 
isotope fractionation factor increases with decreasing temperature. Therefore, if two 
clays are formed from the same meteoric water but at different temperatures, the one 






A higher degree of variation was seen in δD values for kaolinite on changing 
temperature and the variation was found to be even higher than δ
18
O values (Figure 
2.12). But the apparent impact on the kaolinite isotopic signature was found by 
considering climatic effects after merging the δ
18
O and δD values (consider Figure 
2.13). Furthermore, the calculated isotopic compositions of the kaolinites are distributed 
in bands, those for lower temperatures lying in the higher δ
18
O and lower δD direction 
than those of kaolinites formed at higher temperatures. 
The collective isotopic composition of O and H isotopes in the samples obtained from 
ambient pedogenic conditions produce more informative data compared with a single 
isotopic study of δD or δ
18
O values because of the close relationship of δD and δ
18
O to 
the formation temperature on the one hand, and the sensitivity of δD to change with 
climatic temperature variations in the affected meteoric water on the other hand. 
 
Figure 2.12: Calculated δD values of kaolinite in equilibrium with the mean annual 
temperature at each of the globally distributed IAEA stations for which isotopic 







Figure 2.13: A plot of the δD versus δ
18
O values of kaolinite calculated to be in 
equilibrium with the mean annual precipitation at each of the globally distributed 
IAEA stations for which isotopic and temperature data were given by Rozanski et 
al. (1993) and Savin and Hsieh (1998). 
 
2.12 Preservation of clays in natural systems 
Contradictory evidence is found in natural systems for the degree of isotopic exchange 
in clay minerals. In the initial studies, this contradictory evidence was focused and 
further research was conducted to resolve this problem (Savin and Esptein, 1970a, b; 
Sheppard et al., 1969; Lawrence and Taylor, 1971-1972; Sheppard, 1977). Findings 
from all the studies led to the suggestion that most of the clay minerals such as 
kaolinite, smectite and illite are not in equilibrium with their ambient water. This is not 
to imply, however, that these clay minerals never undergo any post-formational or 
retrograde O and/or H isotope exchange. 
It has been suggested by many researchers that the isotopic composition of many clay 
minerals undergo retrograde alteration with recent water present in their environments 
and this phenomenon supports the exchange of isotopes (Yeh and Savin, 1976; Wilson 
et al., 1987; Birds and Chivas, 1988a, b; Longstaffe and Ayalon, 1990; Kotzer and 




processes, e.g. high radiation flux (Halter et al., 1987) and another process which entails 
the use of fluids which are depleted of D isotopes such as CH4 (Bray et al., 1988). 
Before we go in-depth with details of this process we consider here the rational 
evidence presented by Sheppard and Gilg (1996) for O and H isotope exchange. They 
reported that exchange takes place but no crystal formation occurs after it. However, 
when the clay minerals are subjected to higher temperatures along with special 
processes, crystallization starts. This suggests the preservation of an historic 
environmental record in the δD and δ
18
O values of a sample. 
 
2.12.1 Weathering environments 
We performed a thought exercise to consider the effects of post-formational isotopic 
exchange in clay minerals in weathering environments. Figure 2.14 (Sheppard and Gilg, 
1996), is a graph of kaolinite δD vs δ
18
O values the meteoric water and the calculated 
kaolinite isotherm. The kaolinite line is drawn by plotting kaolinite values (from Savin 
and Epstein, 1970a) that are in equilibrium with meteoric water. Consider the graph in 
which equilibrium exists between kaolinite K1 and K2 and water W1 and W2. In K1 the 
water composition alters and becomes W2 as the environment changes, for example 
altitudinal or latitudinal increments will lead to a colder environment. Consequently, 
kaolinite will be no longer in equilibrium with the native meteoric water. If K1 faces 
isotopic exchange, several trajectories could be followed by it, depending on exchange 
rates of H and O isotopes. Curve A represents a trajectory for which hydrogen 
equilibrates faster than oxygen or along the kaolinite line if equal exchange rates occur. 
Migration of values to K2 in response to exposure of a different meteoric water (W2) 
would follow the trajectory B or alternatively we can say that it will follow the line 
from K2 to K1 according to the rate of exchange. Differential isotopic exchange results 
in the above pointed conditions with no phase conversion (O’Neil and Kharaka, 1976). 
This fact was proposed from empirical observations and structural arguments which 
showed higher H isotopic exchange rates compared to that of oxygen. Two different 
structural sites exist inside the framework for oxygen isotope exchange and this 
complicates the exchange process. Dispersion in kaolinite is expected when complete O 




be observed in this case. Figure 2.14 demonstrates the temperature impact on the 
kaolinite equilibrium with meteoric water. 
 
 
Figure 2.14: δD vs δ
18
O plot of the meteoric water and kaolinite lines. Kaolinites 
K1 and K2 are in equilibrium with waters W1 and W2. Trajectories A and A' are 
possible exchange paths between K1 and K2 and B between K2 and K1. Kaolinites 
in equilibrium with meteoric water W3 at 10, 20, 30 and 40°C are shown as 
reference (Sheppard and Gilg, 1996). 
 
Figure 2.6 shows the δD and δ
18
O values for kaolinite samples which have not 
undergone burial. They formed in weathering environments and most of them were not 
in isotope equilibrium with the recent meteoric water values at the sampling sites. A few 
samples had impure kaolinite due to differences in the temperature at which they were 
formed. Meteoric water with 1 to 2‰ was also plotted from the MWL and insignificant 
dispersion around the kaolinite line was observed. All these findings led to the 
conclusion that kaolinite derived from weathering environment likely do not undergo 
significant isotopic exchange. 
Some major post-formational H isotope exchange in Permian kaolinite derived from 




isotopic exchange for oxygen (Bird and Chivas, 1988b). δ
18
O depleted kaolinite (δ
18
O = 
6.1 to 9.4 ‰) was obtained from cores at depths of 11 to 1276m and it had δD around -
107 to -94‰ compared with kaolinite derived from weathering environments. Due to a 
moderate burial history, they are not shown in Figure 2.6 but they are present on the left 
side of the S/H plot. Regarding burial depth for kaolinite, Bird and Chivas (1988b) 
suggested that it didn’t exceed 1500m and it was around 500 to 700m for a few 
kaolinite samples. The highest temperature for the shallowest form of kaolinite was 
around 45
°
C. For the H isotope a well designed case exists. 
The above discussion shows that a mild increment in the temperature would bring 
change in the H/D ratios and this will result only with an accurate estimation of 
temperature. With no O isotope exchange, the initial δD value for meteoric water and 
kaolinite were around -140‰ and -170‰. The kaolinite derived from a weathering 
origin has augmented δD values, i.e. 30‰ heavier (91 samples in Figure 2.6). These 
values are more consistent with a trend that illustrates a precipitation increment on 
attainment of high δD values. This also shows that kaolinite formation requires little 
rainfall. Equilibrium of H and O isotopic ratios with meteoric water during the burial 
process needs a temperature equal to or above 75
°
C. Under these conditions the δD 
value would be 70‰. Comparison with other values has been shown in Figure 2.6. 
Smith et al. (1983) collected coal samples for analysis and they reported δD of Permian 
meteoric water to be about -120‰ but it also holds an intermediate value. 
Figure 2.6 also illustrates the observations for halloysite obtained from weathering 
environments. A systematic variation for halloysite is depicted by a parallel line on the 
graph which is located slightly on the left side of the graph. These observations imply 
that the isotopic compositions of halloysite have been conserved and they didn’t 
undergo either partial or complete O or H isotope exchange in the laboratory 
environment. We can also conclude from these findings that halloysite exhibits reduced 
temperature-dependent isotope fractionation compaired with kaolinite. It also suggests 
that palaeoclimatic data can be obtained by conducting further analysis on the obtained 







2.12.2 Oceanic environments 
Retention of H and O isotope signatures, similar to continental samples, has been 
observed in oceanic sediments (Savin and Epstein, 1970b; Yeh and Savin, 1976; Yeh 
and Epstein, 1978; Eslinger and Yeh, 1981; Yeh and Eslinger, 1986). Size fractionation 
was analysed and it was reported by Yeh and Savin (1976) that illite-smectite in oceanic 
sediments greater than 0.1µm were enriched in 
18
O and they were 10
4
 years older. Other 




enrichment could be isotopic exchange with sea water (Yeh 
and Savin, 1976) and it may also be due to authigenic smectite (O’Neil, 1987). A 
detectable amount of H isotope exchange was reported by Yeh and Epstein (1978) in 2 
to 3 Ma old illite-smectite obtained from deep sea sediment with size less than 0.1µm. 
However, no O isotope exchange was found in samples collected from the Gulf of 
Mexico in the time line of 10
4
 years (Yeh and Eslinger, 1986). No rational evidence was 
found for the existence of H or O isotope exchange without diagenesis and this implies 
that isotopic studies are critical for the differentiation of detrital and authigenic marine 
clays. 
 
2.12.3 Diagenetic environments 
Longstaffe and Ayalon (1990) reported hydrogen isotope exchange without major 
oxygen isotope exchange for some of the kaolinite which was collected from Cretaceous 
sandstones in sedimentary basins located in Alberta, Canada. Primitive diagenetic 
kaolinite was formed at 10 to 30
°
C at 100 Ma and later they exchanged their hydrogen 
isotopes with ambient water without following any major oxygen isotope exchange at 
40 ±10 Ma and a temperature of around 120 to 140
°
C.  This primitive kaolinite showed 
a complex history of basin evolution when subjected to thermal treatment under high 
temperatures (120
°
C). It was also suggested by Longstaffe and Ayalon (1990) that many 
clay minerals such as kaolinite, illite and smectite may have re-equilibrated their H/D 
composition with recent water surrounding them. However, this suggestion is arguable 
as they said mineral formation occurred after the attainment of high temperatures and 
burial at 50 to 60 Ma ago. First, illite and smectite formed at 50 ± 10
°
C and it was 
followed by the production of secondary kaolinite generation. Due to re-equilibrium 
with present formation water, it is hard to predict how their D/H ratio may have evolved 




larger range for δ
18
O would have been an indication of clay formation over a wide range 
of temperatures as the fractionation factors for the hydrogen isotope are insensitive to 
temperature, unlike that of oxygen. 
 
2.12.4 Hydrothermal environments 
Clay minerals such as kaolinite, dickite, nacrite and smectite from hydrothermal regions 
plot at the left side of the supergene-hypogene line of graph shown in Figure 2.6. In the 
figure hydrothermal signature preservation is found to be consistent with the S/H line. 
The isotopic exchange between hydrothermal kaolinite and meteoric water is supposed 
to have taken place at surface temperatures. Though we cannot ignore that some 
exchanges took place, major differential exchanges are not supported by the obtained 
data. Equilibrium of the H isotope with current meteoric water has not been observed. 
Considering all the mentioned observations, Sheppard (1977) suggested that hypogene 
and supergene discrimination can be performed by employing H and O isotopic 
compositions (Figure 2.6). This suggestion is still considered to be applicable for recent 
systems. 
 
2.13 Global and Australian research findings 
Usually, deep weathering occurs at 30° north and south of the equator which implies the 
presence of a tropical climate (Aleva, 1994). However, the presence of laterite mantles 
in the tropical region is an indication of a historic tropical climate and some continental 
drift that may have changed the whole environment. 
Bird et al. (1990b) reported similar findings in his studies at 30° north and south of the 
equator. Generally, higher contents of kaolinite were found in the soil profiles of such 
regions along with some iron oxides, such as hematite and goethite, and bauxites, such 
as gibbsite. Such mantles are mostly located in Australian regions whereas, due to 
glaciations, they have disappeared from Northern Hemisphere areas. The presence of 
remnants in the high latitudes with deep weathered profiles could be explained as an 
outcome of either the prevalence of a tropical or sub-tropical climate in the past or the 





On applying oxygen-isotope analysis to the weathered profiles it was discovered that 
minerals assembled in northern latitudes in the same manner they are assembled in 
equatorial region. Deep regolith formation occurred at both cooler and colder 
environments with some moisture content. Recently, no such formation has occurred, 
which needs further investigation on this subject. Atmospheric carbon dioxide 
concentration is considered to have an impact on the deep weathered regolith in high 
latitude regions. Equilibrium in such regions was supposed to be maintained by 
involvement of CO2-HCO3 in infiltrating groundwater along with bicarbonate 
production in the rock forming minerals (Bird et al., 1990b). Higher carbon dioxide 
levels in the atmosphere were also reported by Barron and Washington (1985); Barron 
et al. (1993) and Thiry (2000). 
Thiry’s (2000) study on carbon dioxide enrichment in the atmosphere illustrated that 
kaolinite production by weathering process is three times higher for the carbon dioxide 
level that prevailed in the mid-Cretaceous in spite of the three fold decrease in 
precipitation. He also reported that kaolinite production in the deep weathering profiles 
with high carbon dioxide amounts is not reliant on weathering duration, climate and 
relative humidity. 
Time required for weathering environments to yield the modern regolith exposures in 
Australia is important and many methods have been developed to estimate weathering 
rates. In this context, Thiry (2000) showed that at least 1 Ma is needed for the formation 
of a complete land blanketed with thick layers of kaolinite in the presence high 
atmospheric carbon dioxide concentrations. This implies that in the profile mineralogy, 
the fidelity of palaeoclimatic reconstructions is not less than 1 Ma. 
A Gondwana clay study by Chivas and Bird (1995) showed that the clays have 
undergone cold climate deep weathering but those clays failed to be conserved in higher 
latitudinal regions because of subsequent Quaternary glaciations. Moreover, the 
presence of deep weathered profiles in geological history should not be considered as a 
sole outcome of typical tropical conditions. Kaolinite isotopic composition is dependent 
on temperature (via meteoric water composition) and it is conserved by the weathered 





Further analysis of clays obtained from Gondwana deep weathered profiles and 
reworked sedimentary regions resulted in the following observations (Chivas and Bird, 
1995): 
1. climatic variations were experienced by India and Australia in association with 
continental drift since the Permian; 
2. less alteration and relative stability was observed in South America during the 
Cretaceous and Cainozoic era; and 
3. current topography of the Australian Eastern Highland could have existed since 
the Early Cretaceous. 
An integrated approach was adapted by Girard et al. (2000) in which they employed O 
and H isotopic ratios to predict historic climatic changes in continental regions that have 
undergone laterite formation. The values of δ
18
O and δD in the primitive minerals 
present in the laterite displayed a time signal and the implementation of this intra-profile 
strategy can also help interpretation of the profile. 
Girard et al. (2000) found intra-profile variations imply records of historic weathering 
climate regime change and this explains why differences exist in different mineral 
populations prevailing at a particular age. This also explains the different mineral 
generations. Utilizing H and O isotopes in the research study produce more significant 
results and it helps to merge different weathering environments, obliterating the 
kaolinite signal and decreasing the profile age from top to bottom. 
Weathering ages were determined by Bird and Chivas (1988b) by using samples 
obtained from eastern Australia and they reported specific δ
18
O values for each type of 
kaolinite. From Late Palaeozoic to recent times, Bird and Chivas identified four 
different weathering ages. Retention of isotopic composition in the minerals until 250 
Ma was reflected by stable oxygen isotope values. The isotopic composition was 
retained in the minerals in spite varying isotopic compositions of the meteoric water 
surrounding it. 
For the development of a geochronology of eastern Australian regolith, corrections for 
contaminants and varying altitudes were made by Bird and Chivas (1989). 




latitudinal effect was studied by plotting results from the present and past studies and 
this showed a considerable impact of latitudes on δ
18
O in different kaolinite samples. 
A wide range of age groups were identified for Australian regolith that was based on the 
kaolinite δ
18
O values. The values were correlated with independently dated weathering 
profiles but their ages were arranged according to their δ
18
O values measured on the 
SMOW scale. 
(i) values greater than +22‰; are expected to be absent in the regolith since they 
only form under humid/low evaporation conditions, 
(ii) δ
18
O values of +17.3 to +22‰; demonstrates ages of 30-40 Ma or less. 
(iii) below +17.5‰, values represent pre-mid-Cainozoic, 
(iv) values in range of +15 to +17.5‰ represent Late Cretaceous to Early 
Cainozoic, 
(v) +10 to +15‰ represent Late Palaeozoic to pre-Late Mesozoic, 
(vi) extremely low δ
18
O values of +6 to +10‰ represent Permian weathering age. 
δD values were in the range of -115 to -50‰ but in this system post-formation 
exchange reactions were suspected, suggesting that δD is not significant for isotopic 
dating. 
Kaolinite from the northern Yilgarn Craton was found to have ages similar to the deep 
eroded terrain present farther south (Chivas and Atlhopheng, 2010). Topographical and 
relief differences were the main reasons for variation in the two regions and it is 
consistent with the deeply eroded profiles that occur in the southern regions. These 
results suggest that earlier implications regarding the northern plateau were accurate. 
Their relative ages suggests that the Craton underwent stripping and erosion processes 
instead of deep weathering which was followed by the formation of a planation surface. 
Different areal domains were identified in the Neogene kaolinite group by Chivas and 
Atlhopheng (2010). δ
18
O values around Payne Find were +20.4‰ while Mount Magnet 
and Cue had δ
18
Okaolinite values approximately +18.3 ‰. Lesser δ
18
Okaolinite values were 
suggested to be present due to presence of old weathered profile remnants, which may 
have retained their values due to exposure by mining and drilling processes. Samples 
which have δ
18




Cretaceous to Palaeogene times. δ
18
Okaolinite values below +15 ‰ are indicative of a pre-
Cretaceous period. Only the northern and eastern Yilgarn Craton were interpreted to 
preserve old weathering age as well as Neogene weathering age (Chivas and 
Atlhopheng, 2010). Figure 2.15 shows earlier regolith δ
18
O dating in the eastern 
Australian. Areas chosen for obtaining kaolinite samples did not have geological dating. 
 
 
Figure 2.15: Location of previous eastern Australian regolith sampling sites at 
which the oxygen-isotope dating method for kaolinite has been applied (Bird and 
Chivas, 1988a, b, 1989, 1993; Chivas and Bird, 1995). 
 
The areas of previous regolith δ
18
O dating for clay minerals in Australia are indicated in 
Figure 2.15 (eastern Australia) and Figures 2.16 and 2.17 (Western Australia, Yilgarn 







Figure 2.16: Location of kaolinite samples from weathering profiles overlying the 
Yilgarn Craton. The samples derive from breakaways (B), mine pits (V), 
exploration drill holes (D), road and railway cuttings (X), and farm dams (F) (from 





Figure 2.17: Interpreted ages of kaolinitic weathering profiles in the Yilgarn 
Craton. Most profiles (dots) appear to be of Neogene age. Only seven profiles 
(stars), in the north and east of the Craton, are interpreted to be of Palaeogene or 




Chapter Three: A review of palaeomagnetic dating and stable 
isotope-geochemistry of oxygen and hydrogen in iron (III) 
oxides 
 
3.1 Iron (III) Oxides 
3.1.1 Introduction 
Different environmental and iron supply conditions result in the formation of iron 
oxides and hydroxides. The source rock types, Eh, pH, organic content, position in the 
landscape (altitude, pedoclimate, hydrology, and alteration characteristics) and gross 
precipitation are all crucial. Hematite suits comparatively drier climates in the tropics, 
while goethite is more typical in temperate to humid climates. This, in turn, explains the 
sensitivity of goethite to warmer climates when it loses its hydroxyl bond and favours 
mostly stable hematite (Schwertmann, 1988). 
 
3.1.2 Ferrihydrite (γ-FeOOH) 
The primary metastable oxide that is capable of producing other iron oxides is known as 
ferrihydrite. It is formed at a high mobile Fe
2+
 oxidation rate in the presence of organic 
compounds. These organic compounds hinder the formation of Fe oxide and ferrihydrite 
is formed instead. Cornell and Schwertmann (1996) highlighted that a low organic 
matter content is essential for formation of hematite and goethite. More organic matter 
and less Fe results in goethite, while high organic matter and high Fe creates ferrihydrite 
but when the organic matter content is very high the Fe is naturally complexed and no 
oxides are created (Goodman and Cheshire, 1987; Schwertmann, 1988; Schwertmann 
and Murad, 1988; Cornell and Schwertmann (1996). 
The ferrihydrite is related to below-par crystalline goethite in soils near the surface 
because the surface has conditions that facilitate the formation of poor crystallinity, so 
the origins of goethite are not known (Cornell and Schwertmann, 1996). Ferrihydrite is 
poorly crystalline, thus XRD techniques are not useful for its detection (Bourman, 
1989), excluding the case where the abundance of Fe oxide is high (0.2- 0.8 g/g; Cornell 




Ferrihydrite forms in groundwater soils, stagnant water conditions and podzols because 
they are fairly young soils. These conditions hinder its transformation to more stable 
oxides. In podzols, Fe, Al and Si exist in a dissolved form because of the acidic 
conditions at the surface. Organic complexes enter and are precipitated in the B horizon. 
The amount of Fe supplied here equals 5-20 g/kg; therefore, Mössbauer spectroscopy 
can detect ferrihydrite (Schwertmann, 1988; Cornell and Schwertmann, 1996). Cornell 
and Schwertman (1996) reviewed a study done originally by Campbell and 
Schwertmann (1984) and highlighted the existence of a linear relationship between the 
amplitude of the main XRD peak of ferrihydrite and the quantity of oxalate-soluble Fe. 
The release of Si is very high on basalt-derived andisols in Hawaii, which facilitates the 
increased formation of ferrihydrite in areas with a mean annual precipitation of 1.0-3.8 
m/a (Cornell and Schwertmann, 1996). 
Hiemstra (2013) analysed the surface and mineral structure for ferrihydrite. In this 





 ). Surface depletion explains the observed particle size dependency of the Pair 
Distribution Function derived from high energy X-ray total scattering, 
thermogravimetric water content and mass density. Due to surface groups, two-line 
ferrihydrite particles are water-rich but its mineral core is hydrogen poor. For 
ferrihydrite the site densities derived are much higher than for goethite. In combination 
with high surface area, it makes the mineral an extremely reactive natural phase. 
 
3.1.3 Goethite (α-FeOOH) 
In soils and weathering environments a yellowish brown oxyhydroxide (FeOOH) is 
found abundantly. Because of the isomorphous substitution of aluminium, it is the most 
stable phase under cool and humid conditions (Bourman, 1989). Goethite and hematite 
are both present in the soil environment and goethite tends to have more aluminium 
substitution. In soils an Al/ (Al+Fe) of approximately 0.33 mol/mol is present in 
goethite compared with 0.16 mol/mol in hematites. 
However, the amount of Al replacement for all goethites is not uniform. Almost 
certainly differences in formation factors cause varying levels of aluminium 
replacement as seen in goethites from subtropical and tropical soils, saprolites and 




Mössbauer spectrometer. Krishnan and Mukherjee (1981) found Al replacements 
between 15 and 30% in their studies on bauxites and laterites in India. The resemblance 
of the lattices of goethite (α-FeOOH) and diaspore (α-AlOOH) account for this 
isomorphous replacement. 
Studies by Schwertmann (1984), Bousserrhine et al. (1999), Gonzalez et al. (2002), 
Ruan et al. (2002), Wells et al. (2006) and Bazilevskaya et al. (2012) showed that 
dissolution of goethite also can cause a different level of Al substitution and in a deep 
weathering profile, the level of replacement can vary. 
Thermodynamic study of different Fe-oxyhydroxides (hematite, goethite, lepidocrocite 
and ferrihydrite) by Pinney and Morgan (2013) suggested that Al-substitution in these 
phases may influence particle stability and phase transformation behaviour, especially 
stabilizing  the oxyhydrioxide phases relative to the oxide (such as hematite). They also 
found that ferrihydrite is predicted to allow Al-substitution with the lowest energy cost, 
while hematite appears to have the strongest tendency for phase separation. Simulations 
of Al-substitutions at the goethite (especially (101) surface) indicate that surface 
segregation of Al is energetically favoured for low Al concentrations, but this tendency 
reduces when Al dopants form a full monolayer at the mineral surface (Pinney and 
Morgan, 2013). 
The use of SEM and TEM approaches has identified a relationship between kaolinite 
flakes and goethite or hematite. Normally, when the quantity of existing Al is low, the 
Al substitution is reduced. Goethite possibly will fill the interflake space in kaolinite to 
some extent. A chemical Si-O-Fe compound between kaolinite and iron oxide can also 
be present. No relationship between ferrihydrite and kaolinite could be observed at pH 9 
since both compounds are negatively charged at this pH (Cornell and Schwertman, 
1996). Still, Vander Waals forces and other influences like chemical bonds and 
electrostatic forces can pose some influence on interactions between ferrihydrite and 
kaolinite 
Goethite can be found in aerobic and anaerobic soils of all climates. Within the 
geological environment, goethite is present in both consolidated and unconsolidated 





Rocks with less iron, mostly sediments, contain goethite whereas hematite forms in 
iron-rich basic igneous rocks. Soil containing large amounts of organic matter limits the 
solubility of Fe to create the precursor ferrihydrite. So, the lesser Fe-content oxide, 
goethite, is created later on. This provides an explanation for the dominance of goethite 
in the topsoil (Schwertmann, 1988). On the other hand, in wet conditions, the amount of 
hematite is reduced by microbial processes with dissolution causing the formation of 
goethite (Schwertmann, 1984; Gonzalez et al., 2002; Ruan et al., 2002; Bazilevskaya et 
al., 2012). 
The mineral surface can permanently hold negative or positive charges as in clays 
(crystal structure with a cation which is not balanced) or it can be pH- dependent as in 
hydroxides. Hydroxides have huge amounts of point of zero charge (pzc). Konhauser 
(1998), put a value of 7-8 for the pH, at which pzc is achieved in bacterial iron 
biomineralisation. 
The existence of cations and anions in Fe oxides act as sorbents for a many components 
like trace elements and heavy metals. Consequently when Fe oxides dissolve, these 
compounds are unconfined. In living organisms, goethite is indispensable and essential 
for tooth hardening in limpets (Cornell and Schwertmann, 1996). 
The transformation of goethite to magnetite recently has been discussed by Usman et al. 
(2013). They highlighted that the transformation, which occurs in the presence of Fe(II), 
can be affected by many factors including mineralogy of the starting compound, aging 
time and solution chemistry. This transformation of goethite by the catalytic action of 
Fe(II) involves the adsorption of Fe(II) on the oxide surface and then electron exchange. 
These interfacial electron transfer reactions between adsorbed Fe(II) and iron oxides 
enable both (i) rapid formation of mixed valance state upon surface adsorption of large 
amounts of Fe(II) and/or (ii) reductive dissolution and then reprecipitation of the 
adsorbed ferrous ions on the ferric oxide surface (Usman et al., 2013). A key step to 
initiate both mentioned processes is the coordination of Fe(II) at the ferric oxide surface 
via the formation of a bidentate or tridentate complex. 
 
3.1.4 Hematite (α-Fe2O3) 
It is dark red to purple in colour and this iron oxide is chemically composed of Fe2O3. It 




ferricrete crusts and hot brines in the geological environment. In the soil matrix, 
hematite is formed under aerobic conditions in the humid and subhumid tropics, and 
subtropical and Mediterranean climates. Mostly, hematite is not present in soils formed 
under a moderate to cool atmosphere (Cornell and Schwertmann, 1996). 
Soils contain both hematite and goethite. As the solubilities of both of these minerals 
are very low in the aerobic environment, thus, they are able to avoid change across the 
geological timescale so they should be beneficial in elucidating their conditions of 
formation. 
In contrast to the properties of goethite, hematite is only abundant in subtropical and 
tropical climates, whereas goethite is present in all places. In soil profiles, hematite 
forms at lower altitudes and goethite at higher altitudes. The precursor ferrihydrite is 
responsible for its creation. Actually, lower altitudes and latitudes, and higher slope 
positions contribute to dehydrate ferrihydrite and the dehydration is necessary for the 
creation of hematite but not goethite (Cornell and Schwertmann, 1996). 
Hematite is a product of weathering of rocks that are rich in iron. Hematite, is full of 
iron, it is the single mineral not present in living organisms for homeostatic working. 
Hence, biological environments are not supportive to its creation (Cornell and 
Schwertmann, 1996). Konhauser (1998) established that hematite forms through 
metastable ferrihydrite, after its precipitation from bacterial nucleation. The dehydration 
of ferrihydrite then creates hematite. 
 
3.2 Palaeomagnetic dating of weathering profiles 
Palaeomagnetism has been used to date regolith and its minerals. The palaeomagnetic 
technique depends on the creation of secondary iron-oxides through the process of 
chemical weathering. The secondary minerals facilitate chemical remanent 
magnetisation (CRM) which occurs through nucleation and growth of the mineral 
(single phase CRM), or during a process that alters an existing mineral (two phase, or 
parent-daughter CRM). Hematite (α-Fe2O3) is a mineral that usually results from 
oxidation. Hematite is a stable magnetic remanence carrier whereas; goethite (α-




Universally, thermal remanent magnetisation (TRM) and detrital remanent 
magnetisation (DRM) in rocks results from the rapid destruction and replacement of 
CRM during weathering conditions. TRM results from the cooling of igneous and 
metamorphic rocks and DRM occurs when particles settle out of air or water during the 
formation of sedimentary rocks. So, the magnetic remanence in weathered regolith 
provides information about the time(s) of weathering, not about the creation of the 
parent rock. 
The formation of CRM’s, spans over millenniums to regularize the secular variation. 
Accordingly remanence directions are used to calculate the palaeomagnetic poles. Then 
these palaeomagnetic poles are used to calculate the weathering ages by comparing 
them with the trajectory of palaeomagnetic poles of known age. Such palaeomagnetic 
poles are known as an apparent polar wander path. Locations that have considerably 
changed their latitudinal position benefit from this approach mostly because they result 
from plate motion like in India and Australia during the Cainozoic era. Schmidt and 
Embleton (1976) were the first ones to apply this approach for finding palaeomagnetic 
effects in Late Palaeozoic and Mesozoic rocks in the Perth Basin and neighbouring 
areas of Western Australia. It was noted that the high magnetisation temperature 
remained stable just like the rocks, irrespective of age, and it was known as “blanket” 
remagnetisation caused by regional lateritisation (Schmidt and Embleton, 1976). The 
age of weathering-induced remagnetisation dates back to Late Oligocene to Early 
Miocene in contrast to the Australian apparent polar wander path (AAPWP), but Idnurm 
(1985a, b, 1994) suggested the AAPWP (extends to a Late Miocene or Pliocene age 
(4±2 Ma). Similarly, Schmidt et al. (1983) assessed Late Cretaceous and Cainozoic 
palaeomagnetic ages for Indian laterites. 
The mid 1970’s marks the start of palaeomagnetic age determinations. Ages were 
calculated by comparing with the AAPWP, even though several segments of the path 
have been looked over, whereas others continue to be contentious. The AAPWP of 
Schmidt and Clark (2000) is shown in Figure 3.1. Schmidt and Embleton (1976), 
Schmidt et al. (1976), Idnurm and Senior (1978), Schmidt and Ollier (1988), Nott et al. 
(1991) and Acton and Kettles (1996) identified ages ranging from latest Cretaceous to 
Late Cainozoic at different areas in Australia. Whereas Pillans et al. (1999) provided a 





Table 3.1 illustrates Late Palaeozoic and Mesozoic-age weathering imprints on regolith 
which have been paleomagnetically dated and belong to eastern areas of the Archean 
Yilgarn Craton (e.g. Mt Percy and Lancefield), Dead Bullock Soak and New Cobar 
Mines. The Cainozoic palaeomagnetic poles formed early are statistically same as the 
60 Ma age in Morney Profile which formed on Cretaceous sedimentary rocks in 
southwest Queensland (Idnurm and Senior, 1978), a palaeomagnetic pole developed on 
weathered volcanics near Armidale in northern New South Wales (Schmidt and Ollier, 
1988), and poles from oxidised saprolite at McKinnons and Elura mines near Cobar, 
NSW (McQueen et al., 2002). 
In the light of these findings we can say that deep oxidation and iron mobilisation at 60 
Ma might have been associated with a continent-wide weathering event. In contrast, 
profiles at Jarrahdale and Boddington on the western margin of the Yilgarn Craton 
produced late Cainozoic palaeomagnetic ages that match the findings of Schmidt and 
Embleton (1976) from the nearby Perth Basin. In accordance with apatite fission track 
data the kilometre-scale denudation during and since the Mesozoic have caused a lack 
of older weathering imprints in the western Yilgarn (Kohn et al., 1999). Deep 
weathering profiles at Bronzewing, Lawlers, Kanowna Belle and Mt Percy in the 









Figure 3.1: Australian Apparent Polar Wander Path from 360 Ma to present 
(Schmidt and Clark, 2000), with some representative palaeomagnetic poles (95% 
confidence circles) from weathered regolith (BRZ = Bronzewing, DBS = Dead 
Bullock Soak, LAN = Lancefield, MCK = McKinnons, MP = Morney Profile, MTP 
= Mt Percy, NCB = New Cobar, NPK = Northparkes, PB = Perth Basin, – see 
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According to a study performed by Bird (1988) in which he equated the benefits of 
palaeomagnetic and oxygen-isotope dating two conditions were deduced. In the 
condition of agreement, the isotopic ages are found to be similar to the palaeomagnetic 
dating, whereas in the conflicting condition the ages are out of phase. More research 
was done on the inconsistent findings. The ages that did not match the oxygen isotope 
geochronology were reinforced by those from K/Ar dating of alunite for the cases of 
Kangaroo Island and Bredbo (New South Wales). A deduction was made that iron-
mobilisation in the profile at Bredbo was associated with Al, K and S that turns into 
alunite. Later the alunite could be used to measure the new phase of desiccation. Iron 
works on the same principle as it is used in palaeomagnetism (CRM). So 
palaeomagnetic ages can be rearranged through dehydration, following receding water 
tables. 
When oxygen-isotope analysis is combined with palaeomagnetism the dating results 
improve for the reason that age coverage extends. Rearranging of the palaeomagnetic 
signal indicates that only the new high water-table magnetisation is noted, so it 
complicates the “earlier” age of weathering. When weathering is being dated all the 
geomorphological and geological information is essential, as dating depends on these 
values and correlation dating is also based on these values. The independently dated 





dates can be compared with the same age oxygen isotope structures of regolith minerals 
to derive the curve. Later on this isotopic curve may be fitted to profiles of unidentified 





The Cainozoic part of Australia’s apparent polar wander path (AAPWP) has many 
opposing varieties (Acton and Kettles, 1996). These opposing polar wander paths are: 
(1) Embleton AAPWP (1981): the palaeomagnetic path based on data from igneous 
rocks. 
(2) Musgrave AAPWP (1989): the palaeomagnetic path is from igneous rocks and 
weathered profiles. The palaeomagnetism derives from a polynominal curve 
fitted to the palaeomagnetic data of the weathered profiles and the igneous 
rocks. 
(3) Idnurm AAPWP (1986): derived the path based on palaeomagnetic data from 
sedimentary and secondarily from the igneous rocks. 
The reproducibility of the outcomes from the three AAPWPs is equated with a test. 
Acton and Kettles (1996) evaluated a bauxite sample near Inverell, in eastern Australia 
(Table 3.2). The confidence level for the wander paths was noted to be 95%. 
 
Table 3.2 Comparison of Apparent Polar Wander Paths (APWPs) 
APWP Weathering Age ( Ma) Best Fit Age (Ma) 
Idnurm (1986) 4 to 27 14 
Musgrave (1989) 12 to 41 26 
Embleton (1981) 16 to 46 35 
Global-average 21 to 52 36 
 
We can easily spot the differences between the ages derived from different polar wander 
paths. Acton and Kettles (1996) tried to minimize these differences by implementing a 
system where the averages were sought, with the correct age being the one that is 
consistent with all the AAPWPs. 
 
3.3 Previous studies using palaeomagnetism 
Previous studies have proved that the age of weathering increased from the bottom to 
the top of a regolith profile. Later, Theveniaut and Freyssinet (1999) established that 




tell about other formation mechanisms. In the past duricrust cappings were thought to 
easily dissolve and degrade, so determining its age was very difficult. According to a 
suggestion by Gehring et al. (1992) hematite and magnetite help preserve magnetisation 
in the duricrust. On the other hand, Theveniaut and Freyssinet (1999) suggested that 
magnetite has nothing to do with weathering (i.e. its magnetisation did not occur during 
or after weathering but rather is derived from the original bedrock). Theveniaut and 
Freyssinet (1999) also established that hematite is an important magnetic carrier. 
However, the contribution of goethite is limited to saprolite only. Theveniaut and 
Freyssinet (1999) also determined that goethite is able to maintain its original δ
18
O 
value. In a studied profile the present saprolite had goethite in equilibrium with the 
current δ
18
O composition of waters, whereas the upper sections had fossil δ
18
O 
signatures. Hematite also held the physico-chemical conditions and magnetic directions 
at the time when it was precipitated during weathering, as the duricrust was created, 
whereas petrography was unable to highlight these dimensions. 
Saprolite formation rates were used to find the magnetostratigraphic values which 
indicating a prediction of a new reversal in current times as suggested by markers of the 
Brunhes/Matuya. The new weathering rate of 11.3 ± 0.5 m/Ma value was same as 
hydro-geochemical mass balance calculations for tropical zones. 
The duricrust is imbedded with palaeomagnetic signals that indicate age differences: the 
upper part being older than 10 Ma, whereas the bottom part is much younger 
(Theveniaut and Freyssinet, 1999). They established that reviewing the palaeomagnetic 
signal for a weathering profile indicates the existence of many remnant time 
acquisitions that are acceptable for defining the process of weathering. This proves that 
a combination of both δ
18
O and palaeomagnetism in tandem best explains the times and 
processes of duricrust formation. 
The investigation of iron indurated materials in weathering profiles in India showed 
similar characteristics to those in Australia where parallels between two were made 
(Buchanan, 1807; Schmidt et al., 1983; Aleva, 1986; Ollier and Rajaguru, 1991). 
Schmidt et al. (1983) established that the Indian magnetic ages of laterites are not as 
much Cretaceous as Late Cainozoic. Data for high-altitude and low-altitude laterites 




to Late Cainozoic, respectively. This study was based on the Indian APWP for the 
Mesozoic to Cainozoic. 
Idnurm and Senior (1978) studied the palaeomagnetic signatures of weathering profiles 
in the Eromanga Basin, Queensland. The study established ages of 60 Ma, and also 
established the ages of formation of other Australian ‘laterites’ as Late Cretaceous to 
Early Cainozoic. When India and Australia were compared it was noted that they did 
not drift much after53 Ma ago, and their APWPs appeared to be similar (Schmidt et al., 
1983). When Indian and Australian laterites were equated with each other a shorter 
formation span from Early to Late Cainozoic was observed for Australia whereas India 
showed a Late Cretaceous to Late Cainozoic time span. The reason for this was India’s 
fast drift into the tropics between 65 Ma and 53 Ma, whereas Australia was drifting 
northward very slowly (Schmidt et al., 1983). 
The ages of duricrusts were seen to be altitude dependent in India. The condition for 
conservation of uplifted duricrusts shows that while laterites are able to survive around 
20 Ma in the tropics at low altitudes, the chances of survival of older laterites increase 
only after uplift (Schmidt et al., 1983). 
According to a study by Gehring et al (1992), in situ and transported ‘laterites’ could be 
segregated by using palaeomagnetism and mineralogy in western Africa. They found 
that natural remnant magnetisation (NRM) for hematite in the weathering profile is 
spread casually. This irregular distribution of ferriferrous micro-nodules (magnetic 
carriers) is caused by erosion and reworking before the duricrust is indurated. The 
micro-nodules were noted to be magnetised before the induration. Consequently the 
formation of this duricrust is not an in situ process. The geological age of the duricrust 
could be Late Cainozoic, as the sample location is undergoing a shift from tropical to 
semi- arid climate. 
It is considered that the remnant magnetisation is fixed during the completion of 
weathering. The findings of Schmidt and Embleton (1976) suggested the existence of a 
remagnetisation of surficial Palaeozoic and Mesozoic rocks in Western Australia. This 
research also defined that the remnant magnetisation results from weathering, not the 
parent rocks. According to Milnes et al. (1985) and Bourman et al. (1987), the iron 
build-ups inside a profile cannot be genetically or temporally totally connected to the 




landscapes. Australia and India are two lands that have drifted through the latitudes 
during the last 95 Ma. Australia drifted about 35 degrees, making it suitable for 
palaeomagnetic studies that are established from a polar wander curve. 
Weathered materials having a reversed polarity pre-date the B/M (Brunhes/Matuyama) 
geomagnetic polarity reversal. Thus, the ages of regolith materials are limited since the 
B/M marks the start of weathering and is an essential chronostratigraphic marker in 
Australian regolith studies. Research by Pillans and Bourman (1996) used the 
Brunhes/Matuyama boundary and found a polarity reversal that took place at 0.78 Ma. 
This polarity reversal is known to be the Earth’s most recent major polarity reversal of 
its magnetic field. Reversed magnetisation was conserved in a number of regolith 
mantles within eastern Australia, especially in the oxidising environments. For example, 
in weathered regolith materials around Adelaide; extremely weathered fan gravels in 
Canberra; and a palaeosol buried by a 2.46 Ma basalt flow in north Queensland. 
Schmidt and Ollier, (1988) stated that innovations in the field of palaeomagnetic dating 
are contributing to the successful definition of the Late Mesozoic and Cainozoic 
apparent polar wander path of Australia. The palaeomagnetic dating of authigenic iron 
oxides produced during weathering in New England, New South Wales, were also 
reviewed. The iron(III) minerals were observed to have resulted from Late Cretaceous 
to Early Cainozoic episodes, and their weathering age is almost 60 Ma which matches 
the weathering age of the Morney profile in Queensland. 
The weathering profiles adjacent to Inverell in eastern New South Wales, Australia, 
were investigated by Acton and Kettles (1996) to find their ages. They used geological 
and palaeomagnetic methods to do so and the resulting weathering mantles were 
bauxite. Cainozoic volcanic rocks in that vicinity are 26 and 18 Ma old. The resultant 
bauxite was bounded by comparable volcanics and belongs to the same age. So their 
dating had to be direct, to evade the use of extrapolation. The palaeomagnetic dating 
gives inaccurate results, but an age between 21 and 27 Ma was found by applying all 
four Apparent Polar Wander Paths. The palaeomagnetism is very large and so huge 
variances occur in different situations to find the most suitable age on APWPs becomes 
problematic (Acton and Kettles, 1996). 
Magnetically vulnerable minerals have the ability to precipitate, dissolve, and alter 




magnetisation only shows the recent stage of weathering; therefore, only a minimum 
age can be determined using this method. The minimum age of the Oakwood bauxite 
near Inverell, eastern Australia, is noted to be 10000 years because there are massive 
reservations for individual poles and the palaeomagnetic directions remain same 
throughout the weathering profile (Acton and Kettles, 1996). Therefore, the exact age 
has to be between 30-20 Ma, in the mid Oligocene to Early Miocene, as the correct age 
of weathering has to be older than 10000 years. 
The Cainozoic sediments present along the far south coast of New South Wales (Nott et 
al., 1991), were studied to understand their sedimentology and stratigraphy using 
palynology and palaeomagnetic analysis. A comparison was also made between K/Ar 
dates on basalts. The palaeomagnetic method was used to find the formation ages for 
the Long Beach Formation that was either Pliocene or Oligocene/Early Miocene. 
A palaeomagnetic study by Idnurm and Senior (1978) revealed that the deep weathering 
of the Long Beach deposits occurred in Early to Late Miocene. This was in accord with 
the palynological indications taken earlier which highlighted the Oligocene to Early 
Miocene age. Another palaeomagnetic study by Idnurm and Senior (1978) about the 
weathered profiles in the Eromanga Basin in Queensland revealed two weathering 
stages. The first occurred in the Maastrichtian to early Eocene (Morney profile) and the 
second time of chemical weathering occurred in the Late Oligocene (Canaway profile). 
Pillans (2000) investigated the new palaeomagnetic dating in areas of the Yilgarn 
Craton of Western Australia including samples from Mt Gibson, Bronzewing, Lawlers, 
Murrin Murrin, Cawse, Bulong, Kanowna Belle, Jarrahdale and Boddington. The 
method of pole positions was used to find palaeomagnetic ages, with the data taken 
from Schmidt and Clark (2000) and Idnurm (1985a, b, 1994). Atlhopheng (2002) 
revealed that in the Bronzewing area the palaeomagnetic weathering ages ranged 
between 5 Ma and 60 Ma. The oldest age of 365 Ma was occurred at some of the 
locations at Lawlers. The very old ages indicate times when Australia and Antarctica 
were joined together (Atlhopheng, 2002). In Murrin Murrin, some dates matched 
Lawlers indicating that they also belonged to a Jurassic age. The palaeomagnetic dates 
from other areas like Kanowna, Jarrahdale and Boddington were between 60 Ma and 5 





3.4 Iron(III) oxides in Earth history 
The combination of temperate surface temperatures, abundant liquid water and free 
atmospheric oxygen on Earth is unique in the modern solar system. In addition, the 
atmosphere of Earth is highly oxidising (PO2 ~ 0.21 bars at sea level) whereas the 
interior of the Earth has a reducing environment (Arculus and Delano, 1981). The nine 
chemical elements most abundantly found in the lithosphere are oxygen (46%), silicon 
(27.72%), aluminium (8.13%), iron (5%), calcium (3.63%), sodium (2.83%), potassium 
(2.56%), magnesium (2.09%) and titanium (0.44%) Krauskopf and Bird, 1995). Out of 
all these chemical elements iron and oxygen have the capability to bear changes in 
oxidation state according to the differences in the oxidation potential of surficial 
environments. The changes of oxidation states of these elements can be attached to 
oxidation-reduction reactions where hydrous and anhydrous iron(III) oxides are made. 
When posed by such limitations Earth’s surface and near-surface environments show 
different rates of change of oxidation states (Garrels and Christ, 1965). Here, the term 
iron(III) oxide refers to oxides and oxyhydroxides in which all the iron is present as 
Fe
3+





explanation of “redox” weathering reaction is: 
2Fe2SiO4 + 6H2O         4FeOOH+ 2H4SiO4 
This reaction highlights the high amount of iron(III) oxides as a depiction of the 
“rusting” of the Earth. 
Furthermore, this weathering reaction emphasises two points: (a) the interaction of 
water-rock which contributes a great deal in the creation of iron(III) oxides, and (b) the 
maximum number of iron(III) oxides develop in surface or near-surface environments. 
Representation of O2 as the electron acceptor shows that low-temperature iron(III) 
oxides develop in environments in communication with the Earth’s atmosphere (Garrels 
and Christ, 1965). Liquid water of marine and meteoric types is present in these 
environments. Meteoric water results from precipitation in the hydrologic cycle and is 
the central water type present on the subaerial parts (Epstein and Mayeda, 1953; 
Dansgaard, 1964; Friedman et al., 1964; Craig and Gordon, 1965; Rozanski et al., 
1993). The hydrologic cycle is determined and controlled by climate, specifically 




are indicators of the Earth’s extraordinary surficial characteristics and processes, they 
are very helpful when carrying out palaeoenvironmental studies. 
Figure 3.2 presents a basic arrangement for the creation of goethite and hematite. After 




 in low sulphate and low chloride waters, the Fe
3+
 is 
hydrolysed to create a number of aqueous Fe
III
 hydroxyl complexes (Lindsay, 1988). 
Then the newly developed complexes are united with huge polymers that precipitate as 
poorly ordered ferrihydrite (Dousma and De Bruyn, 1976). The transformation of 
ferrihydrite into goethite covers the dissolution and precipitation, while internal 
reorganization and dehydration tend to form hematite (Schwertmann and Murad, 1983). 
By far, goethite (α-FeOOH) and hematite (α-Fe2O3) are the most common naturally 
occurring iron(III) oxides. The comparative proportions of goethite and hematite are a 
result of replacement of aluminium for iron; however the scale of its impact in natural 
systems cannot be determined (Schwertmann, 1988). In acid sulfate waters, 
schwertmannite [Fe16O16 (OH)y(SO4)z .nH2O] is commonly the precursor of goethite 
(Bigham et al., 1996; Paikaray and Peiffer, 2012) and aqueous Fe
III 
sulfate complexes 
are most important influences in the solution chemistry. Isotopic data is used to specify 
that internal reformation creates hematite by dissolution and reprecipitation (Bao and 
Koch, 1999). The creation of goethite is greater than hematite in a situation when the 
supply of iron is limited; water activity is extreme, lower temperatures, higher values of 
pH and lower ends of the natural range of surficial climatic conditions (Langmuir, 1971; 
Schwertmann and Murad, 1983; Trolard and Tardy, 1987; Schwertmann, 1988; 
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Figure 3.2: Generalized scheme for iron(III) oxide precipitation that summarizes 
processes discussed by Dousma and Debruyn (1976), Schwertmann and Murad 
(1983), Schwertmann (1988) and Yapp (2001). 
 
Goethite and hematite can be found in soils, ironstones, bog deposits, spring deposits, 
gossans, ferromanganese nodules, deposits from acidic streams, oxidized chemical 
sediments related with oceanic spreading centres, secondary botryoidal, stalactitic, and 
radiating masses, pseudomorphs after pyrite, siderite, magnetite, secondary precipitates 
on fossil bones, etc. (Berry and Mason, 1959; James, 1966; Bischoff, 1969; Murray, 
1979; Crerar et al., 1979; Herbillon and Nahon, 1988; Schwertmann, 1988; Young and 
Taylor, 1989; Bao et al., 1998). Most of these occurrences are present in huge amounts 
in both young and old systems. For example, lateritic soils cover a major percentage of 
the tropics and subtropics and are found commonly in the geologic record as palaeosols 
(Van Houten, 1982; Schwertmann, 1988; Fitzpatrick, 1988). 
The abundant presence of low-temperature iron(III) oxides improves their likely value 
as archives of palaeoenvironmental data. Still, to achieve this capability one or more 
compositional variables in these “rusts” need to be associated with the thermal state 










O), and the 
ratios of these isotopes are mostly different in natural materials. These variations, when 
measured, can augment the studies of carbonates, silicates, organic matter, water and 
atmospheric gases, etc. (Hoefs, 1997). 
 
3.5 Mineral-water isotopic fractionation 
3.5.1 Equilibrium processes 
The equilibrium division of isotopes of an element among any two substances is 
denoted by the equilibrium constant of an isotopic exchange reaction. Then the 
equilibrium constant develops a direct relation to the fractionation factor, α (Clayton 
and Epstein, 1958; Clayton and Epstein, 1961; O’Neil, 1986; Criss, 1999). Given below 













O        (3.1) 
For equation 3.1, 
18




O ratio of the 
indicated compound. In general, αa-b = [Ra/Rb]; and Ra = (
*
Y/Y)a, the fractionation factor 
α. 
*
Y typically represents the number of protons of the heavier isotope. Divided factors 
are mostly different as simple functions of temperature over restricted temperature 
ranges (O’Neil, 1986; Criss, 1999). For many mineral-mineral and mineral-water 
systems the fractionation of oxygen isotopes can be represented as below: 
1000 ln αa-b= AT
-2
+B      (3.2) 
A and B are constants that detail the isotopes of the element and the two substances of 
interest, a and b, T is the thermodynamic temperature (in °K). 
 
3.5.2 Disequilibrium processes 
Environmental interpretations of isotopic variations that result from disequilibrium 
processes require the understanding of: (a) mechanisms such as the rate-limiting step; 
(b) the intrinsic isotopic fractionation complementing all the stages; (c) the range of 
reaction or mass transfer; and (d) the prevalence of closed or open system conditions for 
performing the process. The environmental information about the isotopic differences 




molecules that can diffuse and/or react more quickly compared to the heavier molecules 
(O’Neil, 1986; Criss, 1999). Accordingly, the ratio of heavy to light isotopes in the 
resultant compound of a disequilibrium process may be less than in a case of matching 
equilibrium. The kinetic fractionation factors are represented by isotopic fractionations 
related to the disequilibrium processes. The low-temperature disequilibrium processes 
that have been under thorough scrutiny are: evaporation of water from oceans and lakes; 
diffusion of gases through soils; and enzyme-catalysed carboxylation in the initial CO2 
fixation step of photosynthesis (Craig and Gordon, 1965; Merlivat and Coantic, 1975; 
Stewart, 1975; O’Leary, 1988; Cerling et al., 1991; Gulbranson et al., 2011). 
 
3.6 Determination of fractionation factor (α) Values 
The information regarding the differences in stable-isotope ratios of natural materials is 
not useful unless it is drawn from the facts about the significant fractionation factors. 
This is also illustrated in Equation 3.2. The following methods can find out the values of 
α: (a) theoretical calculations, (b) isotopic exchange experiments, (c) synthesis 
experiments, and (d) isotopic compositions of coexisting natural materials that exist in 
modern environments (O’Neil, 1986). The discretionary method equates the values of α 
that result from calculations, isotopic exchange, and/or synthesis experiments with 
values of α measured in natural materials. 
Figure 3.2 illustrates a situation where there is a lack of dissolution and reprecipitation 
in structural oxygen, therefore, goethite and hematite do not measurably exchange 
isotopes with water at low temperatures (Becker and Clayton, 1976; Yapp, 1991). 
Consequently, laboratory calibrations of low-temperature, mineral-water, oxygen-
isotope fractionation factors for goethite and hematite must be calculated with synthesis 




 is dominant in natural chemical weathering 
(Schwertmann, 1988), but in the synthesis experiments that have been performed to find 
aqueous solutions with ferric ions, and oxidation in natural typic way did not occur 
(Yapp, 1987, 1990; Müller, 1995; Bao and Koch, 1999). Water is essential in chemical 
weathering and to interpret data of the iron(III) oxide δ
18
O data; thus it is necessary to 





















The isotopic exchange experiments at 100°C and 145°C have yielded values for Dα 
while synthesis experiments at 62°C and 25°C have contributed to determining these 
values (Yapp and Pedley, 1985; Yapp, 1987). The value of Dα is 0.905±0.004. This 
value lies within the analytical uncertainty and does not differ considerably with 
temperature over the range 25°-145°C (Yapp, 1987). No further experimental values of 
Dα could be found, however the value of 0.905 appears to be valid for natural 
continental goethites from young active bog and soil deposits (Yapp, 1997; Girard et 
al., 2000) and a Holocene marine goethite (Yapp, 1987, 2000). 
According to Zheng (1998) the practice of a semi-empirical technique to find the size 
and temperature dependence of 1000 ln
18
Oα for goethite-water is appropriate. The 
resultant outcomes from the calibrations of low-temperature oxygen-isotope 
fractionation elements between goethite and water were determined by Yapp (1987, 
1990), Müller (1995), and Bao and Koch (1999). They carried out their synthesis 
experiments at temperatures ≤140°C. The outcomes of these experiments varied in 
cation and anion solution chemistry, pH of the reaction solution, length of time the 
precipitate was aged, conditions of rinsing, etc. Outcomes were provided for the low-
pH, goethite synthesis experiments of Yapp (1990) and Müller (1995), and the high-pH 
goethite synthesis experiments of Müller (1995) and Bao and Koch (1999). Zheng’s 
(1998) calculations are as follows: 







- 12.3                 (3.3) 







-23.7                  (3.4) 










-12.1                     (3.5) 







-3.0                       (3.6) 







-8.004                  (3.7) 
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Figure 3.3 illustrates the fractionation curves forecast by using these equations. 
Equation 3.7 (Bao and Koch, 1999) represents 1000 ln
18 
Oα as a function of 1/T much 
more reasonably than does the 1/T
2
, nevertheless values of 1000 ln
18 
Oα are plotted in 
Figure 3.3 against 1/T
2
. The curve of Zheng (1998) matches the low-pH curve of Yapp 
(1990). However some variations exist in the total between the goethite-water curves 
shown in Figure 3.3. They are representative of the problems presented by the synthesis 
experiments to find the values of 
18 
Oα for low-temperature iron (III) oxides. These 












 for goethite-water fractionation 
factors determined by various synthesis experiments and calculation (from Yapp, 
2001). 
 
According to Bao and Koch (1999) there might be variances in sample rinsing and/or 
drying. These variances may be observed in equations 3.3 through 3.7 but there still is a 
need to go deeper in their evaluation. Variations in pH between the numbers of 
experiments can also contribute to these variances. Figure 3.2 indicates that goethite 
results from dissolution of ferrihydrite followed by precipitation of goethite 
(Schwertmann and Murad, 1983; Schwertmann, 1988). Goethite in natural and synthetic 
systems may obtain its isotopic ratio in the course of the dissolution-precipitation 
process (Yapp, 1987; Bao and Koch, 1999). The conversion of newly formed 




(~12), although when low pH (~2 to 3) is applied the conversion can take from months 
to years (Schwertmann and Murad, 1983). Usually when the conversion is slow it 
attains a close thermodynamic reversibility (equilibrium at each instant; Atkins, 1982), 
hence we can deduce that the outcomes of low-pH synthesis experiments are more 
likely to reach equilibrium values of α. Nonetheless, the availability or lack of mineral-
water isotopic equilibrium cannot be drawn from the outcomes of synthesis experiments 
only. Accordingly, the degree to which these curves mimic the actual isotopic 
fractionations that supplement crystallization of natural goethites becomes unknown. 
Table 3.3 shows findings of Yapp (1987, 1997), Bird et al. (1993), Mandernack et al 
(1995), Girard et al. (1997, 2000), Bao et al. (2000) and Poage et al. (2000) to describe 
modern temperatures, δ
18
O values of waters, and measured δ
18
O values of goethites that 
may be created under Holocene-like local environmental conditions. Values of 1000 ln
18 
Oα calculated from the published results are plotted against current environmental 
temperatures in Figure 3.4 which shows the information about oxygen isotope for six 
goethite samples gathered from subaqueous environments. The four numbered filled 
squares on curve in Figure 3.4 illustrate the following factors: 
(1) A marine hydrothermal goethite from the Atlantis II Deep in the Red Sea at 
60°C (Yapp, 1987). 
(2) Pedogenic goethite from a tropical laterite in French Guiana at 25°C (Girard et 
al., 2000). 
(3) Goethite in a nonmarine ferromanganese nodule from Oneida Lake, New York, 
at 10°C (Mandernack et al., 1995). 
(4) Goethite from a naturally acidic stream in the Rocky Mountains of Montana at 
5°C (Poage et al., 2000). 
Also shown in Figure 3.4 are goethite-water fractionation curves “A” (Yapp, 1990) and 








Table 3.3 Modern temperatures, δ
18
OW of modern waters, and δ
18
OG of “young” 











N4E-1 fine 23 -5.4 -0.2 +5.4 1 Carajas, Brazil 
N4E-2 fine 23 -5.4 -0.8 +4.6 1 Carajas, Brazil 
N4E-4 fine 23 -5.4 -0.4 +5.0 1 Carajas, Brazil 
Oneida Lake ~10 -8.9 -0.8 +8.1 2 New York, NY 
BNJ-1 23 -7.2 -0.9 +6.3 3 Batsto, NJ 
CBraz-1 23 -5.4 +1.2 +6.6 3 Carajas, Brazil 
C44-25.8 25 -3.1 +3.0 +6.1 4 Yaou,French 
Guiana 
G98-1 11 -7.0 -8.5 -1.5 5 Georgetown, NJ 
G97-3 11 -7.0 -2.5 +4.5 5 Georgetown, NJ 
Vincetown 11 -7.0 -2.5 +4.5 5 Vincentown, NJ 
Batsto Bog 2 11 -7.0 -3.5 +3.5 5 Batsto, NJ 
UP-Bog Iron 5 ~ -9.0 -6.1 +2.9 5 Upper Peninsula, 
MI 
Jordan-G 8 -8.3 -3.9 +4.4 5 Church, IA 
Zadog-IN 10 -7.8 -1.5 +6.3 5 Jasper County, IN 
BLKH-Bog 8 -15.9 -11.6 +4.4 5 Rochford, SD 
Taiwan 21 -6.0 -4.9 +1.1 5 Central Taiwan 
2,3,6-mod 5 ~-17.3 -8.5 +8.9 6 New World 
District, MT 
Marine samples 
AtIIRS-1 60 +0.7 +2.8 +2.1 7 Atlantis II Deep, 
Red Sea 
Islay 10 0.0 -1.2 -1.2 5 Islay, Scotland 
a
1, Bird et al., 1993; 2, Mandernack et al., 1995; 3, Yapp, 1997; 4, Girard et al., 







O value of three modern goethite samples shown in Table 3.3 were used 
to find the value of 1000 lnα for filled square 4 and the δ
18
O range given by Poage et al. 
(2000) was implied for waters existent at the time of creation. All four samples (filled 
squares) are subaqueous and result from many different events, however it not known 
how evaporative 
18
O enrichment can cause a close association with the curve in Figure 
3.4. On the other hand, in Figure 3.4 the two filled diamonds are related to curve B. The 
filled diamond at point 5 shows a marine goethite from Islay, Scotland, at 10°C, 
however, the diamond at point 6 shows a subaqueous, nonmarine goethite from 
marshland in Georgetown, NJ, at 11°C (Bao et al., 2000). While curve A provides a 
better justification for goethite-water oxygen isotope fractionation in natural samples, it 
fails to define the subaqueous data (filled diamonds) of Bao et al. (2000) which lie on 
curve B in Figure 3.4. 
 
 
Figure 3.4: Apparent oxygen isotope fractionation factors between young goethite 
samples and associated modern waters plotted against modern temperatures at the 
respective sites. Circles illustrate data from Bird et al. (1993). The unfilled square 
and unfilled triangle illustrate data from Yapp (1997). Unfilled diamonds illustrate 
data from Bao et al. (2000). Filled squares and filled diamonds represent goethites 




The data in Figure 3.4 also shows two separate clusters for the subaqueous samples 
which can account for isotopic disequilibrium presented in some samples (Yapp, 2001). 
This type of disequilibrium may develop from speedy crystallization when it interacts 
with iron-rich waters and calcite in oxidizing environments at pH values of ~7-8 or from 
microbially mediated creation of goethite (Crerar et al., 1979). Yapp (1997) was unable 
to determine the bacterial activity that affected the goethite-water isotopic fractionation 




Clayton and Epstein (1961) described the hematite-water oxygen-isotope fractionation 
curve that results from natural mineral accumulations of quartz, calcite, and hematite 
(Figure 3.5). This curve results from minerals that are most likely to be formed at T ≥ 
~100°C. According to Zheng (1991) a semi-empirical technique can be used to calculate 
temperature dependence for the hematite-water oxygen isotope fractionation factor. 
Yapp (1990) and Bao and Koch (1999) studied the hematite-water, oxygen-isotope 
fractionation factors by precipitating hematite from aqueous Fe
3+
 solutions under 
closed-system conditions. Varying temperatures, solution composition and duration of 
synthesis yielded multiple experiments. Bao and Koch (1999) were able to deduce the 
two hematite-water curves shown in Figure 3.5; one for synthesis experiments at a pH 
of ~1-2 and the other at a pH of ~8-9. A pH of ~1 was applied to hematite synthesis 
experiments of Yapp (1990). The resultant calculations for low-temperature synthesis 
experiments (T ≤140°C) and natural assemblages provided equation 3.9 that is given 
below. 







- 5.221                                              (3.9) 
For pH ~8-9 (Bao and Koch, 1999; Figure 3.5), 
1000 ln
18 




 – 6.194                                          (3.10) 
As calculated by Zheng (1991; Figure 3.5), 
1000 ln
18 



















 – 2.56                                             (3.12) 
The synthesis equations drawn by (Bao and Koch, 1999; i.e. equations 3.9 and 3.10) and 
the one drawn by (Clayton and Epstein, 1961; i.e. equation 3.12) are all the same. This 
is a very important piece of information since these equations correspond they are 
significant starting points for explanations of natural hematites. Yet, their use in low-
temperature systems has to be proven by measurement of the δ
18
O values of young 
natural hematites from environments with identifiable temperatures, pH levels and 
isotopic compositions of waters. 
According to Bao et al. (2000) the somewhat negative δ
18
O values (as low as -6.5‰) 
taken by Bird et al. (1993) for coarse-grained hematites from depths greater than ~20 m 
in the Carajas laterite depend on the use of the fractionation curves of Bao and Koch 
(1999) for natural samples. On the other hand, Bird et al. (1993) observed that the 
coarse-grained hematites look as if they are remnants of a metamorphic parent rock and 
they do not result from weathering. 
 
Figure 3.5: Oxygen-isotope fractionation temperature relations in ferric oxide-




3.7 Acquisition and preservation of isotope ratios 
The degree to which the goethite structural hydrogen and water undergo isotopic 
interchange on geologic time scales could not be found, but some evidence suggests that 
certain natural goethites are able to preserve their original δD values (Yapp and Pedley, 
1985; Yapp, 1987, 2000; Girard et al., 2000). It is a characteristic of structural hydrogen 
in goethite that it does not interchange isotopes with ambient water at low temperatures 
(~22°C) on laboratory time scales (Yapp and Poths, 1995). Going deeper into this 
phenomenon let’s suppose that the δD value of structural hydrogen in goethite shows 
the δD value of the waters extant when mineral crystallization takes place but it can be 





O ratios of goethite and hematite both result from their ability to form after 
precursors like ferrihydrite (Yapp, 1987; Bao and Koch, 1999). The dissolution and 
precipitation usually take place during the course of transitions as illustrated by 
chemical and isotopic data (Schwertmann and Murad, 1983; Bao and Koch, 1999). 
Since dissolution and precipitation occurs with goethite, then indication about isotopic 
interchange between goethite structural oxygen and ambient water can be obtained 
(Yapp, 1991). Hematite also repels the oxygen-isotope interchange (Becker and 
Clayton, 1976). Consequently, the very low aqueous solubilities of goethite and 
hematite define their ability to hold isotopic data in older environments. 
The irregular distributions of goethite δ
18
O values presented by Girard et al. (1997) 
from the upper 3 m of a French Guiana laterite might have been caused by microbially 
mediated dissolution and later precipitation. That is why multiple generations of 
goethite made under unlike environmental conditions are preserved. Similarly, in the 
saprolite that underlies the pedogenic goethites with estimated ages of ~10
6
 years did 
not dissolve and reprecipitate, and it appears to have retained their original δ
18
O values 
(Girard et al., 1997, 2000). According to the findings of Yapp (1998) goethites covered 
with oolitic ironstones as old as Late Ordovician showed their ancient oxygen isotope 
ratios. The localized chemical variations at the microbe-mineral interface can cause 
microbially mediated dissolution and precipitation of goethite in nominally oxidizing 
surficial environments like aerobic soils and bogs (Crerar et al., 1979; Hersman et al., 
1996; Grantham et al., 1997; Maurice et al., 2000). Goethite and hematite are equally 




isotope ratios in goethite are normally appropriate for hematite. If hematite results from 
ferrihydrite precursors (as shown in Figure 3.2) δ
18
O values of hematites may be 
sedimentary or premature, low-temperature diagenetic environments (Bao and Koch, 
1999). Seemingly, goethite is not affected by dissolution and reprecipitation and will 





relies on the burial history of goethite. 
 
3.8 Stable isotopes of oxygen and hydrogen and natural iron(III) oxy-hydroxides 




O values of a hydroxide mineral can be used to draw, palaeo-
temperatures under the conditions suggested by Yapp (2000) as indicated below: 
(1) oxygen and hydrogen isotopes are essential for the mineral-water fractionation 
and their temperature dependence needs to be known, 
(2) during mineral crystallisation, isotopic equilibrium or near equilibrium is 
essential, 
(3) retention of the hydrogen and oxygen within the mineral structure from time of 
mineral formation is needed, 
(4) complete information about the link between the oxygen and hydrogen isotope 
compositions of the waters is needed, and 
(5) the water-rock ratios that ensue during mineral crystallisation. 
It is very unfortunate that these conditions are not achieved to find out the specific 
isotopic structure of the meteoric waters (item 4 above). The iron(III) minerals naturally 
exist in huge amounts, α-FeOOH (goethite) and α-Fe2O3 (hematite). Either experimental 
or thermodynamic techniques have been used to evaluate the mineral-water oxygen-
isotope fractionation curves. 
Figure 3.6 shows a plot of δD versus δ
18
O for low-temperature natural goethites that is 
sub-parallel to the meteoric water line. This close parallelism to the meteoric water line 
shows the isotopic equilibrium during the formation of natural goethite. The δ
18
O values 
of natural goethites range between -15.5 to +3.3‰ whereas the δ
18
O values for low-
temperature hematite lie between -16.7 to +4.7‰ as shown in Table 3.3. The 




and hematite are both are a consequence of alteration of meta-stable ferrihydrite. The 
conditions required for the formation of precursor ferrihydrite control their isotopic 
structure. 
The goethite-water fractionation factor, α, may be explained as α= Ra/Rb, where a = 





Dα= (D/H) goethite/(D/H) water, and a matching equation is applied to 
18
Oα 
The resultant value of 0.905 ± 0.004 for Dα in the temperature range of 25-145˚C lie 
between the natural continental goethites from active (i.e. young) bog and soil deposits 
(Yapp 1997; Girard et al., 2000) and Holocene marine goethite (Yapp 1987, 2000, 
2001). 
 
Figure 3.6: The variation of natural goethites δD versus δ
18
O values. Craig’s 
(1961a) meteoric water line (MWL) is shown for reference. The goethite data form 
an array which is generally parallel to the MWL, although there is considerable 
scatter. The 0°C and 60°C isotherms were calculated from synthetic goethite 
fractionation factors (Yapp, 1987), 
 
The synthesis experiment at different pHs, for determining the hematite-water oxygen 
isotope fractionation factor were conducted by a number of researchers including Yapp 
(1990, 2001) and Bao and Koch (1999, 2000). The equations obtained were similar, 




Yapp (2001) reported the physical effects of soil-depth and evaporative/seasonality 
influences on delta values of goethite. He established that soil depth did not have a 
significant influence on the isotopic values. The delta values (
18
O and D) of goethite can 
be used to evaluate the evaporative/seasonality influences. Rain or snow, the meteoric 
waters that did not face evaporation, lie on the plot or close to the meteoric water line. 
Yapp (2001) explored three possibilities to find the evaporative influences: 
(A) the delta values of freely evaporating water are positive in nature; they range 
from δD/δ
18
O slopes of 4-6 as explained by Craig et al. (1963); 
(B) soil waters are similarly enriching in the delta values. They have δD/δ
18
O slopes 
of 2-5; and 
(C) the iron(III) minerals’ isotopic values (δ
18
O and δD) are near the meteoric water 
line (δD/δ
18
O slope 8), or are around 2-6 for evaporation, they suggest the nature 
of environment. 
The paired delta values of continental goethites tend to have a definite isothermal trend, 
for iron(III) minerals resulting from meteoric water. Their formation conditions (iron III 
minerals in areas like Australia, North America, Europe and Africa are defined through 
clay isotopicstudies such as kaolinites. These clays can hold their original isotopic 
structure thus they are used widely. The use of iron(III) minerals needs proof that they 
can hold their initial isotopic structure within one geological time frame. 
The oxygen-isotope ratios of iron(III) minerals are drawn from the course of evolution 
of the precursor ferrihydrite (Yapp, 1987; Bao and Koch, 1999). Dissolution and 
precipitation of iron(III) minerals are deduced from isotopic interchange with new 
meteoric waters. Yapp (2001) pointed out that the very low aqueous solubilities of such 
minerals define their ability to hold their isotopic structures through geological time. 
Fractions of different sizes in the iron(III) minerals, mostly goethite, were exposed to 
dissolution in oxidising conditions. Normally, for a given pH, goethite solubility 
amplifies when oxidation potential is lowered; also, the solubility of goethite is 
enhanced by reducing particle size. Therefore, we can deduce that the absence of 
frequent strongly reducing/oxidising conditions, lack of microbe-induced dissolution 
and precipitation, and completing ligands on near surface soils and logs guaranteed 




The retention of δ
18
O by particular pedogenic goethites (as old as 10
6
 years) cannot be 
proved Girard et al. (1997, 2000) but it has been retained in Ordovician oolitic 
ironstones Ordovician (Yapp, 1998). The burial history of goethite is important in 
measuring its oxygen isotopic holding capabilities. Goethite does not take place in 
dissolution/precipitation reactions when detached from environments of certain 
biological activity; therefore, they act as a closed system. Goethite and hematite have 
matching solubilities; Yapp (2001) deduced that goethite is like hematite which can 
exchange its oxygen in only a few ways related to dissolution/precipitation processes. 
Hematite can be derived from precursor ferrihydrite by dehydration or from goethite by 
solid-state alterations at temperatures around 200°C. Evaluating the δ
18
O formation 
patterns of hematite shows its formation from solid-state dehydration of goethite. It 
occurs during higher temperatures of low-grade metamorphism. Its geological 
background must be evaluated to find the similarities in the oxygen-isotope ratios of 
early hematites (Yapp, 2001). 
A number of iron(III) minerals hold their δ
18
O values. δD values revealed that some 
samples did quantitatively hold hydrogen as compared to others (Yapp, 2001). So the 
isotopic structure of certain samples does not tell anything about the creation waters 
during mineral crystallisation. The preceding argument implies that the δ
18
O values of 
Australian surficial goethite and hematite provide suggestions that slight metamorphism 
and diagenesis took place as shown in Table 3.4. 
 
Table 3.4: Measured δ
18
O values of iron(III) minerals, the data come from 
Atlhopheng (2002) and Chivas and Atlhopheng (2010). 
All types of natural goethites -15.5 to +3.3‰ 
Low-latitude laterites (goethites) -1.8 to +3.3‰ 
Low palaeolatitude oolitic ironstones (goethite) -2.3 to +1.7‰ 
Natural hematites (low-temperature, non-marine) -16.7 to +4.7‰ 
Iron(III) minerals from Athlopheng (2002) +3.4 to +10‰ 
 
Atlhopheng (2002) studied the Thirroul area in New South Wales and mine pits in the 
Yilgarn Craton, Western Australia. His results confirmed a δ
18




Thirroul goethite sample; +3.4, +6.2 and +6.0 ‰ for the Lawlers Turret Pit (Western 
Australia); and +8.9 and +3.3 ‰ for the Bronzewing and Discovery Pitt (Western 
Australia), respectively. 
It is obvious that the above mentioned studies did not cover the majority of the 
weathered regolith profiles in southern Australia (especially South Australia), so a lack 
of comprehensive oxygen isotope dating [using iron(III) oxides] for Australian 
weathered profiles is obvious. Therefore, in this research a comprehensive coverage and 
comparison of new oxygen isotope data set, associated with previous data sets and 
sampling locations, has been provided for iron(III) oxides and their underlying clay 
associates. In this context, this research mainly focuses on determining the validity of 
the ages for iron(III) oxides and clay minerals in the weathering profiles through 









































Chapter Four: Study Methodology 
During the course of this research, a range of techniques have been employed to obtain 
the data presented. The following sections describe the methodologies applied, starting 
from the fieldwork carried out in Australia, to the various laboratory analyses conducted 
as part of this study.  
 
4.1 Project’s main aim 
The aim of this project is to study oxygen-isotope variations in iron ferric oxides and 
their corresponding clay minerals during regolith weathering in southern Australia. It 
also investigates the validity of ages for iron ferric oxides and clay mineral formation in 
the weathering profiles. For this study, iron oxides have been separated from other 
minerals in the eligible samples with high iron content. Many physical and chemical 
procedures were employed to make the samples as pure as possible. The procedures 
have explained in detail in this chapter except for the oxygen extraction section which 
detailed in the appendix at the end of thesis. 
The clay minerals have been compared with previous results in the literature and also 13 
new samples from different field sites that have not been covered by previous studies 
have been analysed here. Geochemical and oxygen-isotope dating methods have then 
been used to determine the age, and the oxygen- isotope geochemistry of the iron ferric 
oxides and clays. 
 
4.2 Fieldwork 
The area covered in this study is southern Australia which includes the south-eastern 
and central parts of South Australia and three study sites in south-western Australia 
(Figure 1.9). Two field seasons were planned based on existing 1:250000 and 1:100000 
scale geological maps covering the study sites. All observations were recorded in a field 
notebook, and cross-referenced to sample and observation localities on the geological 
base maps. No attempt was made to map specific areas in detail, but local 
inconsistencies in existing maps were noted where necessary. 
Field work was conducted at selected outcrop exposures, road and railway cuttings and 




July 2007 and July 2008, many samples were collected for analysis (Figures 4.1, 4.2, 
4.3, 4.4).  
Six additional samples were also analysed (Figures 4.5 and 4.6). The latter samples 
were collected by Prof. Brad Pillans (ANU), who had already performed 
palaeomagnetic age determinations on a variety of sites across Australia. 
At each sampling location, details of the landscape position were recorded, including 
aspect and nature of regolith materials. Sample positions were recorded by Global 
Positioning System (GPS) survey equipment. 
In general, a 0.4 to 5.5 kg sample was collected from each site and sealed in a clean zip-
lock plastic sample bag. Care was taken to remove any contaminating material from the 
surface to be sampled and to ensure that the sample was collected from an undisturbed 
locality. The sample was then labelled, using an inedible ink marker, with the sample 
locality, GPS information and a brief description of the material and its geological 
setting recorded. No special effort was made to conserve original moisture content in 






Figure 4.1: Location of sampling sites in southern Australia [1:2.5 million geology, 





Figure 4.2: Location of sampling sites in southern South Australia [1:1 million geology, 






Figure 4.3: Location of sampling sites in central South Australia [1:1 million geology, 





Figure 4.4: Location of sampling sites in southwestern Australia [1:1 million geology, 







Figure 4.5: Location of sampling sites in Victoria collected by Prof. Brad Pillans [1:1 







Figure 4.6: Location of sampling sites in the northern part of Western Australia 
collected by Prof. Brad Pillans [1:1 million geology, Copyright Commonwealth of 
Australia (Geoscience Australia), 2003]. 
 
4.3 Sample preparation 
Sample preparation was conducted at the University of Wollongong preparation and 
geochemistry laboratories. All materials to come in contact with the samples were 




prepared, bench tops, utensils and equipment were washed and dried and sub-samples 
were packaged, labelled and stored prior to handling the next sample.  
The first stage in sample preparation was disaggregating iron oxides from other parts of 
samples (typically clays and quartz) by using a knife to scratch the outer (iron-rich) part 
of each sample. This method was used because the outer coating parts of samples, 
which contain the highest amount of iron oxides, needed to be as pure as possible for 
this study. The separated parts were crushed by hand in an agate mortar. Some samples 
were not soft enough to separate using a knife so those samples were pulverised in a 
large diameter Cr-steel mill. Pulverising time was generally quite short (12-18 seconds) 
to avoid fine pulverising and significant damage to the minerals’ crystal lattice. 
 
4.4 Analytical methods  
4.4.1 Mineralogical determination 
The mineralogy of the selected samples was determined by X-ray diffraction (XRD) 
using a Philips X-ray diffractometer fitted with a Philips PW 1170/70 automated sample 
changer. The operating parameters are 35 kV, 28.5mA; CuKα radiation with a graphite 
X-ray monochromator. The scan speed and scan length are 2 degree 2θ/min and 4-70° 
2θ, respectively. Samples were progressively re-assessed by XRD after successive 
purification steps using a Frantz isodynamic high gradient magnetic separator, clay 
settling analysis and chemical procedures. Quantitative analysis and interpretation of the 
XRD data were facilitated by Traces 4 and Siroquant version 2 software. 
 
4.4.2 Magnetic separation of iron oxides 
In order to extract iron (III) oxides from the samples magnetic mineral separation was 
employed (Frantz Isodynamic Magnetic Separator), wherein the sample is typically 
separated into two different fractions using the magnetic properties of the constituent 
minerals. The magnetic separator consists of a large electromagnet through which 
mineral mixtures can be passed on a metal trough. The slope of the entire electromagnet 
and trough assembly can be modified to control the sample flow. The trough is 
connected to a vibrator, which can be adjusted to further control the sample-passing 




magnetic field, and the strength of the electromagnetic field through which the sample 
flows. The trough splits into a left and right pathway, into which a mineral is either 
repelled or attracted by the magnetic field depending on its anti-ferro-, dia- or 
paramagnetic properties. By varying the strength of the magnetic field and/or tilt of the 
trough, the minerals can be separated according to their specific magnetic properties. 
In a first stage, a powerful hand magnet wrapped in a clean piece of paper was used to 
extract strongly magnetic (ferromagnetic) minerals from the sample. These minerals are 
attracted to any magnet and can foul the Frantz magnetic separator if not removed. In 
the following stages, each sample is passed twice through the Frantz Isodynamic 
Separator using a tilt of 15°, forward slope of 25° and magnet current of 0.4 and 0.3 
Amperes. The results of the magnetic separation analysis have been shown in Table 4.1 
 
4.4.3 Pipette and settling analysis for clay mineral separation 
The pipette method is widely used for analysing and separating silt and clay sized 
materials. Usually the settling velocities used in pipette analyses are calculated from 
Stokes’ Law.  
Initially, selected samples are checked to make sure that the overall particle-size 
distribution is appropriate (i.e. in the range 2.9→105 µm). Then, the samples are 
disaggregated and the <20 μm fraction obtained by standard sedimentation and pipette 
analysis techniques. The times and depths of withdrawals for particles of each sample 
have been calculated by: 
Tmin= Depth in cm/ 1500×A×d
2
 (mm)       (Folk, 1980) 
T is the time in minutes, d
2
 is the square of the particle diameter in mm (0.020mm for 
20 µm), and A is a constant which depends upon viscosity of the water (a function of 
temperature), the force of gravity and the density of the particles (Folk, 1980). For each 
sample the volume of water was fixed at 1000 cc (in a measuring cylinder) and the 
maximum depth of drainage was fixed at 17.7 cm from the water surface at the top of 
the cylinder. After a suitable time following thorough agitation (between 3 and 7 
minutes, depends on the temperature), which was calculated for each sample separately 





The rest of each sample was collected, washed (three times with deionised water) and 
dried in the oven (maximum temperature 45°C) for further analysis.  The results of the 

























            
Sample locality 








Mount Lofty            
Mt. Torrens-SA BKSA12A A    crushing 13.5 0 31 21 10 0 13 10 5.838 
  B   clay settling 35.5 0 52 3.5 1.4 0 2.9 1.7 3.07 
  C   CBD 22.2 4.5 38.7 28.3 0 6.3 0 0 0.1799 
  D   NaOH 11.3 0 88 0.7 0 0 0 0 0.0767 
            
Mt. Torrens-SA BKSA12B A   crushing 0 0 6.8 93.2 0 0 0 0 26 
  B   clay settling 0 0 1.4 96 0 2.6 0 0 0.7370 
            
Mt. Torrens-SA BKSA12C A   crushing 16.5 1 40 26.5 3.5 0 2 9 6.527 
  B  clay settling 35.5 1.5 43 12.1 1.3 0 0 4.4 2.95 
  C  CBD 16.1 4.4 51.9 27.7 0 0 0 0 0.1218 
  D  NaOH 9.1 1.9 83.1 5.8 0 0 0 0 0.0543 
            
Blackwood railway-SA BKSA13 A  crushing 9 7.5 28 28 8 0 7.5 9.5 10.376 
  B  clay settling 37.5 15 29.5 6.6 2 0 1.4 4.5 0.91 
  C  CBD 2.6 1.1 67.2 19.6 0 9.6 0 0 0.0596 
  D  NaOH 22.3 37.9 39.8 0 0 0 0 0 0.0358 
            
Chandlers Hill-SA BKSA14A A  crushing 17 5 29 16.5 10 0 8 12.5 7.455 
  B  clay settling 40 14.5 35.5 2.1 2.5 0 1.8 1.7 0.69 
  C  CBD 3.6 4.8 41.2 28.6 0 21.8 0 0 0.0523 
  D  NaOH 26.4 10.7 62.8 0 0 0 0 0 0.0511 
            
Chandlers Hill-SA BKSA14B A  crushing 14 9.5 10.5 35 14 0 6 9 9.445 
  B  clay settling 36 16.5 26.5 9.8 6.4 0 3.2 0 1.19 
  C  CBD 9.9 10 20.8 37.7 0 21.6 0 0 0.1196 












  D  NaOH 24.6 16.1 52.2 7.1 0 0 0 0 0.0523 
            
Chapel Hill-SA BKSA15 A  crushing 3 0 38 21.5 35 0 0 0.5 3.648 
  B  clay settling 35.5 0 49.5 4.3 10.4 0 0 0 2.1 
  C  CBD 6.2 3 77.8 13 0 0 0 0 0.2153 
  D  NaOH 3.3 5.9 88.3 2.6 0 0 0 0 0.2143 
            
Seaview Quarry-SA BKSA16A A  crushing 1 4 86 2.6 1.2 0 3.6 1.5 0.903 
  B  clay settling 2 11 81 0.7 0.2 0 2.1 0.5 2.83 
  C  CBD 0.7 3.9 95.1 0.3 0 0 0 0 0.1089 
  D  NaOH 0.4 1.2 98.1 0.2 0 0 0 0 0.0724 
            
Seaview Quarry-SA BKSA16B A  crushing 1 3.5 83 4 3.8 0 1 2.8 6.49 
  B  clay settling 3 10.5 79 2.9 2.3 0 0.5 1.5 2.52 
  C  CBD 0.8 0.9 95.4 2.9 0 0 0 0 0.1537 
  D  NaOH 0 1.1 98.9 0 0 0 0 0 0.0823 
            
Seaview Quarry-SA BKSA16C A  crushing 1 5 85 2.5 1.1 0 2.9 2.3 1.006 
  B  clay settling 4.5 6.5 82.5 0.8 1.1 0 0.9 1.2 2.5 
  C  CBD 1 0 96.9 2.1 0 0 0 0 0.1736 
  D  NaOH 0 2.1 96.7 1.2 0 0 0 0 0.1304 
            
Range Road-SA BKSA17A A  crushing 0 0 60.5 23.9 0 0 3 12.6 28 
  B  clay settling 0 0 40.8 59.2 0 0 0 0 0.0615 
            
Range Road-SA BKSA17B A  crushing 5 0 61.5 9.7 16.7 0 5.5 9 2.614 












  C  CBD 5.2 1.9     83.6 6.3 0 0 0 0 0.2396 
  D  NaOH 4.6 0 95.4 0 0 0 0 0 0.1448 
            
Range Road-SA BKSA17C A  crushing 10 0 56 12.1 18 0 3.2 0.7 5.059 
  B  clay settling 26.5 0 56 6.8 7.9 0 0.9 0 3.22 
  C  CBD 6.6 3.9 76.1 13.4 0 0 0 0 0.1786 
  D  NaOH 4.7 4.9 86.5 4 0 0 0 0 0.1212 
            
Willunga Hill-SA BKSA18A A  crushing 0 0 29.2 70.8 0 0 0 0 25 
  B  clay settling 0 0 11.4 88.6 0 0 0 0 1.8638 
            
Willunga Hill-SA BKSA18B A  crushing 11 0 31 33.6 16.5 0 0 5.8 3.978 
  B  clay settling 43.5 0 35.5 10.3 4.1 0 0 4.6 1.16 
  C  CBD 4.6 0 41.3 43.7 0 10.4 0 0 0.1033 
  D  NaOH 21 6.2 71.1 1.7 0 0 0 0 0.0796 
            
Yundi road cut-SA BKSA19A A  crushing 2 3.5 75 11.5 5 0 2.1 0.8 3.035 
  B  clay settling 7.5 10 77.5 2 0.9 0 0 0 2.48 
  C  CBD 1.8 1.1 93.1 4 0 0 0 0 0.2403 
  D  NaOH 1.2 0.6 96 2.2 0 0 0 0 0.1479 
            
Yundi road cut-SA BKSA19B A  crushing 1.5 12 75 3 1.9 0 4.9 1.5 8.876 
  B  clay settling 9.5 23.5 60 1.9 1 0 3.5 0.5 5.14 
  C  CBD 2.3 6.7 85.6 4 0 1.4 0 0 0.1365 
  D  NaOH 2 10.9 87.1 0 0 0 0 0 0.0736 
            












  B  clay settling 0 0 0 100 0 0 0 0 0.9947 
            
Green Hills road cut-SA BKSA20A A  crushing 0 0 80.5 19.5 0 0 0 0 28 
  B  clay settling 0 0 29.7 70.3 0 0 0 0 1.2603 
            
Green Hills road cut-SA BKSA20B A  crushing 8.5 0 45 30.8 11.8 0 1.6 2.2 8.145 
  B  clay settling 43 0 30.5 14.9 1.3 0 2.7 5.2 1.98 
  C  CBD 5.4 2.3 81.2 6.3 0 4.9 0 0 0.0424 
  D  NaOH 5.6 4.3 77.7 12.3 0 0 0 0 0.0517 
            
Gun Emplacement-SA BKSA21A A  crushing 6 2.5 65 4.1 13.8 0 6 2 5.3 
  B  clay settling 16.5 6 65 1.9 6.3 0 1.3 0.5 3.38 
  C  CBD 6.6 1.8 84.9 6.6 0 0 0 0 0.2347 
  D  NaOH 3.4 0.5 95.8 0.4 0 0 0 0 0.1223 
            
Gun Emplacement-SA BKSA21B A  crushing 0 0 90.3 7.8 0 2 0 0 28 
  B  clay settling 0 0 52 11.3 36.7 0 0 0 0.3839 
Central South Australia            
Lyndhurst-SA BKSA4 A  crushing 0 0 49.1 43.1 0 0 7.9 0 25 
  B  clay settling 0 0 40.9 59.1 0 0 0 0 0.1077 
            
Lyndhurst-SA BKSA6C A  crushing 4 48 4.5 15.6 8.6 0 9.9 6.9 2.789 
  B  clay settling 9 73.5 5 4 0 0 3.4 3.1 5.8 
  C  CBD 0 92.5 7.5 0 0 0 0 0 0.1835 
  D  NaOH 0 92.6 7.4 0 0 0 0 0 0.1579 
            












  B  clay settling 9.5 43 33 2.8 1.3 0 2.2 5.5 0.43 
  C  CBD 4.6 16.7 55.3 9.8 0 0 0 0 0.1123 
  D  NaOH 7.9 48.1 44 0 0 0 0 0 0.1089 
            
William Creek-SA BKSA9B A  crushing 10 21 45 5.5 4 0 6 7.5 5.819 
  B  clay settling 15 35 37 2.1 2.2 0 1.8 3.8 2.53 
  C  CBD 15.4 29.5 40.2 14.9 0 0 0 0 0.1135 
  D  NaOH 15.7 27.1 57.2 0 0 0 0 0 0.1183 
            
Coober Pedy-SA BKSA10A A  crushing 44 4 3 13 8 0 12 14 3.435 
  B  clay settling 81 4.5 3 2.4 0.5 0 1.9 4.5 4.42 
  C  CBD 55.7 10.4 5.6 22.2 0 6 0 0 0.2169 
  D  NaOH 76 7.9 4.7 11.4 0 0 0 0 0.0909 
            
Coober Pedy-SA BKSA10B A  crushing 21 10 39 11 7.5 0 8.5 1 7.023 
  B  clay settling 46 12.5 25.5 5.2 4.3 0 4.5 0 3.12 
  C  CBD 39 18.7 22 20.3 0 0 0 0 0.1563 
  D  NaOH 40.1 18.4 22.5 19 0 0 0 0 0.0566 
            
Coober Pedy-SA BKSA23 A  crushing 3 0 33 14.2 38.1 0 4.4 6.3 7.646 
  B  clay settling 37 0 45 3.1 8.9 0 0.9 4 3.53 
  C  CBD 7.1 7 43.2 42.2 0 0 0 0 0.1753 
  D  NaOH 28.5 0 71.5 0 0 0 0 0 0.1086 
            
Coober Pedy-SA BKSA23A A  crushing 1 7 3 48.3 18.5 0 9.5 11 4.991 
  B  clay settling 70.7 15 2.5 1.6 2 0 0 6.2 12.22 












  D  NaOH 92.6 7.4 0 0 0 0 0 0 0.1403 
            
Moon Plain-SA BKSA24A A  crushing 3 10 5.5 11.2 12 0 46.8 9 1.605 
  B  clay settling 62 14.5 1 1.4 0.5 0 9.8 5.6 10.97 
  C  CBD 100 0 0 0 0 0 0 0 0.1337 
  D  NaOH 80 7.6 1.6 10.7 0 0 0 0 0.1585 
            
Oolgelima Creek-SA BKSA25C A  crushing 5 3.5 62 4.7 0 0 11 12 9.156 
  B  clay settling 17 7.5 63 0.5 0 0 4.4 5.5 2.34 
  C  CBD 4.8 3.1 86.1 0 0 6 0 0 0.0767 
  D  NaOH 4.5 7.5 85.2 2.8 0 0 0 0 0.0921 
            
Oolgelima Creek-SA BKSA27C A  crushing 36 4 15 18.4 12.8 0 0 11.6 0.992 
  B  clay settling 64 5 16 4.7 4.7 0 0 3.5 4.88 
  C  CBD 55.1 10.1 20.4 14.4 0 0 0 0 0.1339 
  D  NaOH 72.5 10.8 13.1 3.6 0 0 0 0 0.1269 
            
Giddigiddinna Creek-SA BKSA28A A  crushing 21 16 23 14.1 5 0 9 10 7.39 
  B  clay settling 43 18.5 22 4.7 0.4 0 2.5 6.8 6.75 
  C  CBD 30.6 24.1 30.5 14.8 0 0 0 0 0.1301 
  D  NaOH 40.7 29.2 30.1 0 0 0 0 0 0.0926 
            
Giddigiddinna Creek-SA BKSA29A A  crushing 47 8 15 7.6 8 0 6.2 5.5 2.256 
  B  clay settling 55.7 7.6 27.6 0.6 1 0 0.9 0 7.42 
  C  CBD 65.9 11.8 22.2 0 0 0 0 0 0.2212 
  D  NaOH 49.9 18.3 31.8 0 0 0 0 0 0.1463 












Arckaringa road-SA BKSA30A A  crushing 11 25 40 6.4 4.2 0 4.6 6.8 7.119 
  B  clay settling 19.5 40.5 27 3.2 0.8 0 1.3 5.6 3.73 
  C  CBD 9 48.9 28.4 13.6 0 0 0 0 0.1109 
  D  NaOH 9.3 58.4 22.2 10 0 0 0 0 0.1264 
            
Arckaringa road-SA BKSA30B A  crushing 10.5 10 46 16.5 9.6 0 0 5.8 5.864 
  B  clay settling 25 8 65 0.9 0.4 0 0 0 1.99 
  C  CBD 23.9 17.6 58.6 0 0 0 0 0 0.0499 
  D  NaOH 38.8 6.5 52.1 2.6 0 0 0 0 0.0332 
            
Mt. Batterbee-SA BKSA31A A  crushing 59 6 8.5 4.9 6 0 3.7 9.2 4.166 
  B  clay settling 72.5 7 6 3 3.5 0 2.1 3.3 10.37 
  C  CBD 76.3 7.8 8.7 7.2 0 0 0 0 0.1316 
  D  NaOH 72.7 8.1 8.8 10.4 0 0 0 0 0.1086 
            
Mt. Batterbee-SA BKSA31B A  crushing 0 6.5 75.5 10.2 2.3 0 0.6 3.1 5.518 
  B  clay settling 0 15.5 67.5 8.6 1.9 0 0 4.5 1.91 
  C  CBD 0 8.5 80.4 7.6 0 3.4 0 0 0.1349 
  D  NaOH 0.4 0 98.7 1 0 0 0 0 0.0431 
            
Arckaringa Hills-SA BKSA32B A  crushing 0.5 11 74 2.1 3.2 0 6.6 1.8 8.944 
  B  clay settling 1 20 70 0.5 2.1 0 3.7 1 1.42 
  C  CBD 0 8.3 85.3 6.5 0 0 0 0 0.2023 
  D  NaOH 0.4 13.4 83.9 1.9 0 0 0 0 0.1133 
            
Arckaringa Hills-SA BKSA32D A  crushing 12 9 60 3.7 2 0 2.2 8.7 11.361 












  C  CBD 9 6.4 75.3 9.4 0 0 0 0 0.1629 
  D  NaOH 22.8 8.2 58.8 10.1 0 0 0 0 0.1129 
            
Arckaringa Hills-SA BkSA32E A  crushing 0 0 48.9 51.1 0 0 0 0 5.84 
  B  clay settling 0 0 47.3 52.7 0 0 0 0 0.4257 
            
Arckaringa Hills-SA BKSA33A A  crushing 0 3 78 4.9 1 0 1.1 9.5 9.047 
  B  clay settling 0 10 78 2.2 0.5 0 0 6.4 1.7 
  C  CBD 0 3.1 93.1 3.8 0 0 0 0 0.1684 
  D  NaOH 0 1.2 96.5 2.3 0 0 0 0 0.0546 
            
Arckaringa Hills-SA BKSA33B A  crushing 37 6 35.5 2.9 7.1 0 4.5 5.4 6.722 
  B  clay settling 47 5 34 1.3 1.9 0 1.7 6.9 2.37 
  C  CBD 27.4 6.1 61.4 5.1 0 0 0 0 0.1278 
  D  NaOH 49.2 9 41.8 0 0 0 0 0 0.1342 
            
Arckaringa Hills-SA BKSA34A A  crushing 0 10.5 51.5 14.8 17.1 0 1 3.5 2.926 
  B  clay settling 0 35.5 51.5 2.1 6.3 0 0 2.4 0.7 
  C  CBD 0 22.2 77.8 0 0 0 0 0 0.1561 
  D  NaOH 0 3.7 94.6 1.7 0 0 0 0 0.0571 
            
Arckaringa Hills-SA BKSA34B A  crushing 24.5 13 17 23.2 10.4 0 0 9.2 8.397 
  B  clay settling 50 15.5 16.5 9.7 1.9 0 0 4.7 1.22 
  C  CBD 2.6 37.8 41 0 0 18.5 0 0 0.1502 
  D  NaOH 70.1 7.5 12.9 9.5 0 0 0 0 0.1344 
            












  B  clay settling 0 15.5 75.5 3.1 0.5 0 0 3.4 1.08 
  C  CBD 0 4.2 89.8 6 0 0 0 0 0.2371 
  D  NaOH 1.6 2.5 88.7 7.2 0 0 0 0 0.0332 
            
Arckaringa Hills-SA BKSA36 A  crushing 22 3.5 44 6.5 6.1 0 4.5 10.7 13.776 
  B  clay settling 37 5 42.5 3.3 1.4 0 2.2 4.2 1.5 
  C  CBD 9.2 6.6 66.5 17.7 0 0 0 0 0.1531 
  D  NaOH 46.8 11.2 23.8 18.2 0 0 0 0 0.0949 
            
Arckaringa Hills-SA BKSA37A A   crushing 25.5 5 42.5 13.7 6.4 0 3.1 2.3 6.062 
  B  clay settling 55.5 12 23.4 4.5 2.4 0 1 0.5 1.96 
  C  CBD 23.5 12.7 29.9 33.9 0 0 0 0 0.1217 
  D  NaOH 55.8 13.2 31 0 0 0 0 0 0.0789 
            
Arckaringa Hills-SA BKSA37B A  crushing 9 16 27 23.1 8.8 0 4 10.2 6.253 
  B  clay settling 18 28.5 35 8.1 2.7 0 1.6 4.5 6.88 
  C  CBD 20.7 25.8 31.7 21.8 0 0 0 0 0.1979 
  D  NaOH 45.1 10.9 44 0 0 0 0 0 0.0777 
            
Marla-SA BKSA38A A  crushing 13 1 65 6.3 7.8 0 5.4 1.5 5.266 
  B  clay settling 21 3.5 66.5 2.5 1.5 0 2.3 0.5 3.19 
  C  CBD 16.6 5.7 68.8 9 0 0 0 0 0.1571 
  D  NaOH 11.2 2.2 82.8 3.7 0 0 0 0 0.1299 
            
Marla-SA BKSA38B A  crushing 0.5 3.5 48.5 24.2 22.4 0 0.8 0 2.674 
  B  clay settling 4 23.5 61.5 3 6.2 0 0 0 2.71 












  D  NaOH 0.7 0.8 97.2 1.4 0 0 0 0 0.1419 
            
Marla-SA BKSA38D A  crushing 0 0 66.9 32.3 0 0 0 0.8 25 
  B  clay settling 0 0 12.3 87.7 0 0 0 0 0.4256 
            
Cadney Park-SA BKSA40B A  crushing 51.5 6 11.5 13.4 5.9 0 2 7.5 12.009 
  B  clay settling 65.5 6.5 14 5.7 1.3 0 0 4.9 2.42 
  C  CBD 66.9 8.5 14.3 10.2 0 0 0 0 0.1236 
  D  NaOH 80.7 11 8.2 0 0 0 0 0 0.1122 
            
Cadney Park-SA BKSA41B A  crushing 47.5 3 31 6.8 5 0 1.8 3.5 7.125 
  B  clay settling 55.5 3.5 29 3.8 2.4 0 0.5 3.2 9.02 
  C  CBD 34.9 1.8 59.8 3.5 0 0 0 0 0.1495 
  D  NaOH 70.8 0 29.2 0 0 0 0 0 0.1367 
            
Marla Mesa BPBK4 A  crushing 14.5 2.5 73 3.2 3 0 2.7 0 6.174 
  B  clay settling 29.5 3 59.5 2.1 2.2 0 1.5 0 2.27 
  C  CBD 15.1 6.4 74 4.5 0 0 0 0 0.0944 
  D  NaOH 14.4 5.6 77.1 2.9 0 0 0 0 0.0674 
Western Australia            
Kalgoorlie-WA BKWA2A A  crushing 17 0 20 44.8 9.9 0 1.3 5.5 4.044 
  B  clay settling 62.5 0 20.5 9.4 2.5 0 0 2.8 6.19 
  C  CBD 24.9 5.7 25.3 39.3 0 4.9 0 0 0.1273 
  D  NaOH 46.3 7.2 37.5 9 0 0 0 0 0.0602 
            
Kalgoorlie-WA BKWA2B A  crushing 0 0 44.5 54.4 0 1 0 0 22 












59.1 km east of Perth BKWA3A A  crushing 18.5 0 19 38.1 17.2 0 0 4.4 8.524 
  B  clay settling 38.6 0 48 2 2.7 0 1.7 4.3 0.49 
  C  CBD 6.1 0 60.1 28.7 0 5.1 0 0 0.1336 
  D  NaOH 38.6 7 54.4 0 0 0 0 0 0.1159 
            
59.1 km east of Perth BKWA3B A  crushing 0 0 12.2 87.8 0 0 0 0 25 
  B  clay settling 0 0 0 97.7 0 2.3 0 0 0.2599 
            
44.5 km east of Perth BKWA4A A  crushing 11 0 5.5 30.9 41.2 0 0 10.3 4.06 
  B  clay settling 57 0 27.5 3.4 6.4 0 0 3.1 1.31 
  C  CBD 0 0 21.9 76.3 0 1.8 0 0 0.1274 
  D  NaOH 19.7 3 77.4 0 0 0 0 0 0.0867 
            
44.5 km east of Perth BKWA4B A  crushing 0 0 14.4 85.6 0 0 0 0 25 
  B  clay settling 0 0 0 94.6 0 5.4 0 0 0.1637 
            
132.2 km east of Hyden BKWA5A A  crushing 2 0 5 39.1 41.9 0 0 9.8 4.217 
  B  clay settling 46.5 0 38 1.8 8.3 0 0 2.8 2.99 
  C  CBD 4.4 0 39.9 55.7 0 0 0 0 0.1714 
  D  NaOH 15.2 10.9 56.6 13.7 0 3.6 0 0 0.1768 
            
132.2 km east of Hyden BKWA5B A  crushing 0 0 14.5 38.6 44.4 1.1 0 1.4 20 
  B  clay settling 0 0 0 100 0 0 0 0 0.4910 
            
Meekatharra BPBK1 A  crushing 24.5 9.5 21.5 23.8 4.2 0 4.9 9.3 1.399 
  B  clay settling 49.5 11.5 22 9.6 1 0 1.6 2.3 1.21 






Stage (A): after crushing.  Stage (B): after clay settling analyses. Stage (C): after CBD (citrate-bicarbonate dithionite) treatment 
and Stage (D): after NaOH treatment.   SA: South Australia    WA: Western Australia    Hem: hematite     Goe: goethite       Qtz: 
quartz       Kaol: kaolinite      Hall: halloysite         








  D  NaOH 33.5 29.6 36.8 0 0 0 0 0 0.1041 
            
Paraburdoo BPBK6 A  crushing 35 19 5.5 11.1 6.1 0 8.5 12.8 2.768 
  B  clay settling 54.5 21 3.5 4.9 2.2 0 3.7 7.6 3.75 
  C  CBD 65.7 26.4 7.8 0 0 0 0 0 0.1777 
  D  NaOH 66.3 26.1 7.6 0 0 0 0 0 0.1551 
Victoria            
Lancefield BPBK2 A  crushing 18.5 0.2 30 28.7 5.2 0 2.4 10.9 1.532 
  B  clay settling 49 1 34 6.4 1.7 0 0.5 5.3 2.45 
  C  CBD 17.7 3.7 36.3 42.2 0 0 0 0 0.1196 
  D  NaOH 25.8 3.4 68.2 2.6 0 0 0 0 0.0632 
            
Lancefield BPBK3 A  crushing 10 4.5 36.5 29.7 4 0 3.2 10.3 3.677 
  B  clay settling 27.5 5 55.5 5.2 0.9 0 1.3 2.7 1.76 
  C  CBD 0 9.6 33 50.9 0 6.5 0 0 0.0943 
  D  NaOH 23.1 26.8 33.6 16.4 0 0 0 0 0.0818 
            
Melville Forest BPBK5 A  crushing 33 8.5 19.5 14.2 7.1 0 6.7 9.3 6.994 
  B  clay settling 55 18 24 1 0 0 0 0 0.87 
  C  CBD 10.8 10.5 45.3 33.4 0 0 0 0 0.0583 








4.4.4 Chemical treatment of samples 
After pipette analysis to remove clay minerals from the samples, two different chemical 
treatments were employed on selected samples to obtain the maximum purification of 
the iron oxides (see flowchart below). In the first chemical treatment, the 5M NaOH 
method of Yapp (1991) was used with some modification to dissolve remaining clay 
silicates within selected samples (Table 4.1 stage D). In this method, samples were 
weighed (250 mg, in some cases 300 mg) accurately before and after treatment to allow 
mass-balance calculations. For the second treatment, the sodium citrate-bicarbonate-
dithionite (CBD) method of Jackson (1979) was used with a minor modification to 
dissolve and remove the iron oxides in the samples (Table 4.1 stage C). In this method, 
the samples were also weighed before and after treatment for mass-balance purposes. 
These two methods are not sequential and an amount of sample (250 mg in some cases 
300mg) was chosen for each treatment separately. In some cases the treatment on 





4.4.5 Calculating substituted Al content (mol%) in goethite samples 
The stable isotope ratios of oxygen and hydrogen in the common low temperature 
goethite (FeOOH) can provide information on the temperatures and distributions of 
meteoric waters in modern and ancient oxidizing environments (Yapp, 2012). In natural 
goethite samples, Al substitutes for Fe in the goethite structure forming a goethite-
diaspore solid solution with mole fractions of AlOOH up to 0.30 (Schulze, 1984; 
Schwertmann, 1988; Siehl and Thein, 1989). A solid solution model by Yapp 1993b 





O fractionation factors (1000ln α). Therefore, to recalculate and correct the 
measured fractionation factors, it is required to accurate adjustment of the measured δD 
and δ
18
O values of Al-substituted goethites to the corresponding values for pure FeOOH 
which in turn facilitate palaeoenvironmental interpretations of isotopic data (Yapp, 
1993b, 1997, 1998, 2008; Girard et al., 2000, 2002). 
A second 1 g portion of Na2S2O4 
was added with stirring as before. 
A third portion of Na2S2O4 was 
added with stirring at the end of a 
further 5 minutes. Then, at the 
end of 15 minutes, 5 ml of 
saturated NaCl solution and 5 ml 





250 mg of sample placed in a 50 
ml centrifuge tube with 20 ml of 
0.3M Na-citrate solution and 5 
ml of 1M NaHCO3. The 
temperature was fixed at 75 to 
80°C in a water bath. Then 1 g of 
solid Na2S2O4 was added and the 
mixture stirred constantly for 1 




The suspension was mixed, 
warmed and entrifuged for 5 
minutes at 2000 rpm. The 
sample was washed 3 times 
with deionised water. Sample 
was transferred to a glass 
beaker and dried at 80° C 
overnight. Then, sample 
weighed and kept in a small 




                         
(2) Citrate-bicarbonate-
dithionite (CBD)  
The sample was washed once 
with 5M NaOH, 0.5M HCl (3-5 
minutes), twice with 1N 
(NH4)2CO3 and 3 times with 
distilled water. 
2 
Sample transferred to a glass 
beaker and dried at 80°C 
overnight. The sample was 
weighed and kept in a small 
container for further analysis. 
 
3 
                          
(1) 5 M NaOH 
ttt Method 
 
40 ml of 5M NaOH added to 250 
mg sample. The mixture was 
boiled for 2.5 hours. After 
cooling, it was transferred to a 
centrifuge tube, spun down for 7 






Al substitution for Fe in the goethite structure will increase the amount of the oxygen 
yield. This in turn, increases δ
18
O values. As a result, the 1000lnα will increase with 
increasing Al content. 
In this study, two different methods have been employed to measure the Al substitution 
for Fe in goethite samples: 
 
4.4.4.1 Measuring Al substitution for Fe in goethite-bearing samples using unit-cell 
dimensions in XRD graphs 
The ionic substitution of Al for Fe in goethite has been documented and shown to occur 
in goethites from soils in many previous studies (such as Norish and Taylor, 1961; Janot 
et al., 1971; Davey et al., 1975; Nahon et al., 1977; Bigham et al., 1978; Fitzpatrick, 
1978; Taylor and Schwertmann, 1978; Mendelovici et al., 1979; Lewis and 
Schwertmann, 1979; Schwertmann et al., 1979; Torrent et al., 1980; Fitzpatrich and 
Schwertmann, 1981; Kämpf, 1981; Schulze, 1984; Schwertmann, 1984; Schwertman, 
1988; Siehl and Thein, 1989 and Stanjek and Schwertmann, 1992). 
The Al
3+
 ion is slightly smaller than the Fe
3+
 ion, 0.53 A° versus 0.65 A°, therefore, 
when Al substitutes for Fe in the goethite structure, the average size of the unit-cell 
decreases. Considering that all other parameters remains equal, the unit-cell size is 
related to the amount of Al substitution and is indicated by shifts of the goethite XRD 
lines to smaller d (111 and 110)-values. The shift of XRD lines, particularly the 111 and 
110 lines (Norrish and Taylor 1961; Schulze, 1984) have been used to estimate Al 
substitution in goethite samples. The c dimension is calculated using the formula below: 
C= [1/d (111)
2




             (Schulze, 1982, 1984) 
Then mole % Al= 1730 - 572 × c         (Schulze, 1982, 1984)  









4.4.4.2 Measuring Fe/Al ratio of goethite samples using aqua regia (1 HNO3 and 3 
HCL) dissolution followed by ICP-MS analysis  
The other method to determine the amount of Al substitution for Fe in goethite samples 
is by dissolving the sample in aqua regia and measuring the ratio using an Induced 
Couple Plasma 
  
Table 4.2: The values for d (111), d (110) and c in selected goethite samples 
Sample name d(111) d(110) c 
BKSA6C (CBD trt) 4.1849 2.4506 3.023142 
BKSA6C (NaOH trt) 4.1869 2.4487 3.018827 
BKSA9A (CBD trt) 4.1869 2.4513 3.023703 
BKSA9A (NaOH trt) 4.1752 2.4448 3.01591 
BKSA9B (NaOH trt) 4.1791 2.4487 3.021763 
BKSA16A (NaOH trt) 4.1869 2.4526 3.026143 
BKSA19A (NaOH trt) 4.1908 2.4565 3.031998 
BKSA19B (NaOH trt) 4.1869 2.4513 3.023703 
BKSA28A (NaOH trt) 4.1791 2.4500 3.024207 
BKSA30A (CBD trt) 4.1791 2.4500 3.024207 
BKSA30A (NaOH trt) 4.1869 2.4513 3.023703 
BKSA31B (NaOH trt) 4.1830 2.4520 3.026491 
BKSA32B (NaOH trt) 4.1849 2.4526 3.026899 
BKSA34A (NaOH trt) 4.1879 2.4513 3.023326 
BKSA38B (NaOH trt) 4.1816 2.4517 3.026457 










Table 4.3: Substituted Al content (mol %) in selected goethite samples 
Sample Name Substituted Al content (mol %) in the 
goethite (XRD graphs) 
Mineralogy 
BKSA6C (CBD trt) 0.762663 Goethite + Quartz 
BKSA6C (NaOH trt) 3.231068 Goethite 
BKSA9A (CBD trt) 0.442141 Quartz + Goethite 
BKSA9A (NaOH trt) 4.899498 Goethite 
BKSA9B (NaOH trt) 1.551585 Quartz + Goethite 
BKSA16A (NaOH trt) -0.95406 Quartz + Goethite 
BKSA19A (NaOH trt) -4.30302 Quartz + Goethite 
BKSA19B (NaOH trt) 0.442141 Quartz + Goethite 
BKSA28A (NaOH trt) 0.153625 Quartz+ Hematite + Goethite 
BKSA30A (CBD trt) 0.153625 Quartz+ Hematite + Goethite 
BKSA30A (NaOH trt) 0.442141 Hematite +Quartz + Goethite 
BKSA31B (NaOH trt) -1.15264 Quartz + Goethite 
BKSA32B (NaOH trt) -1.38646 Quartz + Goethite 
BKSA34A (NaOH trt) 0.657468 Quartz + Goethite 
BKSA38B (NaOH trt) -1.13335 Quartz + Goethite 
BPBK6 (CBD trt) 0.997195 Hematite + Quartz+ Goethite 
 
Mass Spectrometer (ICP-MS). Before weighing the samples and starting the process, 
100-200 ml bottles were washed with 10% HNO3 overnight and rinsed with Milli-Q 
water to remove any contamination (bottles filled with 10% HNO3). Then, the samples 
containing quartz and goethite or pure goethite have been weighed (Table 4.4) and 1 ml 
of aqua regia added to each one in an ultra clean vial. The vials were left under a fume 
hood for 3 days to allow the acid to dissolve the samples and also for the quartz 








Table 4.4: Weight and mineralogy of the selected goethite samples for measuring 
Fe/Al ratio  
Sample No. Sample Weight (mg) Mineralogy 
BKSA6C (CB) 0.202 Goethite + Quartz 
BKSA6C (N) 0.209 Goethite 
BKSA9A (N) 0.208 Goethite 
BKSA9A (CB) 0.230 Goethite + Quartz 
BKSA9B (N) 0.239 Goethite + Quartz 
BKSA19B (N) 0.229 Goethite + Quartz 




























0.0086 0.8534 0.0100 0.1612 2.8632 0.0005 
BKSA6C 
(N) 
0.0127 1.2502 0.0101 0.1529 2.8537 0.0005 
BKSA9A 
(CB) 
0.0106 1.0486 0.0100 0.1455 2.8486 0.0005 
BKSA9A 
(N) 
0.0118 1.1667 0.0100 0.1547 2.8556 0.0005 
BKSA19B 
(N) 
0.0115 1.1477 0.0099 0.1581 2.8638 0.0005 
BKSA9B 
(N) 
0.0114 1.1301 0.0100 0.1532 2.878 0.0005 
BKSA32B 
(N) 
0.0118 1.1708 0.0100 0.155 2.8608 0.0005 
Blank B6 
Test 
0.0114 1.1332 0.0100 0.1614 2.8727 0.0005 
 
This process was followed by taking about 2 µml of dissolved solution from each 
sample without disturbing the particles settling at the bottom of the vials (quartz), then 
adding 2% HNO3 to make 1:100 dilution. Then the 1:100 dilutions once more diluted to 
1: 20 to reach the target 1:2,000 dilution. The dilution factors are calculated based on 
the weights: 
The final step was to make the standards to use in the ICP-MS. The standard calculation 





The final calculated results are shown in Table 4.5. 
Table 4.5: Final calculated results which show the measured Al content (mole %) 
in selected goethite samples using aqua regia dissolving method followed by ICP-
MS. 
Sample Name ICP-MS results without 
Al background in aqua 
regia (mol %) 
ICP-MS results with Al 
background in aqua 
regia (mol %) 
Mineralogy 
BKSA6C (CBD trt) 10.10 ± 1.21   2.90 ±1.21 Goethite + Quartz 
BKSA6C (NaOH trt) 3.76 ± 0.80  -8.70 ± 0.80 Goethite 
BKSA9A (CBD trt) 24.38 ± 1.43 -10.86 ±1.43 Goethite + Quartz 
BKSA9A (NaOH trt)          12.13 ± 0.70            0.01 ± 0.70 Goethite 
BKSA9B (NaOH trt) 0.33 ± 1.19         -11.66 ± 1.19 Goethite + Quartz 
BKSA19B (NaOH trt) 17.87 ± 0.90 -5.99 ± 0.90 Goethite + Quartz 





4.4.5 Extraction of oxygen from samples and oxygen-isotope analysis 
4.4.5.1 Introduction, background and construction of ClF3 line 
The routine technique used for oxygen extraction from iron oxides and clays in the 
School of Earth and Environmental Sciences at the University of Wollongong is similar 
to that described by Borthwick and Harmon (1982), with a vacuum line built to the 
principles of Clayton and Mayeda (1963). Oxygen for isotopic analysis was liberated 
quantitatively from dried and thoroughly out-gassed 9-11 mg of purified samples by 
reaction with chlorine trifluoride (ClF3) at 550 or 600°C (for quartz, quartz + hematite 
and hematite samples) and 450°C (for goethite samples) for 14-16 hours using an 
extraction line (Figure 4.7). Oxygen thus liberated was quantitatively converted to 
carbon dioxide by platinum catalysed reaction with an incandescent carbon rod.  
Isotopic analyses were performed on a dual-inlet PRISM III mass spectrometer in the 
geochemistry laboratory of the School of Earth and Environmental Sciences, University 
of Wollongong. Linearity and proportionality of the δ
18
O scale were maintained by 
analysing aliquots of three Oztech CO2 gases with nominal  δ
18
OVSMOW values of 10.6, 
25.0, 31.2 ‰, as if samples, in every day’s analytical session. By this comparison, CO2 
produced from NBS-28 quartz had an interim δ
18
O value of 9.2 ± 0.1 ‰ (1σ, n=8). 
Accordingly, this and other raw δ
18
O data were adjusted (by 0.5 ‰) to accord with the 
recommended value for NBS-28 of +9.6 ‰ (Coplen et al., 1983; Brand et al., 2014). An 
internal working standard of quartz (UOW-Q) measured during the analytical period has 
a δ
18
OVSMOW value of 10.7 ± 0.2 (1σ, n=36). However, earthy fine-grained iron oxides 
and clays are commonly isotopically less homogeneous and have larger variability. Our 
in-house references have δ
18
OVSMOW values of (UOW-H1, hematite) -0.3 ± 0.4 ‰ (1σ, 
n=17); (UOW-B1, goethite) -6.9 ± 0.6 ‰ (1σ, n=5), and (UOW-B6, goethite) -0.5 ± 0.1 
‰ (1σ, n=4). For interlaboratory comparison, we obtained a δ
18
OVSMOW value of 1.8 ± 
0.2 ‰ (1σ, n=3) for FCo1-3 goethite (Yapp and Poths, 1995) which has a recommended 
value of 1.7 ± 0.3 ‰. 
Regarding construction of the extraction line, the ClF3 line (high vacuum apparatus) is 
similar to that described by Clayton and Mayeda (1963) and Taylor (2004) but in detail 
has some modifications (Figure 4.7). The line is in two parts: the glass part, in turn, 
includes two parts. The mercury diffusion pump which is connected to a scroll pump on 




vacuum. This part includes a liquid nitrogen trap (to prevent mercury and its vapours 
entering the system) and a dry ice + ethanol slurry trap (to prevent mercury and its 
vapours entering into the scroll pump). The second part is the sample collecting part. 
This part, in turn, includes the oxygen to CO2 converter vessel; a five finger shaped 
sample collection part and the manometer to measure the collected CO2 yields (see 
Figure 4.7). 
The metal part also divides to two parts. The ClF3 storing and applying part which 
includes a 1000 ml reservoir cylinder, two Kel-F finger tubes, a bourdon gauge and a 
ClF3 waste trap. The second metal part includes 10 Ni reaction vessels (to carry out the 
sample reaction and ClF3) which are connected to a metal manifold. The manifold, from 
one side, is connected to a drying agent (ultra high purity Argon cylinder) and from the 
other side is connected to a metal coil (chlorine trap) before connecting to the 
conversion vessel. 
 
4.4.5.2 The procedure for sample processing 
The detailed step by step procedure (including extraction line preparation, evacuating 
the lines’ components, transfer of reagent from reservoir cylinder to Kel-F finger, 
sample preparation and sample spoon loading, sample loading flush gas preparation, 
sample loading procedure, pre-conditioning of the reaction vessels, reaction preparation, 
reaction process and also gas extraction and collection process, capturing and storing of 
evolved gas samples, excess reaction gas disposal, extraction line clean up and re-
evacuation and finally shut down and isolation of the line) has been attached to the 

































Chapter Five: Geological and Geomorphological setting of field 
sample sites 
 
5.1 Evolution of the Australian landscape 
5.1.1 Introduction, geological and palaeoclimatic history  
For over one billion years parts of the Australian continent (Figure 5.1) have been exposed 
to subaerial conditions; elsewhere marine sedimentation has influenced parts of the 
continent (Ollier, 1978). The origin of many Australian landforms goes back to at least 300 
Ma ago, but the margins have been modified since the breakup of Gondwana began (e.g. 80 
Ma Tasman Sea opening and 8-45 Ma Southern Ocean opening). During this long period, 
the rocks which form the land surface have experienced a wide range of climates, including 
glacial, temperate and tropical, and humid to arid, with concurrent tectonic events, such as 
uplift, warping and continental break-up (Ollier, 1978). In this context, the Australian 
continent has been affected by subsequent development of aridity, especially prior break-up 
from Antarctica. These events caused large variations in the chemical and physical 
environments that have resulted in intensive weathering and alteration of the exposed rocks. 
Because of the tectonic stability of much of the Australian continent during the 
Phanerozoic, the weathered mantle (regolith) has been preserved rather than eroded, and is 
present as a widespread cover over much of the Australian continent (Veevers, 1984, 2000). 
The essential information about Australia’s landscape evolution, geological history, 
palaeoclimates and palaeogeography is derived from existing reviews such as Ollier (1977, 
1978), Kemp (1978), Gale (1992), White (1994), Frakes (1999), Veevers (2000), Twidale 
(2007), Sandiford (2007), Macphail (2007), Sheldon and Tabor (2009) and Bishop and 
Pillans (2010). A great ice sheet covered about half of the Australian landmass in the 
Permian (Figure 5.2A). This provided a fresh start for landscape evolution, comparable to 
that of the Quaternary glaciations in the northern hemisphere. A line of marine basins (the 
Tasman Fold Belt) ran along the eastern side of the continent from Tasmania to Queensland 
(Ollier, 1977). The cool to cold climates of the Early Permian, which supported glaciers on 




Accordingly, these eastern Australian basins were filled first by glacial sediments and then 
by marine or terrestrial sediments, including important coal deposits. Volcanic activity 
along the line of the basins also contributed sediment (Ollier, 1977). 
 
 
Figure 5.1: Minimum duration of subaerial exposure and palaeomagnetic ages of the 
Australian regolith (Pillans, 2004). 
 
Deposited marine sediments of shallow water origin in the Canning, Carnarvon and Perth 
Basins accumulated after deposition of the glacial deposits. The present land surface of the 
Yilgarn Craton is only a few metres below the essentially flat-lying, sub-Proterozoic 
unconformity, and the overall flatness of the landscape suggests that the plateau may 
represent a Proterozoic erosion surface (Daniels, 1975). The contribution from reworked 
Permian deposits is unknown although undoubtedly important (Clarke, 1994a). Alley and 
Clarke (1992) reported the presence of reworked Late Permian palynomorphs in Cretaceous 
sediments from the Great Australian Bight, indicating sediments of this age were present in 




During the Triassic era, the Australian continent began to develop several basins where lake 
and river sediments accumulated (Figure 5.2B). The coal swamps had largely disappeared, 
with only small areas remaining in South Australia, eastern Tasmania, northeast New South 
Wales and adjacent southeast Queensland. Volcanoes were active along the eastern 
continental margin on the continental shelf and on land, east of the major basins. Although, 
during that time, Australia still occupied high latitudes, the climate appeared to have been 














Figure 5.3: Palaeoclimate history of Australia (after Tardy and Roquin, 1998). 
 
The area of sedimentation increased considerably during the Jurassic (Figure 5.2C). In 
eastern Australia, Jurassic deposits are almost exclusively non-marine, although marine 
sediments were deposited within the Canning and Perth Basins in Western Australia 
(Veevers, 1984, 2000). Volcanism was very restricted. Doming, which preceded the 
separation of New Zealand from Australia in the first stages of the break-up of Gondwana, 
gave the first major uplift of the eastern highlands of Victoria (Wellman, 1974). At the 
same time, great thicknesses of dolerite were being emplaced as sills in Tasmania, in 
association with similar sets of movements - perhaps the precursor to separation of 
Australia and Antarctica. Australia remained in the high latitude humid belt during the 
Jurassic (Tardy and Roquin, 1998; Figure 5.3). 
The plate tectonic movements, which were starting to break the supercontinents, led to a 
global sea level rise in the Early Cretaceous (Veevers, 2000). In the first 50 million years of 
the Cretaceous, the Tasman Depression and adjacent low-lying central and southern basins, 
as well as basins in Western Australia were flooded (White, 1994) and the vast waters of 
the Eromanga Sea divided the continent into three landmasses (Figure 5.2D). As a result, 
Cretaceous sediments outcrop or are buried by younger sediments over approximately one 
third of the present landmass. There are no known occurrences of Cretaceous sediments on 
the Yilgarn Craton. Early Cretaceous sediments of the Madora Formation (Lowry, 1970) 




beyond the current basin margins. By the Late Cretaceous, the sea had withdrawn from 
most of the continent and extensive river systems developed in the region of the Great 
Artesian Basin. Elsewhere, the drainage systems that would persist throughout the 
Palaeogene-Neogene to the present day were also initiated. The climate in Australia was 
very warm and humid (Figure 5.3) during most of the Cretaceous, although there were cold 
spells at the beginning and end (White, 1994). Tropical and sub-tropical conditions 
extended much farther north and south than at present, and there was a warm-temperate 
climate at the Poles. 
The cumulative effects of planation during the Permian glaciation, widespread Early 
Cretaceous sedimentation, and emergence and erosion of much of the continental land mass 
from the mid Cretaceous (Figure 5.2 E and F), meant that by the start of the Palaeogene-
Neogene, Australia was already a remarkably flat continent (Ollier, 1977). This situation 
continued, but broad epeirogenic movements gave rise to some regional variety. A series of 
uplifts, collectively known as ‘Kosciousko Uplifts’, have been active intermittently since 
the Middle Miocene to Early Pliocene, primarily in the south-east of the continent (Abele, 
1976). Uplifts of the eastern highlands (Figures 5.4, 5.5) probably began on a small scale in 
the Eocene, peaked in the Miocene and have continued gradually and episodically ever 
since (Wellman, 1974). A summary of the Australian Eastern Highland events through 
geologic time is given in Table 5.1. 
The oldest rocks in the alpine region are basalt lavas erupted onto the deep ocean floor 
about 520 Ma, in the Cambrian period. They occur in Victoria in the Howqua Valley and 
the remote Dolodrook Valley (Figures 5.4, 5.5). At this time eastern Australia did not exist 
– the region was a deep ocean dotted with volcanic islands, similar to the western Pacific 
Ocean of today (Birch, 2003; Johnson, 2009). 
During the next 80 million years, in the Ordovician period, vast areas of the ocean floor 
were covered by a thick blanket of sand and mud, over time turning into sandstone and 
mudstone. These rocks form much of the Australian Alps. In this time interval a large chain 
of volcanic islands formed in what is now New South Wales, erupting basalt and andesite 




From 440 to 360 Ma (the Silurian and Devonian periods) a series of mountain-building 
events folded the sedimentary and volcanic rocks, lifted them out of the sea to form land 
and moved blocks of crust tens to hundreds of kilometres along large faults. This was the 
result of collisions of several small tectonic plates, crumpling rocks together and thickening 
up the crust. In addition, some rocks were buried deep in the crust and heated, thereby 
becoming metamorphosed to produce rocks such as slate, schist and gneiss (Johnson, 
2009). Slate is common throughout the high country, with good examples at Mt Hotham 
and Mt Feathertop in Victoria. Schist and gneiss occur in the Victorian Alps around Mt 
Bogong, Falls Creek and Omeo (Birch, 2003). 
 
Table 5.1: The Australian Eastern Highland geologic events versus geologic time 
(after Scheibrer and Basden, 1998; Branagan and Packham, 2000; Birch, 2003).  








The ice cap melted and southeastern Australia 
became warmer and wetter. Erosion continued, but 
has recently been modified by the building of dams, 
clearing of forests and overgrazing. 
Pleistocene  
 
2.6 Ma to 
10,000 
years ago 
A global ice age affected the earth. Cold, dry 
conditions prevailed in Australia, and a small ice cap 
formed around Mt Kosciuszko. 
Neogene  
 
23–2.6 Ma Several episodes of uplift along faults raised parts of 
the Alps even higher. Basalt lava was erupted in 
several localities. Australia moved quickly 
northwards into warmer and wetter climate zones, 
and erosion continued to shape the Alps. 
Paleogene  
 
65–23 Ma The Alps were in place as a high plateau along the 




away from Antarctica into more northerly latitudes. 
Eruption of basalt lava occurred in many parts of the 
Alps. Erosion of the Alps continued to deepen 
valleys and isolate plateaus. 
Cretaceous  
 
130–65 Ma Australia started to separate from Gondwana, firstly 
India moved westwards from Australia, then a large 
plateau arose along what is now the east coast of 
Australia – the beginnings of the Australian Alps. By 
100 Ma the plateau was riven by a rift valley that ran 
along the east coast of New South Wales and the 
south coast of Victoria. Antarctica and Tasmania 
moved southwards slightly while Zealandia moved 








A long period of erosion and weathering slowly wore 
down the early mountain ranges to a low plain 
covering most of eastern Australia. By now Australia 
was part of the supercontinent of Gondwana. 
Between 300 Ma and 250 Ma glaciers covered much 
of southern Australia during the Permian ice age. 




A final period of folding and mountain building 
occurred, with sand and mud deposited in rivers and 
lakes in broad valleys between the mountain ranges. 




Several episodes of folding and mountain building, 
caused by tectonic plates colliding with each other, 
created islands and then more continuous land 
masses. In the shallow seas next to the islands coral 
reefs grew and later turned into limestone. 




bodies being intruded into the crust and explosive 
volcanoes on the surface. Some rocks were buried 





Much of the area was still in the deep ocean. Several 
kilometres of sand and mud were deposited on the 
ocean floor. In New South Wales a chain of 
volcanoes formed a series of small islands in the 
ocean. 




The area now occupied by the Australian Alps was a 
deep ocean, with basalt lava erupting onto the ocean 






Figure 5.4: Geological map of the Australian Alps region (from Branagan and 
Packham, 2000). 
 
Also in the Silurian and Devonian, large bodies of granite were emplaced into the crust and 
huge volcanoes erupted ash and lava over the newly created land. Granite forms much of 
the high country, such as the Kosciuszko Plateau in NSW, the Bimberi and Clear Ranges in 
the ACT, and Mt Buffalo, Mt Baw Baw and Mt Wills in Victoria (Scheibrer and Basden, 




and ridges with large blocks, or tors, of rock sticking up, while surrounding rocks are more 
susceptible to erosion and form lower country. Not all granites are resistant, however, and 
some are more recessive (i.e. more easily eroded) than the surrounding rocks, forming 
broad valleys as at Cudgewa-Thowgla and Ensay-Swifts Creek in Victoria (Birch, 2003). 
During the Silurian and Devonian periods the geography of southeastern Australia was 
complex, with small seas and large to small islands (Young, 1978). Some islands developed 
coral reefs along their edges, which over time became limestone. This rock commonly has 
many fossils such as coral, shells and algae. Because limestone is soluble in slightly acidic 
groundwater, it easily dissolves to form caves and gorges, as seen at Yarrangobilly and 
Blue Water Holes in NSW, and Buchan in Victoria (Branagan and Packham, 2000; Birch, 
2003). 
By about 360 Ma much of southeastern Australia was a mountain range. Note that this 
range had nothing to do with the present-day Australian Alps, and was part of an ancient 
cycle of plate tectonic movements (Johnson, 2009). Wide valleys within and adjacent to the 
mountains were filled with river and lake sediments, forming sandstone and mudstone with 
a distinctive reddish colour. They can be seen in Victoria in the high plateaus stretching 
from Mt Cobbler to the Avon Wilderness area (Birch, 2003). 
Australia began the long process of breaking away from Antarctica and Zealandia (a now 
largely submerged continent stretching from New Zealand to New Caledonia). The 
processes began with magma moving upwards into the lithosphere, causing it to heat and 
expand upward; forming a dome-shaped plateau running along what is now the east coast 
of Australia (Veevers, 1984, 2000). By 100 Ma the plateau was possibly over 2000 m high 
in its highest area, the site of today’s Australian Alps (Johnson, 2009). Gondwana split 
apart along this line of magma upwelling, and a rift valley formed along the centre of the 
plateau, with an east-west trending branch where Tasmania moved southward away from 
Victoria. The rift valley, similar to today’s East African Rift Valley, was formed by 
stretching of the crust leading to the valley floor dropping along a series of faults. 
The Australian Alps were left behind as a remnant of the original plateau, with a steep 
seaward side and a gentle slope toward the inland. By 65 Ma the Tasman Sea and Bass 




higher than they are today. Since then erosion has carved deep valleys into the plateau and 
rounded off the landforms. In New South Wales most of the alpine area is one large 
tableland, while in Victoria erosion has proceeded further, producing many smaller plateaus 
separated by rugged valleys (Branagan and Packham, 2000; Birch, 2003; Johnson, 2009). 
Over the last 50 Ma, basalt lava has been erupted episodically over much of the alpine 
region. The lava came out of small volcanoes and flowed across the landscape and down 
valleys. Many of the high plains in Victoria are covered by basalt, such as the Bogong, 
Dargo and Nunniong High Plains. In New South Wales the Monaro Plain is a large area of 
basalt lava flows. Because basalt lava is quite fluid, it quickly fills in the low-lying areas to 
form the flat landscapes of these high plains (Scheibrer and Basden, 1998; Branagan and 
Packham, 2000; Birch, 2003). 
Because the Australian Alps are only of modest height, the highest point being Mt 
Kosciuszko at 2228 m, glaciers were formed only on the very highest parts (above 2000 m) 
in the vicinity of Mt Kosciuszko. Some of the small valleys near Mt Kosciuszko have the 






Figure 5.5: Formation of the Australian Alps (after Scheibrer and Basden, 1998) 
Uplift of the Flinders Ranges in South Australia probably commenced in the Late Miocene 
(Callen, 1977) and continued after this time. Subsidence of the Murray-Artesian depression 
and up-warping of the western half of the continent proceeded gradually and there was 
some faulting and block movement in marginal basins. Estimates of the thickness of 
material eroded from all or part of the Yilgarn Craton range from 400 m, or less, to over 5 
km (Finkl and Fairbridge, 1979; van der Graaf, 1981; Killick, 1998). 
Marine Palaeogene-Neogene deposits are known from the Murray and Eucla basins in the 
south, the Carnarvon Basin in Western Australia, Gambier Embayment in South Australia, 
Otway and Gippsland Basins in Victoria and almost all around the continental shelf, 
especially on the Great Barrier Reef platform off the Queensland coast (Lowry, 1970; van 
de Graaff et al., 1977; Grimes, 1980; Hocking, 1990; Benbow et al., 1995a, b; De Broekert, 




streams flowed within the base of an ancient system of broad, shallow valleys, termed 
‘primary valleys’ by De Broekert (2002). These were in existence by the earliest 
Cretaceous, transferring large quantities of terrigenous sediment to the evolving rift valley 
(Bight Basin and Eyre Sub-Basin) between Australia and Antarctica, which began to 
develop in the latest Middle Jurassic (Hill, 1991; Alley and Clarke, 1992; Clarke and Alley, 
1993). It is important to note that these basin-fills are compositionally immature, containing 
abundant feldspar with lesser pyroxene (Hill, 1991; Clarke and Alley, 1993), whereas the 
inset-valley fills comprise kaolinite and quartz, both of which are chemically stable. Thus, 
it would appear that the primary valleys were initially set within fresh basement, which had 
become deeply weathered by the time the inset-valley deposits were formed (De Broekert, 
2002). Deep weathering within the primary valleys masked the influence of bedrock 
lithology and structure during the inset-valley incision and did much to prepare the 
materials from which the inset-valley fills were sourced. Incision of inset-valleys is most 
likely to have been caused by stream rejuvenation following epeirogenic uplift. Comparison 
with modern valleys formed by climate change and a review of Paleogene-Neogene 
climate, all indicate that a change in climate is unlikely to have caused the inset-valleys to 
form (De Broekert, 2002). Palynological evidence for the widespread occurrence of 
rainforest (Clarke, 1993, 1994a, 1994b) and the lack of major climatic events in the Early 
Paleogene-Neogene argue particularly strongly against climate change as even having had a 
contributory role in inset-valley incision (De Broekert, 2002). 
The age of inset-valley incision could be estimated by dating palaeosols, or similar near-
surface alterations, formed beneath the gentle side-slopes of the inset-valleys during the 
course of their incision. Ferruginous lateritic residuum developed from basement rock 
occurs directly beneath some inset-valleys in the northern Yilgarn (Anand and Paine, 
2002). However, these materials have not been dated and, in any case, there is some 
uncertainty as to whether they formed before, during, or after inset-valley incision. De 
Broekert (2002) concluded from his study in the Kalgoorlie region that, in the absence of a 
quantitative measure, the onset of inset-valley incision probably occurred in the Early 




The driving force for climate change during the Palaeogene was Australia’s separation from 
Antarctica (started 45 Ma), which began rifting in the latest Early Cretaceous, coupled with 
global cooling which started in the latest Early Eocene and continues to the present 
(MacPhail, 2007). Australia was 25º south of its present position at the beginning of the 
Paleogene-Neogene and has since continued to move north through a series of climatic 
zones, which were themselves changing their positions over the Paleogene-Neogene 
(Figure 5.3). In the Paleocene and Eocene the climate was warm and wet, and rainforest 
covered much of the land. During the Oligocene, the overall temperature became cooler 
and nearer to those at present (Frakes and Kemp, 1972), but became warm to hot again in 
the Early Miocene. By the Mid-Miocene, the permanent southern ice cap formed and, 
thereafter, the cooling trend again became evident and subsequently drying of the 
Australian continent accelerated as the world cooled and the vegetation changed. 
Rainforests contracted, the centre of Australia became desert and the fauna progressively 
adapted to the changing environment. Only the southwestern and northern margins 
currently have humid climates, respectively Mediterranean and savanna. 
During the Quaternary (the last 2.59 Ma) there have been many oscillations from glacial to 
interglacial climates, caused, at least in part, by changes in thermal equilibrium resulting 
from variations in the season and the amount of solar radiation reaching Earth (Chappell 
and Grindrod, 1983). The general decrease in humidity and these dramatic and relatively 
rapid climate shifts during the Quaternary have had a significant impact on regolith and 
landscape. There is a wide diversity of Quaternary sediments, ranging from marine 
carbonates on the continental shelf, colluvial, alluvial and evaporitic deposits that have 
accumulated onshore due to the largely endoreic drainage, glacial sediments, especially in 
the hilly landscapes of the southeast, and vast inland areas of desert sands and other aeolian 
materials. Quaternary sand dunes and sheets cover some 40% of the continent, and saline 
playa sediments are common into major Quaternary depocentres. The continent was, 
however, tectonically quiescent by the Quaternary and volcanic activity was confined to 
northern Queensland and parts of Victoria and adjacent South Australia (Ollier, 1977). 
Reviews of data from different subtropical and tropical regions in Africa, South America 




systems were closely linked to global climatic changes during the Mid to Late Quaternary 
(Thomas, 2000, 2008; Latrubesse, 2003; Nanson et al., 2003, 2008). Similar to South 
America, the Australian continent plays a key role because of its crucial position between 
the Intertropical-Convergence Zone (ITCZ), the Indo-Pacific Warm Pool (IPWP) and the 
Southern Hemisphere westerlies (Manins et al., 2001; Turney et al., 2007). In addition, 
Australia’s flat topography and the lack of extensive Quaternary glaciations allowed the 
development of long sedimentary archives with deposition by low gradient fluvial systems 
over much of the continent throughout the Quaternary (Tooth and Nanson, 1995). Evidence 
for Quaternary climate and environmental changes from all parts of Australia is provided 
by the investigation of different archives. With the advances in absolute age dating, a 
growing number of studies have used the information stored in the extensive fluvial, 
lacustrine and aeolian systems of Australia to provide evidence for a progressive long-term 
increase in aridity since at least ~350 ka (Nanson et al, 1992, 2008). In addition, these 
records bear information on repeated oscillations in flow regimes and overall moisture, 
which are generally interpreted to reflect orbitally controlled and globally synchronous 
climatic changes during dry glacials and wet interglacials. As a driver for these changes in 
moisture supply, a weakened Asian-Australian monsoon during glacial times and a general 
shift in the atmospheric circulation has been discussed by several authors (Johnson et al, 
1999; Kershaw et al., 2003; Magee et al, 2004). In this context, new data from alluvial 
sequences and palaeoshorelines in arid central and northern Australia suggest that 
precipitation and discharge maxima did not occur synchronously with the interglacial, 
probably pointing to increased moisture transport by easterly winds during times of reduced 
sea level and enhanced heat transport in the western Pacific (Bowler et al., 2001; Nanson et 
al., 2008). 
 
5.1.2 Continental drift and sea-floor spreading 
Gondwana was a super-continent which included India, Antarctic, Australia, Africa and 
South America. Gondwana eventually split into separate portions and sea floors arose 




The Australian plate has experienced major changes in plate boundary geometry and 
relative plate velocities since the breakup of Gondwana (Veevers, 2000; Figure 5.2). 
According to Veevers (1984, 2000) seafloor spreading started at 154.3 Ma in the Late 
Jurassic. The onset of seafloor spreading west of Australia at ~136-131.9 Ma marks the 
breakup between Greater India and Australia (Müller et al., 1998). At much the same time, 
long-lived subduction east of Australia ceased, probably because of subduction of the 
Phoenix-Pacific spreading ridge, changing this plate boundary to a transform margin. A 
drastic change in spreading direction between the Indian and Australian plates from NE-SE 
to N-S occurred at about 99 Ma (Willcox and Stagg, 1990; Willcox et al., 1992). Slightly 
later, at 95 Ma, rifting started between the Lord Howe Rise and eastern Australia, resulting 
in the 84 Ma opening of the Tasman Sea. The spreading direction between Australia and 
Antarctica changed from NW-SE to N-S at about 61 Ma, accompanied by the initiation of 
rifting between Broken Ridge and the Kerguelen Plateau (Willcox et al., 1992; Hill et al., 
1995). The Coral Sea started opening off NE Australia at the same time and the direction of 
spreading between the Pacific and Antarctic changed (Gaina et al., 1998, 1999). Both the 
99 Ma and 61 Ma events could have been caused by the stepwise subduction of the Neo-
Tethyan Ridge; the 99 Ma events could also be because of a change in the absolute motion 
of the Pacific Plate (Veevers, 2000). Preliminary reconstructions to close the Pacific 
Australian plate circuit indicate that a tectonic event at about 43 Ma may mark the onset of 
renewed subduction east of Australia (Gaina et al., 1998, 1999). Prior to 43 Ma a triple 
junction formed north of the Ross Sea, accommodating incipient motion between East and 
West Antarctica (Müller et al., 1998). At the same time spreading in the Wharton Basin 
between India and Australia ceased (Sandwell and Smith, 1997). Around late Eocene time, 
subduction of the Solomon Plate north of Papua New Guinea was initiated. Major tectonic 
events since 20 Ma include the breakup of the Indo-Australian plate, and various collisional 
processes and plate boundary reorganizations north and east of Australia (Veevers, 2000). 
Australia as a distinct landmass formed after its split from Africa and India in the Jurassic. 
This break up is responsible for many sedimentary basins around Australia (Veevers, 1971, 
1980). The Canning Basin and pre-drift Bonaparte Basin were present along the continental 




highlighted that 125 million years ago, Antarctica and Australia also started to move apart 
after being connected to each other for a very long time. 
The Tasman Sea was created 80 to 60 Ma ago when sea floor started to arise east of 
Australia. The spreading axis represents an old rift valley with continental material, known 
as the Lord Howe Rise to the east. This rift valley is now submerged (Jongsma and Mutter, 
1978). The far side of the Lord Howe Rise consisted of New Zealand which had drifted 
away from Australia. The Tasmanian rift separation started to take place 125 to 155 million 
years ago; however, the main development probably occurred at the same time as the 
intrusion of the Jurassic dolerites (Jongsma and Mutter, 1978). 
The Coral Sea began opening towards the north 62 to 56 million years ago, (Weissel and 
Watts, 1979; Gaina et al., 1998, 1999). The Eocene times in Papua New Guinea and Irian 
Jaya contain evidence of the collision zone between Pacific plates and Australia. This 
Papua region can also be associated with the landmass of Australia since it is structurally 
connected to it. The Timor Sea and the Timor Trough were deformed when Southeast Asia 
collided with Australia in the Neogene. A huge gap was found between Australia and India 
which was then filled by the great island arc of Malaysia and Indonesia (Ollier, 1977; 
Veevers and Li, 1991; Veevers et al., 1991; Veevers, 2000). 
Extension along the southern margin of Australia prior to separation from Antarctica began 
about 160 Ma ago (Veevers and Eittreim, 1988) and led to substantial thinning of the crust 
offshore from mainland South Australia. Jurassic basalts were erupted (e.g. Kangaroo 
Island) along and adjacent to this zone of extension, and reasonably thick (≥ 5 km) 
sedimentary sequences began to accumulate in extensional settings such as the Otway, 
Duntroon and Bight Basins. Willcox and Stagg (1990) suggested that up to 360 km of 
crustal extension in a northwest-southeast direction and 120 km in north-northeast, south-
south-west direction occurred during the Jurassic to Early Cretaceous prior to breakup. 
During that time the crust was thinned to 10-20 km at the southern edge of the Great 
Australian Bight. 
The separation of Australia and Antarctica was initiated approximately 95±5 Ma ago by a 
period of passive rifting (Veevers, 1986). From about 45 Ma the Australian continent has 




increasing subsequently to about 60 mm per year from 43 Ma to the present (Veevers, 
2000). 
Palaeomagnetic investigations have revealed the successive changes in the position of the 
South Pole in relation to Australia. Basalts record the direction of magnetism at the time of 
their formation. Many of the older rocks show a different picture, but the ones formed 
recently direct towards the South Pole. The evidence reveals that the continents have drifted 
apart and it is not the pole that has moved. The Permian palaeo-pole position was observed 
in Figure 3.1. At first, during the Mesozoic and Permian times, the South Pole was very 
close to Tasmania. Change started to take place 20 million years ago when the 
palaeolatitude started to decrease gradually (Idnurm, 1985a, 1985b, 1986, 1990, 1994). 
 
5.1.3 Bedrock weathering and stratigraphic history 
Many landscapes in Australia, especially on the western plateau (the Precambrian Shield 
and the intracratonic basins of shelf and platform sedimentation), retain a deeply c. 
Weathering is generally best preserved in regions of low local relief, reflecting long-term 
tectonic stability in down-faulted situations, and where the weathered mantle is protected 
by duricrusts or later sediments. Deep weathering has affected most rocks and geological 
provinces across the continent. The depth of weathering may be as much as 200 m but 
varies considerably and is controlled by lithology, structural features, landscape position 
and any overlying sediments at the time of weathering (Anand and Butt, 1988). For 
example, weathering is very extensive on the Girilambone Group rocks, except for some 
prominent quartzite units (McQueen, 2006; McQueen et al., 2001, 2008a, b). The Lower 
Devonian turbidites of the Cobar Basin are moderately to deeply weathered, but the more 
siliceous equivalents outside the basin are less weathered. Weathering is generally greatest 
in the greenstone belts, though the intervening granites and much of the sedimentary cover, 
including the Mesozoic and Palaeogene-Neogene sediments, are also deeply weathered. In 
the Yilgarn Craton, weathering of granitic rocks is generally <30 m, except in mineralized 




Deeper weathering in mineralized areas is due to the high chemical reactivity of sulphides, 
intense shearing and variation in competence of contiguous rocks. Joints and fractures act 
as permeable zones and as conduits for weathering fluids to flush away the soluble products 
of weathering (Anand and Butt, 1988). The extent of weathering and erosion, and hence 
landscape expression, is also controlled by geological structures, whether pre-existing or 
caused by tectonic activity during landscape evolution. For example, Li and Vasconcelos 
(2002) illustrated the influence of tectonic history on weathering in three regions of 
Queensland. 1) Mt Isa represents a tectonically stable craton, most favourable for the 
preservation of deeply weathered materials and has the oldest weathering ages, 70 to 0.6 
Ma. 2) Charters Towers shows a tectonically active margin, with relatively high erosion 
rates up to 12 m/Ma (Seidl et al., 1996) that prevent the preservation of ancient weathering 
profiles (17-0.6 Ma in age). 3) Mt Tabor represents a transitional environment between a 
relatively tectonically inactive craton and active marginal zones, giving weathering ages 
ranging from oldest (27.2-6.8 Ma) in the west to youngest (13 Ma-200 ka) in the east. 
Similarly, tectonic processes have had a major impact on the denudation and preservation 
of weathered materials and their subsequent landscape expression in western NSW and the 
Mt Lofty Ranges in SA (Gibson, 1997; Hill, 2000, 2005; Tokarev and Gostin, 2005). 
In total, weathering is deeper on palaeoplains and topographic lowlands than on erosional 
plains and hill belts. In many places in the Mt Isa region, Proterozoic bedrock is weathered 
to greater depths where overlying Cambrian or Mesozoic sediments have been removed or 
were never deposited. 
The Permian period has been highlighted because of its deformation to create the 
Australian landscape. When disregarding the old rocks of the Precambrian and Palaeozoic 
eras, because of their basement role for later deformation of younger units in the Australian 
landscape, the Permian rocks and/or sediments have been present for many landscape 
related processes (Ollier, 1977). For instance, during Permian time, the continent of 
Australia was covered with an ice sheet which had moved from the southern direction (to 
the N-NNW). This process, in turn, triggered many other landscape-forming forces such as 




unable to affect some areas of the Australian continent and their historyextends back to a 
much earlier time (Jeans, 1977). 
During the Permian period, the Tasman Fold Belt extended along the eastern side of the 
continent from Tasmania to Queensland. Also in that period some basins were filled with 
glacially derived sediment. Later those basins became filled with terrestrial or marine 
sediments (King, 1962). 
During Triassic time, extensive marine sedimentation characterized the continent but a 
volcanic belt was also present although it was much more restricted than during the 
Permian. Australia was a land with many basins where river and lake sediments collected. 
The Jurassic times also saw continental conditions continuing but during this time the 
deposits were mainly non-marine. During the Middle Jurassic, local coal accumulated in 
the Great Artesian Basin. 
A Cretaceous marine transgression took place in Australia and also affected many 
topographically low areas in other parts of the world. One-third of the Australian landmass 
was covered by these Cretaceous rocks and the seaway divided the landmass into three 
portions (Jeans, 1977). The Great Artesian Basin was flooded during the transgression but 
later returned to extensive river systems. Some of the Cretaceous sediments in this basin 
were derived from a volcanic area close to the Pacific margin of Australia but they gave 
way to quartz sand deposition in the Cainozoic.  During the Cretaceous Australia started to 
move away from the South Pole and a warmer climate is indicated by the fossils found. The 
Cretaceous times also show the presence of silica-rich volcanoes in Queensland as in the 
Jurassic period. Folding was limited to the Maryborough basin (Mabbutt, 1966). 
Sediments accumulated in many depositional areas around the edge of the landmass during 
the Palaeogene-Neogene (e.g. Perth Basin). Marine flooding is a characteristic feature in 
many Palaeogene-Neogene basins (Ollier, 1977). 
One of the most extraordinary features of the Australian Cainozoic stratigraphic record is 
the profound asymmetry in the distribution and stratigraphic relations of marginal marine 
sequences, reflected ultimately in the contrasting present-day morphotectonic character of 




morphotectonic asymmetry developed in the Mid-Late Neogene, after about 15 Ma 
(Veevers, 1984, 2000). For example, at around 15 Ma in the central Eucla Basin, the width 
of the southern margin shelf must have exceeded 400 km, compared with its present-day 
width of ∼100 km (Hou et al., 2006). In contrast, the northern margin coastlines were 
farther offshore implying a narrower shelf than present. The implication is that in mid-
Neogene times the northern and southern continental shelves were of comparable widths. 
The development of this morphotectonic asymmetry therefore demands a relative NNE-
down, SSW-up apparent vertical motion, the chronological sequence of which is 
constrained by the stratigraphic relationships (Figure 5.6) (Lloyd, 1968; Doutch, 1976; 
Smart et al., 1980; Veevers, 1984, 2000). 
The asymmetric pattern of Early–Mid-Cainozoic onshore sediments around Australia is 
reflected by elevations of the Holocene shorelines, which tend to be elevated by several 
metres along the southern margin, relative to the northern margin (Murray- Wallace and 
Belperio, 1991).  This suggests that the apparent tilting may continue to the present day. In 
detail, the pattern of apparent vertical motion in the Neogene was derived from the 
systematic variation in elevation of palaeo-shoreline features across the Nullarbor that 
suggest the southwestern part of the continent has risen significantly relative to the 
southeast. Thus, the distribution of preserved onshore marine sediments suggests an 
apparent tilt axis that trends WNW–ESE across the continent from the northern part of 
Western Australia through to the southeast corner of the continent (Russell and Gurnis, 
1994; Hou et al., 2003, 2006). The most northerly occurrence of onshore marine Miocene 
at Cape Range (Veevers, 1984, 2000) on the west coast supports this notion of WNW–ESE 






Figure 5.6: Relief image of the Australian continent and its continental shelf (at 
elevations greater than −200 m) derived from Geoscience Australia's 9″ ‘bathytopo’ 
dataset. Contours are shown for +75, +150 and +300 m. The thin dashed line shows 
the inferred position of mid-Miocene (∼15 Ma) shorelines after (Veevers, 2000; Hou et 
al., 2006). The thick, arrowed line shows the approximate tilt axis and demarcates the 
region of the continent that contains onshore marine Miocene to the south and west 
from the region that has no onshore marine Miocene record (Sandiford et al., 2009). 
 
5.1.4 Erosion surfaces: their formation and classification 
Erosional surfaces are shaped by active weathering and erosional processes at and near the 




exhumed (Twidale, 1985). Epigene surfaces are shaped by rivers, glaciers, wind or waves, 
but are mostly affected by rivers and sheetwash. Fluvial plains develop over a long period 
of time (Twidale, 1956; King, 1962). Thus the lowering of baselevel or the uplift of the 
land (fluvial plains) causes stream incision. A rejuvenation head, marking the upstream 
limit of the new stream profile, migrates upstream. It may be marked by a waterfall or 
rapids or merely a sector of steeper gradient. The slopes adjacent to the incised sector are 
graded to a new lower and local baselevel. Similarly, a plain produced by the wearing back 
of scarps (King, 1942; Twidale and Milnes, 1983) is older near the stream lines where 
incision produced the initial scarps, and youngest at the present scarp foot, so that its 
development spans a period of time.  
Etch surfaces are initiated below the land surface at the weathering front, defining the base 
of the regolith profile. Some of the rain falling on land surfaces passes slowly into the rocks 
beneath. These shallow groundwaters cause weathering of the rocks. Where the rate of 
weathering is more than the rate of erosion, a mantle of distinguished and altered rock is 
formed. Whatever its thickness, the junction between the base of the regolith and the 
intrinsically fresh bedrock is frequently quite sharp and is known as a weathering front 
(Mabbutt, 1961; Twidale, 1990). 
Commonly, the regolith is in contrast with the still cohesive, inherently fresh rock below. 
The regolith may contain an upper resistant horizon that, in many instances, is underlain by 
clay (commonly kaolin) which is susceptible to attack. Such regolith is readily eroded, for 
the capping is commonly undermined, causing it to collapse. Many uplifted and dissected 
plains have been stripped of the former cover of weathered rock which exposes the 
weathering front. Such exposed fronts are called etch surfaces (Wayland, 1934; Willis, 
1936; Twidale, 2002). The gross morphology of such surfaces broadly mimics that of the 
original low relief feature. In particular, water has migrated along joints and altered the 
rock leaving rounded masses of still fresh rock either projecting as incipient bornhardts or 
kernels, or corestones, isolated within the regolith. After stripping the altered rock these 
remnants are exposed as landforms (Twidale, 2002). 
Structural surfaces or benches are another kind of erosional form. They stand at various 




example, the discontinuity between flat-lying sandstone below and a comformable 
argillaceous sequence above may be exploited by weathering and erosion, which transects 
the bedding. Such an essentially structural surface may be coincident with and be part of an 
erosional plain, and be of the same age (Twidale, 1990). 
 
 
Figure 5.7: Generalised Australian regolith map showing areas with strong 




Epigene and etch surfaces may be buried by sediments or lavas. Where this has happened, 
the discontinuity between the older and newer rock is termed an unconformity. It implies a 
space of missed material or a time-gap, for the older series of rocks was perhaps folded or 
weathered or eroded before the younger rocks were introduced. But there is frequently a 
contrast in rock type above and below the unconformity and it is not uncommon for the old 
surface on which the sediments or lavas were laid down to be re-exposed as a resurrected or 
exhumed surface. Where the cover material is of volcanic or aeolian origin, old regoliths 
and landforms are preserved (Almeida, 1953; Molina Ballesteros et al., 1995; Jerram et al., 
2000). 
Exhumed surfaces are younger than the youngest rocks cut across by the surface or 
unconformity, but older than the oldest rocks laid down above the unconformity. The age-
range of such a surface or form is provided and measured by the age of the rocks in which 
the surface is cut and that of the basal rocks that cover the surface. Like etch forms, 
exhumed surfaces can be regarded as having two kinds of ages, one referring to the time of 
burial and the other to the date of re-exposure. The age of an exhumed form is referred to as 
sub-Y or pre-Y (Y being the age of the cover rock). The implied missing sequence may be 
of long duration but the age of the exhumed surface can be taken as immediately preceding 
the cover. In the context of the persistence of the surface, it is the age of exposure of the 
unconformity that is significant (Twidale, 1990). 
Stepped landscapes are a feature of many deeply weathered terrains and their origin has 
been attributed to repeated periods of scarp retreat and uplift (King, 1953). According to 
this model, denudation starts at the continental margins, the ultimate base level, and 
proceeds towards the interior. Episodic uplift and scarp retreat result in a stepped landscape 
on which the surface with the highest elevation is the oldest, and those with lower 
elevations are progressively younger. 
Three major erosion surfaces have been recognized by Twidale (1956) in the Leichhardt-
Gilbert area of northwest Queensland. His concept of erosion surfaces was followed by 
Grimes (1972, 1980) who proposed three major periods of active erosion and deposition for 
northern Queensland, separated by two periods of stability and deep weathering. In the 




‘stepped’ with two main surfaces (Anand et al., 2005). Whether these surfaces correlate 
with those proposed by Grimes is problematical, since erosional surfaces will have different 
ages in different parts of the landscape. Furthermore, the presence of Mesozoic sediments 
capping some mesas and plateau suggests that denudation was not homogeneous. In many 
places, the pre-Mesozoic landsurface or a derivation similar to it has been exhumed. In the 
Selwyn region in Victoria, several stages of exhumation can be recognized, depending on 
the relative rates of erosion and the original thickness of the Mesozoic sediments (Wilford, 
2005). 
The existence of four erosion surfaces throughout the northern half of the Northern 
Territory (Ashburton, Tennant Creek, Wave Hill and Koolpinyah), which represent three 
episodes of uplift and erosion, has been studied by Hays (1967). An alternative hypothesis 
of land surface development for the region was proposed by Nott (2005). He suggested 
that, throughout the Cainozoic, the landscape appears to have increased in relief through 
gradual etching, not by the multiple episodes of cyclical planation argued for and studied 
by Hays. Nott argued that the type sections for the Wave Hill and Koolpinyah surfaces 
have been misinterpreted by Hays; instead of being composed of detrital laterite, these type 
sections are composed of in situ, weathered Cretaceous strata, providing convincing 
evidence against the multiple planation hypothesis. Landscape changes have been driven by 
the initial deposition and later stripping of marine sediments since the Mesozoic. 
In the Hamersley Province of Western Australia, Twidale et al. (1985) accepted the former 
presence of a high-level lateritic “Hamersley Landscape” of subdued relief, and that 
modern valleys hosting canga and Palaeogene-Neogene pisolitic crusts were incised after 
removal of this crust. Killick et al. (1996) highlighted that physical evidence supporting the 
postulated Hamersley Surface is patchily preserved in the areas they investigated. High 
level areas have generally been stripped back to relatively fresh rock, although some 
saddles and other local topographic depressions retain pockets of in situ or locally derived 
weathered material. Killick et al. (1996) reported that weathered zones (which were not 
noted by Twidale et al., 1985) are best preserved at the base and lower margins of the 
valleys, and as the ferruginous crusts and underlying saprolite of the pisolitic Palaeogene-




rolling surfaces preserved on some Banded Iron Formation units at high and intermediate 
levels. 
The preservation of weathered zones overlain by canga (a Brazilian term for a tough, well-
consolidated, unstratified, iron-rich rock composed of varying amounts of fragments 
derived from high-grade hematite, or other ferruginous material, and cemented by limonite 
that may range from about 5% to more than 95%). Canga occurs as a near surface or 
surficial deposit and blankets older rocks on or near the present or an ancient erosion 
surface. It is very resistant to erosion and chemical weathering (Neuendorf et al., 2005)] 
and Palaeogene-Neogene pisolite crusts on the sides and floors of the valleys, and their 
conformity with the current topography, indicate that significant elements of the modern 
Hamersley landscape have been stable since the Palaeogene-Neogene and earlier (Finkl and 
Churchwood, 1973; Finkl, 1979). 
An alternative method for dating erosional land surfaces is the application of weathering 
geochronology (Vasconcelos, 1999a). Minerals precipitated by weathering reactions may 
be preserved in the surficial environment and record the minimum age for the exposure of a 
land surface. As an example, Vasconcelos and Conroy (2003) employed Ar/Ar 
geochronology of supergene minerals in the Dugald River region of Queensland and 
suggested that the higher elevation surfaces are older and age decreases with decreasing 
elevation. The sampling sites at the highest elevation (255-275 m), located on an elongated 
mesa, yield ages in the 16-12 Ma range. Samples from an intermediate site (225-230 m) 
yield ages in the 6-4 Ma range. Samples collected at the lowest sites (200-220 m) yield ages 
in the 2.2-0.8 Ma interval. The age versus elevation relationship obtained suggest that the 
stepped landscapes in the Dugald River area record a progressive downward migration of a 
relatively flat weathering front. The steps in the landscape result from the differential 
erosion of previously weathered rock. 
 
5.1.5 Duricrusts 
Duricrusts occupy a large part, possibly as much as 25 % of the total area, of the Australian 




pedogenic or depositional origin and have various compositions, some being mostly 
ferruginous, some aluminous, some siliceous, and yet others gypseous or calcareous. 
Goudie (1973) suggested that the various mineralogical types of duricrust be named 
according to their composition, with the dominant element indicated by a prefix attached to 
the suffix ‘crete’ (means to grow together or hardened in Latin) to indicate a resistant 
material, as in concrete (such as ferricrete, alcrete, silcrete, gypcrete, calcrete). 
In Australia, lateritic duricrusts occur widely across the continent but have a marginal 
distribution (Figure 5.8). Silcrete is also widespread but is most frequent and common in 
the interior of the continent (Langford-Smith, 1978; Twidale, 1983). According to Stephens 
(1964) and Langford-Smith (1978), the widespread sequence of silcretes in Central 
Australia can be explained by three major  events: 1) mobilization of silica by lateritic 
weathering in the area of the present watershed of eastern and northern Queensland; 2) 
deposition of silica after south-western transportation in streams and rivers for considerable 
distance (up to 1.5 km) on a wide, gently sloping surface underlain by a large array of 
rocks; 3) erosive break-up of the silcrete sheet so formed due to rejuvenation, to leave caps 
on mesas and extensive stony pavements. They concluded that the three mentioned stages 






Figure 5.8: Laterite and silcrete distribution in Australia (from Twidale, 2007). 
Although calcrete is found in northern monsoon lands developed on limestone outcrops, the 
main calcrete sheets are in the southern portion of the continent, particularly the semi-arid 
lowlands of south and southeast Australia (Milnes and Hutton, 1983). Gypcrete is confined 
to an area southwest of the Lake Eyre basin, though gypsiferous soils are more widely 
distributed and some major salinas such as lakes Gregory, Torrens, Amadeus, MacDonald 
and Gilles carry gypsiferous crusts (McKenzie et al., 2004). 
Whatever their composition, all the duricrusts form caprocks on plateaus. Laterite and 
silcrete are the most common, but calcrete-capped mesas are prominent in the southwestern 




calcrete is commonly associated with opaline silica. Gypcrete underlies the plain between 
Lakes Eyre and Torrens and caps the cliffs that border the Lake Eyre salina on its western 
side (Twidale, 2007). 
Twidale (1956) highlighted that the laterites preserved in northern Australia appear to be of 
Miocene age [he relied mostly on Australia’s three major structural and physiographic 
elements (the Shield, Artesian Basin and Eastern Highlands) on the one hand, and the 
area’s denudational history, stratigraphic, geomorphologic and field mapping data on the 
other hand], but some in the southeast are of later Cainozoic age. Younger pisolitic 
regoliths are also reported from the southwest of Western Australia (Playford et al., 1975). 
In the Darling Range and other parts of the Yilgarn the lateritic and bauxitic duricrusts are 
probably of Early Mesozoic age (Jutson, 1934; Clarke, 1994a, b; Twidale and Bourne, 
1998). Stratigraphic, geomorphological, and radiometric evidence showed that the laterite 
of Kangaroo Island and other areas bordering the South Australian gulfs predate the Middle 
Jurassic but are younger than Early Permian (Daily et al., 1974). Palaeoclimatic and 
palaeontological considerations suggest the Triassic as the most likely age of both the 
laterite and the surface on which it is developed (Sprigg et al., 1954; Daily et al., 1974, 
1979). 
Silcrete differs from orthoquartzite in its texture for it typically includes larger clasts of 
quartz set in siliceous matrix like those that underlie the plains southwest of Lake Eyre 
(Wopfner, 1978). Silcrete also occurs in skins plastered on host blocks or boulders (Hutton 
et al., 1972). More commonly it occurs as capping on plateau that, before dissection, had 
previously been assumed to represent extensive plains carrying a siliceous pedogenic 
horizon. 
In spite of all mentioned duricrusts, only the older laterites on the Yilgarn Block of 
southwestern Western Australia and in the Gulf region of South Australia enter into 







5.1.6 Morphostratigraphic context of the weathering profiles in the study areas 
5.1.6.1 Adelaide and surrounding areas (Mount Lofty Ranges) 
The geology of this study area consists of three broad units. In chronological order, from 
oldest to youngest (Preiss, 1987; Sheard and Bowman, 1996): 
• Proterozoic siltstones, sandstones and limestones of the Marinoan series. These form 
prominent exposures within the Onkaparinga Gorge and underlie thin cover in areas of 
medium to high relief east of the Clarendon Fault; 
• Palaeogene-Neogene sediments including marine and alluvial sands, limestones, silts 
and gravels of the Noarlunga Embayment within the St Vincent Basin (Preiss, 2003). 
They are exposed on erosional rises and plains east of the Clarendon Fault, and on rises 
and within cliffs in the western part of the area, such as along the coast; and 
• Quaternary and Pleistocene deposits, consisting of unconsolidated clays, silts, sands and 
gravels, some of which are indurated by regolith carbonates (Preiss, 2003). They include 
the Bridgewater Formation - a calcarenite and marl exposed as a reef 350 m offshore 
from Point Noarlunga (Drexel and Preiss, 1995). 
The main attributes at individual field sites and within the regolith landform units include: 
regolith lithology and stratigraphy, and the landform expression of surface material. 
Adelaide and surrounding sample sites broadly include the following regolith materials 
(Sheard and Bowman, 1996; McDermott, 2003): 
(1) Slightly weathered bedrock and saprolith: These units are a part of in situ regolith and 
include hills and cliffs of exposed bedrock, with moderate to high relief and a slope 
gradient of over 30%. These units are made up of a red-brown, purple and blue or grey 
coloured, fine-grained, well-sorted, laminated siltstone. Included in these units is a 
Palaeogene-Neogene calcarenite and marl, (Department of Environment and Planning, 
1991; McDermott, 2003). 
(2) Moderately and highly weathered bedrock: These units again are in situ and make up a 
large portion of the study area consisting of moderately weathered bedrock. Three 
main types of moderately weathered bedrock are present in different geomorphological 




limestone of the Umberatna Group. Unconsolidated Palaeogene-Neogene sediments, 
mainly consisting of sandstone, limestone, siltstone and claystone. Unconsolidated 
Quaternary deposits including sandstone, claystone, marl and calcrete. Landscape 
settings include, gentle rises, undulating low hills, coastal escarpments and riverbank 
escarpments (Sheard and Bowman, 1996; McDermott, 2003). 
(3) Alluvial sediments: These alluvial materials are part of a transported regolith and 
consist of sand, silt, clay and mud of varying composition, including: transported silt 
with varying quartz content; black organic-rich mud; quartz-rich sand; and locally 
derived lithic fragments. Landform expressions include: channels; alluvial plains (both 
ancient and recent); alluvial swamps (both stagnant and active); and alluvial drainage 
depressions (Sheard and Bowman, 1996; McDermott, 2003). 
(4) Colluvial sediments: The most common colluvial sediment in the study area is mixed 
soil creep and sheet-flow deposits. These vary in composition but mostly include silt, 
sand, clay and locally derived lithic fragments of siltstone and limestone. They are 
typically expressed within: erosional rises; erosional depressions; and depositional 
plains (Sheard and Bowman, 1996; McDermott, 2003). 
(5) Ferruginous regolith: Ferruginisation in the study area occurs within the indurated 
regolith and is a major attribute on some regolith landform units. Palaeogene-Neogene 
siltstone, limestone, sandstone and clay, located throughout the study area, are most 
extensively ferruginised. Mottling and iron oxide staining and minor veining are the 
main forms of ferruginsation (McDermott, 2003). 
The main stratigraphic units and their specific characterisation in the study area are given in 
Table 5.2. 
 
5.1.6.2 Central South Australian study area 
Precambrian rocks of the northern Gawler Craton outcrop throughout the southern half of 
the area. Sediments of the Permian Arckaringa Basin occur in subsurface throughout much 




Artesian Basin. Much of the region is thinly covered by Palaeogene-Neogene and 













Loveday Soil Lower 
Holocene 
Soil differentiation of the 
Woorinen Formation (lime 
silt-quartz sand mixture 
showing aeolian layering and 
dune form) plus talus and 
other fluvial deposits by 
successive eluviation to form 
soft platy lime layers is 
characteristic of this unit. 
A soil stratigraphic unit. Well 
developed in the Woorinen 
Formation. Widespread in South 
Australia, Victoria and New South 
Wales. Covers slopes of low hills 
and also valley walls. 
It is named after 





220 km NE of 
Adelaide). 
Firman, 1966; 








This unit consists of silty clay, 
sand and carbonate earth with 
occasional gravel lenses. The 
unit is unconsolidated. It 
represents resurgence of 
alluvial and fluvial 
sedimentation. In some parts 
of the Flinders Ranges, this 
unit may be up to 50000 years 
old. 
In northern Spencer Gulf, the 
continental sequences overlie 
irregular bedrock topography and 
total thickness is highly variable: 40 
m at Port Augusta, 150 m at Port 
Pirie and 450 m near Redcliff. 
Within the St Vincent Basin, the 
pre-Quaternary surface is more 
regular, and the continental 
sequences generally thin in a 
seaward direction, where alluvial 
Pooraka South 
Australia (12 

















fan sediments merge imperceptibly 
with fluvial and overbank alluvial 
deposits. 
Bakara Soil Quaternary 
Late 
Pleistocene 
Contains calcrete, gypcrete 
that is massive, coarsely-
crystalline, yellowish to white 
gypsum and pale-pink lime. 
In the Murray Basin, this unit 
overlies sedimentary rocks of 
Paleogene-Neogene and Mesozoic 
age. It includes widespread fluvial 
and lacustrine sedimentation which 
originated as drying up of shallow 
fresh-water lakes in the Merribah 
area and near the eastern margin of 
the Cambrai Plateau. 
Bakara, South 
Australia (133 









Pleistocene This unit is a punctuated 
sequence of alluvial, fluvial 
and related lacustrine 
sediments. This unit also 
contains alluvial fan and 
piedmont slope deposits, 
similar to those flanking the 
ranges.  
Around the northern margins of the 
Flinders Ranges and Willouran 
Ranges, there are extensive fan and 
colluvial deposits which include 
equivalents of the Willawortina 
Formation and the coarser Telford 
Gravel. These units are frequently 
preserved in dissected ‘high plains’ 
and are generally cemented with 





km north of 
Adelaide) 
Firman, 1967a, 
b; Phillips and 
Milnes, 1988; 






saline sulphate and/or carbonate 
ground waters percolating through 
the fans. 
This unit is also distributed and is 
recognizable in the Flinders Ranges 
and Murray Basin 
Hallett Cove 
Sandstone 
Pliocene This unit is a 1 m thick, 
transgrassive, shallow 
marginal marine calcareous 
sandstone to sandy limestone 
at the type section near 
Sandison Reserve Monument. 
The formation comprises 4m of 
interbedded flaggy sandstone, 
limestone and sand with a thin band 
of fossiliferous shelly sand near Port 
Willunga. Outcrops of this unit also 
occur in the City of Adelaide area, 
where it has been intersected by 
drilling and excavation. The 
distribution is Kingscote, Kangaroo 
Island, eastern Yorke Peninsula, 
















Fossiliferous sandy limestone, 
calcareous sandstone and 
oyster beds comprise this unit. 
This unit deposited in a narrow 
estuarine zone extending northwards 
from Tailem Bend along the western 
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Ludbrook, 
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It contains pisolitic and 
ferruginous fine- to medium-
grained sand overlying partly 
silicified Eyre Formation 
(partly silcreted).  
The formation is generally 7-10 m 
thick, but reaches 40 m in the core 
of the Haddon Syncline. This unit is 
a fluvial facies of the basal 
Etadunna Formation (Wopfner, 
1974). The distribution is in the 
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Dark grey, bioturbated and 
fossiliferous shaly mudstone 
with pale grey micaceous silt 
to very fine sand intervals that 
commonly show fine cross-
lamination or irregular 
interlamination with mudstone 
Its maximum known thickness is 
~340 m in northern South Australia, 
but it thins to <200 m in the 
Oodnadatta and Marree regions in 
the exposed reference sections. 
Farther westwards the unit thins 
stratigraphically due to erosional 
stripping. It occurs on the southwest 
margin of the Eromanga Basin. 
Bulldog, NSW 



























very fine- to fine-grained 
sandstone with laterally 
extensive or locally developed 
medium to very coarse 
sandstone interbeds and minor 
carbonaceous claystone 
intervals. 
that extends throughout the 
Eromanga Basin. It records a 
transition from terrestrial-freshwater 
to marine conditions. This unit is 
typically 10-20 m thick in exposures 
around the basin margin, increasing 
to 75-100 m in the deeper parts of 
the basin. The distribution is in the 
Cooper Region and on the southwest 
margin of the Eromanga Basin.  
South Australia 
(1000 km north 
of Adelaide) 
1955; Wopfner 
et al., 1970; 
Moore and Pitt, 
1985; Alley, 
1987, 1988; 
The Geology of 
South 
Australia, 1995 







Pebbles of red porphyritic 
rhyolite and various quartzose 
lithologies occur in coarse-
grained, cross-bedded 
sandstone. 
Ferruginous grit layer with 
rhyolite, quartz and quartzite 
pebbles. 
The Mount Anna Sandstone 
Member is a fluvial to deltaic 
sandstone whose source was in part 
the Gawler Ranges Volcanic 
Province. It is also recognizable on 




(833 km north 
of Adelaide)  











This unit is a cross-bedded 
fluvial conglomerate with 
silcrete clasts and medium- to 
coarse-grained sandstone. It 
The unit distributed in the Lake 













occupies the Mirackina 
Palaeochannel, an eroded 
Neogene palaeo-drainage 
system on the western margin 
of the Lake Eyre basin. Fine-
grained sandy siltstone and 
shale occur in the upper and 
distal parts; the top is 
generally ferruginised and 
silicified. 








The formation consists of 
generally upward-fining units 
of cross-bedded quartz sand 
with poorly sorted quartz 
gravel. Fluvio-lacustrine sand, 
silt, gravel and carbonaceous 
clay is exposed in quarries in 
the One Tree Hill area.  
The basal part of the unit is fluvial 
sand with minor silt and clay. The 
unit’s bedding indicates that it was 
deposited in fluvial to deltaic 
environments by flow from the 
north. This unit distributed in 
























pyritic carbonaceous sand, 
although the carbonaceous 
lithologies are often leached in 
outcrop. Grain size varies 
from silt to gravel, with clasts 
up to small cobble size; sand 
grains usually being 
subangular to subrounded and 
polished. A clay matrix is 
often present in sand around 
the basin margins.  
overlies Mesozoic sediments, but 
locally oversteps onto Cambrian and 
Precambrian rocks. It is overlain 
unconformably by the middle to late 
Tertiary Etadunna and Namba 
Formations and Quaternary 
sediments. Distribution is in the 
Lake Eyre Basin, southern 
Callabonna Sub-Basin. 
South Australia 
(690 km north 
of Adelaide) 











This unit is predominantly 
fine- to coarse-grained meta-
sandstone in beds 1-2 m thick, 
separated by very thin, 
laminated meta-siltstone and 
phyllite. Cross-bedding is 
common especially in 
channel-filling sandstone and 
conglomerate. Clasts include 
quartzite, rare phyllite, gneiss 
and marble.  
Turbidite facies were noted by Flint 
(1978) in this unit which has 
equivalents on the west coast of 
Kangaroo Island. Flint (1978) 
interpreted the facies as a submarine 
fan environment in which waning 
turbidity currents rapidly deposited 
sediments in water below storm 
wave base.   
Tapanappa, 
South Australia 























This unit has an abrupt 
lithological change which 
marks its appearance. It 
consists of a phyllite with pale 
calc-phyllite or marble 
interbeds which give the 
formation a characteristically 
banded appearance. Sulfide-
rich bands are common in the 
lower part of the unit known 
as Nairne Pyrite Member 
which exemplifies exceptional 
sulphide enrichment. 
The unit was deposited under 
strongly reducing conditions. A 
deep offshore environment with 
oscillating supply of terrigenous 
clay and lime mud is indicated. The 
Karinya Shale is equivalent to this 
unit and occupies a similar 
stratigraphic position in the Karinya 
Syncline. It comprises 200 m of 
dark grey, pyritic laminated siltstone 
deposited in a deep marine setting. 
This unit is a part of the Lower 
Kanmantoo Group and is distributed 
in the Stansbury Basin (Fleurieu 
Peninsula, eastern South Australia) 
and parts of Kangaroo Island. 
South coast of 
Fleurieu 
Peninsula (110 


















Sulfide-rich bands in the lower 
parts of the Talisker calc-
siltstone are known as the 
Nairne Pyrite Member which 
exemplifies exceptional 
sulfide enrichment. 
Lower parts of  Talisker calc-
siltstone (lower Kanmatoo Group in 
Fleurieu Peninsula)  
Nairne, South 
Australia (38 






















Laminated siltstone is 
abundant in the lower part of 
the Backstairs Passage 
Formation which is 
bioturbated and interbedded 
with fine-grained sandstone, 
that increases upward to form 
planar laminated, metre-thick 
cross-beds.  
Shallow erosional channels filled 
with cross-bedded sand are common 
in this unit. Slumping of 
oversteepened foresets and upper 
flow regime planar beds indicate 
rapid deposition in a high-energy 
marine setting. This unit distributed 
in Fleurieu Peninsula, north coast of 





km southwest of 
Adelaide and 5 












The Palaeogene-Neogene and Quaternary stratigraphy, geology and age has been described 
briefly for two major provinces in the sample sites (Tables 5.3, 5.4); the first is underlain by 
the Jurassic-Cretaceous sandstone and older units, and is referred to as the Sand Plains, 
whilst the second is underlain by the Cretaceous Bulldog Shale and is referred to as the 
Stuart Range and Uplands. Fluvial action was, and still is, dominant on the Stuart Range 
and Uplands whilst aeolian action has dominated the Sand Plains. The nature of the 
sediments and related palaeosols developed in each area differ and this makes correlation 
difficult (Coats, 1973). 
 
Table 5.3: Palaeogene-Neogene and Quaternary stratigraphy of the Sand Plains in the 
study areas (source, Benbow, 1982; Drexel and Preiss, 1995). 
Age Lithology Thickness 
(m) 
Remarks 
Holocene Clay, silt and sand, thin salt 
crusts, algal ooze 
1 Lacustrine 
Holocene White to grey and pale red 
aeolian reworked lake sands. 
Coarse- to fine-grained, 
moderate to good sorting, 
unconsolidated  
14 Overlie lacustrine sands 
equivalent to around Lake 
Phillipson. 
Holocene Red to red-brown sand, 
clayey to silty in part, 
medium- to fine-grained, 
moderate to good sorting, 
unconsolidated 
5 Related to drainage around 
the southern margin of the 
Stuart Range and Uplands; 
includes areas of linear 
drainage and dune complex; 
related to the flood plains. 
Late 
Pleistocene 
Light orange to red brown, 
pink and white calcareous 
sand, large scale cross-
5 Aeolian, best section 





bedding, well sorted Weak carbonate 




Orange to red-brown sand, 
fine-grained, poorly to 
moderately sorted, no 
bedding apparent 
2 Aeolian, fluvial, occurs 
throughout the sand plains. 
Carbonate palaeosol near 
the top 
Pleistocene Red-brown to orange-brown 
clayey to silty sand, fine- to 
coarse-grained, poorly 
sorted, weakly to moderately 
consolidated 
8 Best section exposed 
around claypans on the 
western margin of area; 
aeolian to fluvial.  
Pleistocene Pink to white gypseous sand 
and silt, massive and 
crystalline gypsum 
7 Around the claypans of the 
Garford palaeochannel, 
aeolian lunettes and 






White dolomitic limestone, 
sandy in part, with locally 
abundant polished and 
rounded silcrete pebbles. 
White dolomitic palygorskite 
clay, green pearly lustred 
palygorskite and sepiolite 
clay 
14 Garford palaeochannel and 
surrounding Sand Plains. 
Ferruginised and silicified 
to black colour.  
Eocene-
Miocene 
Fine to very coarse poorly 
sorted conglomeratic sand. 
Unknown Widespread unit, over Sand 





Eocene Clean, well to poorly sorted 
sand, carbonaceous sand, silt, 
clay 
>31 Garford Palaeochannel; 





Table 5.4: Palaeogene-Neogene and Quaternary stratigraphy of the Stuart Range and 
Uplands in the study areas (source Drexel and Preiss, 1995). 
Age Lithology Thickness 
(m) 
Remarks 
Holocene Grey-brown to brown 
gravelly clay, silt and sand, 
moderate to poor sorting, 
unconsolidated to weakly 
consolidated 
1.5 Restricted to drainage 
areas. Weak soil formed 




Red brown to brown clay to 
silty clay, mantled by silcrete 
gibber. 
1.5 Occurs over much of the 
Stuart Range and Uplands. 




Gravel, sand and interbedded 
clay, weak to moderate 
consolidation, poor to 
moderate sorting 
3 Occurs in drainage areas 
and intertongues.  
Pleistocene Red clay, silt, gravelly and 
sandy in part, weak to 
moderate induration. 
4 Over much of the Stuart 
Range and Uplands. It is a 
sandy siltier facies, 
developed near the 
Mesozoic sands. Alluvial 
and colluvial 
Pleistocene Red, silty breccia and gravel, 
weakly to moderately 
consolidated 
3 Restricted to uplands, 
colluvial and alluvial 
Pleistocene Silty breccia and gravel 5 Massive crystalline 
gypcrete and rare massive 
calcrete. Restricted to 





Pliocene Red silty breccia and gravel 6 Restricted to uplands, 
colluvial and alluvial 
Eocene-
Miocene 
Clay, silt, sand and minor 
conglomerate 
unknown Restricted to uplands; 
colluvial and alluvial. 
Massive grey silcrete 
 
Only Early Cretaceous and Cainozoic units occur in the outcrop on some study areas in 
central South Australia. Older rocks, specifically the Late Jurassic of the Great Artesian 
Basin, the Permian of the Arckaringa Basin and Precambrian crystalline basement are 
present in the subsurface of the central South Australian sample sites (Pitt, 1978). A 
summary of the stratigraphy of the area is given in Tables 5.5 and 5.2. 
 
Table 5.5: A summary Palaeogene-Neogene stratigraphy of the Arckaringa sample 
sites (Source, Pitt, 1978; Drexel and Preiss, 1995).  




Holocene Fluviatile mud, 
sand and gravel 
unknown Occupies modern 
drainage channels, 
flood plains and minor 
claypans 
Alluvium 





unknown Dunes and sand spread 
of the Great Victoria 
Desert. Partially fixed 
by vegetation 
Sand 
Holocene Shallow red-brown 
clayey-sandy soils 
unknown Characterised by the 
growth of thick stands 
of mulga. Underlies the 
sands of the Great 
Victoria Desert 
Red-brown soils 




Holocene silty to sandy soils 
and weathering 
products with a 
surface lag of 
silcrete gibber 
breakdown of 
underlying units. Often 
gypseous due to 




White to pale 
coloured platy to 
nodular calcrete 
<0.1 to 1.0 Superficial deposits 
thinly covering outcrop 









unknown Preservation of original 
gypsite crust is rare. 
Usually eroded and 












<4 Fresh water lake 
deposit. Remnants 













producing a jasper 
breccia 
<4 One of the major rock 
types forming the cap 
of the Stuart Range 
Plateau. Developed as 
a partly alluviated and 
rewotked palaeosol 








deposits of silcrete 
clast-bearing 
conglomerate, sand 
and silt. Variably 
2-15 Occupies the 
Mirackina 
Palaeochannel and 
















sand or silty sand. 
Often massively 
silicified 
1-5 Extensive sandy 






Oligocene Quartzose silcrete 
of the duricrust 
profile  
unknown Rare isolated remnants 
only. These are usually 
broken down and 
incorporated into 



















5.1.6.3 Western Australian study areas 
5.1.6.3.1 Kalgoorlie-Kambalda sample sites 
Surface materials in the Kalgoorlie district are grouped together according to their relative 
ages (Table 5.6 and Figure 5.9). 
 
Table 5.6: Surface materials in Kalgoorlie-Kambalda region according to their 
relative ages (source, Geological Survey of Western Australia, 1975). 
Age Type Map symbol 
Holocene Fluvial and aeolian deposits Qr 
Holocene Aeolian and fluvial deposits Qa 
Pleistocene Mostly fluvial deposits with some aeolian Qp 
Pleistocene Fluvial and aeolian deposits and soils Qq 





Fluvial deposits Qu 
Palaeogene-Neogene Deeply weathered rocks and laterite To 
Palaeogene Continental deposits Te 
 
Upper Eocene continental deposits, up to 122 m thick, fill a small basin about 3 km 
southeast of Coolgardie. These are covered by younger alluvium. Many of the basement 
rocks are deeply weathered that probably took place during the early part of the Palaeogene 
(Geological Survey of Western Australia, 1975). Commonly the rocks are weathered to a 
depth of 10 m or so; and in some places to more than 60 m below the present land surface. 
Only a few remnants of primary laterite remain above the deeply weathered rocks 





Figure 5.9: The lithology, stratigraphy and rock relationships for Kalgoorlie-
Kambalda sample sites (Geological Survey of Western Australia, 1975) 
 
Several small deposits of conglomerate and white clay, older than the bulk of the surface 
deposits in the Kalgoorlie district but younger than the time of deep weathering, are thought 
to be Pleistocene, although they could be as old as Neogene. One type of conglomerate of 
this age contains quartz pebbles and ironstone gravel with ferruginous cement. Another 
type has only quartz pebbles and does not have ferruginous cement. In places the 
conglomerates are overlain by white clay deposits, presumably derived from deeply 
weathered rocks. Some of the white clay deposits grade upward into deposits with ironstone 
gravel. Others are overlain by younger alluvium (Kriewaldt, 1969; Geological Survey of 
Western Australia, 1975). 
Some of the deeply weathered rocks have been exposed by erosion, and subsequently 
hardened by silicification in the region, and by ferruginization in nearby places. The 
exposure and hardening is mostly an old feature, although the same process has taken place 
at more than one time. Silicification and ferruginization have taken place also in deposits 
eroded from deeply weathered rocks (such as silcrete near Ryans Find which incorporates a 
conglomerate). Covering large areas in the west of the Kalgoorlie sample site is a yellow, 




1975). In general, these materials overlie deeply weathered rock, but in places it is 
separated from the deeply weathered rock by deposits of conglomerate and clay. The sandy 
loam and ironstone were formed both in deeply weathered rocks and in material eroded 
from deeply weathered rocks; but after the time of deep weathering (Geological Survey of 
Western Australia, 1975). 
Many of the broad valleys in the Kalgoorlie area are floored with younger Pleistocene 
alluvium which consists of clay, loam and gravel and is up to 15 m thick. Other younger 
Pleistocene deposits include: yellow sand and loam washed from the older deposits; washes 
of quartz and feldspar from felsic rocks (usually granite); low-lying deposits of sand and 
loam derived largely from granite washes by further weathering and a thin layer of old 
pediment erosion surfaces (Geological Survey of Western Australia, 1975). 
Two groups of Holocene deposits have been recognised in the Kalgoorlie district: the oldest 
of these consists of aeolian deposits of impure gypsum which interfinger with sheet 
deposits of saline sand and silt. There are also sand ridges on deposits of yellow sandy loam 
that contain Fe nodules. Some deposits are younger than the mentioned group which 
include: deposits of silt and clay with gypsum and halite in playas; thin layers on pediments 
cut into weathered rocks to the west of playas, and on the western side of playa floors; 
saline deposits of sand, silt and clay bordering playas; dunes and sheets of white and yellow 
quartz sand, mainly on the eastern side of playas; claypan deposits; and finally alluvial 
deposits in aggraded channels and old claypans (Kriewaldt, 1969). 
 
5.1.6.3.2 Country breakaway 50.5 km west of Norseman and 132.2 km east of Wave Rock 
(Hyden-Norseman track) 
The Cainozoic stratigraphy of the area and its lithology and rock unit relationships are 
given in Figure 5.10 (Geological Survey of Western Australia, 1975). The most extensive 
Cainozoic unit within the area is gravel plain (Czg) that consists of ironstone pebbles in a 
sand or loam matrix. It is closely associated with white to dark yellow sand lacking 
ironstone pebbles (Czs). These units form the uppermost part of the deep-weathered profile 




pebbles, cemented Fe nodules and then kaolinised (Czo) granite (Geological Survey of 
Western Australia, 1975). Aeolian and fluvial erosion has stripped much of the upper sand 
exposing the gravel plain and the cemented Fe nodule layer. Other Cainozoic units are also 
related to the deep-weathering profile and are of some use in determining underlying rock 
types. Laterite (Czl) is a good indicator of underlying mafic rocks. Magnesite nodules and 
opaline silica fragments, associated with limonite deposits (Czj), indicate ultramafic rock. 
Massive silcrete consisting of angular quartz grains in a siliceous matrix (Czb) indicates 
underlying siliceous rock, particularly granite. Massive silcrete outcrop is generally 
restricted to breakaways that are confined to the western area in the sample district. This 
contrasts with the more advanced stage of erosion and reworking found in the eastern 
district. The only Cainozoic unit which is not related to the deep-weathering profile is Czu. 
This unit consists of stratified silt, sand and grit marginal to salt lakes (Geological Survey 
of Western Australia, 1975). 
 
Figure 5.10: Stratigraphic relationships between Cainozoic rock units (Geological 
Survey of Western Australia, 1975). 
 
The most extensive Quaternary unit in the district is a calcareous loam (Qqs) which occurs 
in the zone between the elevated sandplains and the salt lake areas. The boundary between 
the calcareous loam areas and the sandplain areas coincides with breakaways or minor 
changes of slope. This boundary marks the base of the deep-weathered profile. Much of the 
outcrop of granite occurs at this boundary. Thin ironstone pebble layers which cover the 
calcareous loam (Qpf) usually indicates underlying mafic rocks. Distinctive red quartz-




material in the calcareous loam is supplied by alluvial units Qpa and Qpl. Qpa is restricted 
mainly to the western side of the district and is a transitional unit from sandplain to 
calcareous loam. The unit Qpl is transitional either from reworked sandplain or recent 
colluvium (Qrc) to calcareous loam and is partly an eastern equivalent of Qpa. Active 
erosion of the calcareous loam and associated alluviul soil produces clay to pebble deposits 
(Qpv) in defined drainage systems (Geological Survey of Western Australia, 1975). 
Aeolian sand (Qps) is derived from two main sources: sandplain (northwest of Lake Hope) 
and units peripheral to the eastern margin of the salt lakes where the aeolian sand occurs as 
lunettes. In the second source they are associated with seed gypsum deposits (Qpk). As the 
salt lakes migrated west, reworking of the aeolian sand and gypsum produced variable 
gypsiferous loams (Qpf). Away from the salt lakes these are transitional into calcareous 
loam (Geological Survey of Western Australia, 1975). 
The salt lakes consist of extensive flats of saline silt and clay (Qra) in which gypsum 
crystals several centimetres long are common. Associated with the saline clay are extensive 
areas of usually gypsiferous deposits (Qrm) that in many cases result from reworking of 
gypsum dunes (Geological Survey of Western Australia, 1975). 
 
5.1.6.3.3 Central Jarrahdale and Darling Plateau 
The lithology and relationship of the units in this area is illustrated in Figure 5.11. The most 
extensive deposit in the area is laterite (Czl). It was propably formed during the Palaeogene-
Neogene (Prider, 1966). However, Pleistocene deposits are laterized throughout much of 
the study area and the Perth Basin which indicates that some laterite formed during the 
Quaternary (Playford et al., 1976). Laterite is associated with abundant sand on the 
Dandaragan Plateau and in the eastern part of the area. On the Darling Plateau, the laterite 
is generally massive and cemented, and may be pisolitic or vesicular. It averages about 4 m 
in thickness and the upper portions may consist locally of uncemented pisoliths. The laterite 
surface is flat to undulating and has been strongly dissected by streams (south of the Avon 
River). This laterite has formed in situ from the weathering of underlying rocks and passes 




deposits have formed on colluvial slopes above alluvium and are chiefly laterized sand 
(Geological Survey of Western Australia, 1975). 
 
Figure 5.11: Stratigraphic relationships between Cainozoic rock units in the Darling 
Range and surrounding areas (Geological Survey of Western Australia, 1975). 
 
A special type of siliceous duricrust is developed over some of the larger quartzite units 
(Czq). It corresponds to the main laterite surface but it is not ferruginous. It contains a 
pavement of white quartzite rubble and in situ quartzite. Overlying the laterite, particularly 
in the eastern part of the area, are deposits of yellow, grey or white sand of variable 
thickness (Czs). Where the unit overlies the massive laterite in the Darling Range it is much 
less extensive, it is grey or white but not yellow, and is invariably associated with the 
drainage courses. Czg unit is a flaggy silcrete that contains large quartz and kaolinized 
feldspar fragments in a cemented sandy matrix and associated with sand rich in quartz 
cobbles (the unit has been partly lateritized). The next unit is a compact, partially 
lateritized, gritty sandstone (Czf) which is associated with Czg and also occurs at the head of 
present drainage channels such as Calingiri area (Geological Survey of Western Australia, 
1975). 
Czc is an unsorted conglomerate. This unit is exposed over 65 ha and is up to 45 m thick. It 
contains irregularly-shaped clasts, ranging up to large boulder size, in a matrix ranging in 




weathered clasts are devoid of striae. The deposit rests unconformably on Archaean granite 
(Geological Survey of Western Australia, 1975). 
Quaternary to recent deposits cover most of the study area in the Perth Basin and Yilgarn 
Craton. The Ridge Hill Sandstone (Qph; Prider, 1948) is a littoral facies consisting of 
leached shoreline sand with a thin basal conglomerate. It is found in isolated patches along 
the face of the Darling Scarp at heights ranging from 75 m to 90 m. The principal 
occurrence is at Ridge Hill and the age is early Pleistocene. The Yoganup Formation (Qpr; 
Low, 1971) is a shoreline deposit that includes a basal beach conglomerate and a foredune. 
Any carbonate originally present has been leached out and the unit is variably lateritized. 
The type section at Yoganup is in Westralian Sands Ltd’s excavations for heavy mineral 
sands. The age of the unit is Middle Pleistocene. The Guildford Formation (Qpa; Baker, 
1954; Low, 1971), under the name Guildford Clay, consists of interbedded alluvial sand 
and clay, calcareous in places, with thin lenses of basal conglomerate which contain marine 
fossils. The clay is rich in gypsum crystals for about 60 cm above the fossil bed. The type 
section is in the West Guildford artesian bore from the surface down to 33 m. The unit’s 
age is Middle-Late Pleistocene (Low, 1971). 
In the northeastern part of the study site, a buff sand with distinct bands and lenses of 
ferruginous pisoliths (Qsp) forms a thin mantle over rock. The deposits appear to be 
redistributed residual products whose position is closely related to an early Quaternary 
drainage system. Aeolian bright yellow sand (Qs) occurs marginal to alluvial areas. This 
unit also overlies laterite in much of the area. Older sandy alluvium (Qaf) and reworked 
sand (Qas) associated with old stream channels are extensive upstream of the more recent 
alluvium of the Mortlock drainage system and near the drainage divides. The more recent 
alluvium (Qra) has a fairly flat surface and lies above the normal level of the present 
streams. Salt lake deposits (Qws) occur in the broad alluvial areas of the district. Swamp and 
lacustrine deposits (Qrw) are generally associated with Qas to the west of the Mortlock 
River. They also occur with thin bands of alluvium and colluviums (Qa) developed on the 
laterite of the Darling Range. The deposit forms rounded clay pans and swamps 




In the eastern part of the study district, colluvium (Qrc) consists of shallow dipping sheets 
of sand on valley sides upslope from alluvium and below rock or laterite outcrops. In areas 
of more active erosion to the west, colluvium occurs between valley alluvium and rock 
outcrop. Also in the eastern parts of the area, bedrock is often largely or almost completely 
obscured by soil. However, occasional outcrops and rock fragments enable the underlying 
rock type to be determined (Geological Survey of Western Australia, 1975). 
 
5.2 Adelaide and surrounding areas (Mount Lofty Ranges) 
5.2.1 Field setting of sample sites  
Many sites have been examined in this study. They are located in the south-eastern region 
of South Australia close to Adelaide (Figure 5.12) and include 22 samples. Sample codes in 
bold font have reached the final stages of the analysis because they contain high amounts of 
iron oxide minerals. Sample codes in italic-bold font are the clay samples from same 
locality. . 
 Mount Torrens (S 34° 52’ 1.4” and E 139° 0’ 13.6”; BKSA12A, BKSA12B and 
BKSA12C) laterite; ferruginous residual of an old weathering profile, includes 
reworked laterite, probably largely Pliocene in age (Figure 5.13A). 
 BlackWood Rail cut (S 35° 1’ 27” and E 138° 37’ 7.5”; BKSA13) laterised 
deposits and ferruginised sand and gravel on uplifted plateau areas. Mottled sand 
and clay in the western coastal regions are underlain by Hallett Cove Sandstone 
(marine sand, sandy limestone) and Norwest Bend Formation (marine sandy 
limestone in the Murray River area; Figure 5.13C, D). 
 Chandlers Hill (S 33° 5’ 14.9” and E 138° 36’ 45”; BKSA14A and BKSA14B) 
laterised deposits and ferruginised sand and gravel on uplifted plateau areas. 
Mottled sand and clay in the western coastal regions, underlain by marine sand, 
sandy limestone and marine sandy limestone in the Murray River area (Figure 
5.13B). 
 Chapel Hill (S 35° 9’ 59.9” and E 138° 34’ 53”; BKSA15) laterised deposits and 




western coastal regions, underlain by Hallett Cove Sandstone, which include marine 
sand, sandy limestone, and Norwest Bend Formation that consists of marine sandy 
limestone in the Murray River area (Figure 5.13E). 
 Seaview Quarry (S 35° 11’ 28.9” and E 138° 32’ 38.6”; BKSA16A, BKSA16B 
and BKSA16C) weathered sediments with ferruginized layers. They consist of re-
deposited and re-worked massive clay in the Cainozoic sediments. They also 
contain gravel on uplifted plateau; ferruginized sand and lateritic deposits (Figure 
5.13F and Figure 5.14A). 
 Range Road (S 35° 16’ 2.8” and E 138° 36’ 10.7”; BKSA17A, BKSA17B and 
BKSA17C) Ferruginized and weathered clayey sediments. The iron-rich mottles are 
recognisable as large hematitic mottles and separated by kaolinised and bleached 
bedrock (Figure 5.14B, C). 
 Willunga Hill (S 35° 18’ 0.2” and E 138° 35’ 0.4”; BKSA18A and BKSA18B) the 
mottles are smaller in size at the top of the section but they increase in size at 
bottom of the section. Parts of disintegrated mottles and fragments of the 
Cretaceous bedrock are present in the gravely soil today (Figure 5.14B, C). 
 Yundi Road cut (S 35° 18’ 56.9” and E 138° 38’ 38”; BKSA19A, BKSA19B and 
BKSA19C) Bottom of the road cut includes a highly weathered Precambrian section 
which is cemented by goethite and weathered Permian fluvio-glacial sediments 
(Figure 5.14D). 
 Green Hills Road cut (S 35° 31’ 57.5” and E 138° 35’ 47.6”; BKSA20A and 
BKSA20B) consists of ferricrete on granite bedrock interfluves which show 
moderate weathering. Some large slabs of clay, probably kaolinised, are present 
(Figure 5.14E). 
 Gun Emplacement (S 34° 50’ 32” and E 138° 43’ 27.3”; BKSA21A and 
BKSA21B) Hematitic mottles underlying the ferricrete surface. The mottles have 






Figure 5.12: Topography and location of the sample sites (modified after Jarvis et al., 
2008). 
 
The profiles studied typically comprise ferricrete, with underlying mottled and bleached 
sections in the mentioned study areas. The ferruginous sections varied in material type and 
in origin, some being clearly in situ and others show evidence of re-working. Where the 
profile was complete, in the strict sense of a standard ‘laterite’ profile, mottled sections 
would underlie the ferruginous capping, followed by the pallid zone. Much of the interest in 




weathering profile (i.e. whether the older part was the ferruginous or pallid zone). In these 
study sites, there are few ferricretes formed by the surface weathering and ferruginisation of 
bedrock. These ferricretes commonly contain higher Fe2O3 than the equivalent unweathered 
bedrock, showing lateral local iron enrichment by iron influxed in solution, especially as 
the ferricretes occur in relatively lower parts of the sites. 
Masses of iron-rich bedrock and weathering profiles in the mentioned sites have been 
described and studied by Bourman et al. (1987) and Bourman (1993a, 1995). He 
highlighted that the lags of hardened iron mottles accumulated at the surface during 
landscape down-wasting. The in situ ferricreted bedrock and the lags are dominated by 
hematite. Ferruginised bedrock mottles are significant, as they have been precursors of 
ferricrete development and form individual constituents of some ferricrete types. Firman 
(1981) observed that the mottled zones in some places unite with each other upwards to 
form a ferricrete cap, whereas in other sections they are older than the ferricrete crust 
overlying them. The bleached zones are of great antiquity, because of their stratigraphic 
position which is equivalent to the Mesozoic-Cainozoic boundary. 
The following sample site description is typical of the summit surface on the Mount Lofty 
Ranges (Figure 5.12). 
Three samples collected from the Mount Torrens region where iron-mottled Precambrian 
metasediments are exposed in a road-cutting through the summit surface in the southern 
Mount Lofty Ranges. Bedrock layering is clearly evident through dark iron mottles (Figure 
5.13 A). The sediments at the sample site are 3-5 m thick and may more in some nearby 
places. 
The deeply weathered Precambrian basement profile at Yundi Road cut is at the bottom of 
the road cut exposure (Figure 5.14 D). Unconformably overlying this was weathered 
Permian fluvio-glacial material, cemented by goethite. Two distinct massive ferricrete 
layers, interrupted by a reddish-orange layer, complete the profile, with soil at the very top. 
One sample was collected from Blackwood rail cutting (BKSA13), where mottled Eocene 




comprise a hematite/mottled and bleached section. The basement Precambrian layer was 
wholly kaolinised. 
At Chandlers Hill, the saprolite age is Precambrian and it was overlain by a slabby 
fericrete. The slabby ferricrete was mineralogically complex and developed on top of the 
basement rock, with iron movement down slope concentrated mainly as hematite. Slabby 
ferricrete is exposed at the base of the section in a road cutting through the summit surface 
overlying mottled zone and duplex soil. Horizontally disposed slabs of iron-impregnated 
sediment with intermediate clay-rich zones (Figure 5.13 B). 
At Chapel Hill, a Precambrian mottled weathering zone overlain by Eocene gravels was 
also sampled. The mottled sample had blotches of bleached and iron-enriched sections. 
This site contained water washed grit, gravel and sand which unconformably overlie 
kaolinised Precambrian shale (Figure 5.13 E). 
Seaview Quarry contained transported (re-worked and re-deposited) massive clay deposits 
within Cainozoic sediments. The sediments were differentially weathered; with some 
having ferruginised layers. At this site, laterised deposits and ferruginised sand and gravel 
on the uplifted plateau are recognizable. In this area, the iron-rich part of a large boulder 
has been sampled (Figures 5.13 F and 5.14 A). 
Range Road and Willunga Hill were excavated in Precambrian metasiltstone with 
sandstone horizons. Large hematitic mottles occur at the base (Figure 5.14 B and C), 
separated by bleached and kaolinised bedrock. Towards the surface the mottles have 
become isolated and smaller, with goethitic rinds. A lag of disintegrated mottles, pisoliths 
and bedrock fragments occurs at the surface and has been incorporated into the present 
ironstone gravelly duplex soil. The section has developed entirely in weathered bedrock, 
but disturbed bedrock structures suggest that there has been ‘churning’ of the upper section, 
perhaps due to wetting and drying effects. 
In the Green Hill road cutting, ferricrete occurs on a granite bedrock interfluve, displaying 
minor to medium weathering at the highest point in the landscape (Figure 5.14 E). This area 
is highly suggestive of duricrust formed by residual weathering and landscape downwasting 




place, weathering of transported materials will occur after deposition, highlighting the need 
to distinguish transported and in situ elements of the same duricrusts. 
In the Gun Emplacement area, separate phases of kaolinisation and ferruginisation are 
recognizable (Figure 5.14 F). In the area where kaolinised bedrock with overlying 
ferruginised mottles and sediments is common, there is some stratigraphic evidence that 
kaolinisation preceded ferruginisation. Furthermore, a drill core from north of Adelaide 
near this area shows plant roots in growth position, in a pallid kaolinised bedrock overlain 
by fossiliferous Cainozoic carbonaceous sediments (Benbow et al., 1995a, b). Bourman et 
al. (2010) highlighted that this area is underlain by Middle Eocene North Maslin Sand and 










Figure 5.13: Photography of sample sites (southeastern South Australia). (A) shows 
that in the Mount Torrens road-cutting there exist properly formed iron-mottled 
Precambrian meta-sediments. They are present close to Adelaide in the Mount Lofty 
Ranges through the summit surface. The bed rock layers can be observed through the 
dark iron mottles (S 34° 52’ 1.4” and E 139° 0’ 13.6”). 
 
(B) At Chandlers Hill, an overlying ferricrete is found in a saprolite of Precambrain 
age. The iron-movement is in a downward direction and the ferricrete is of complex 
nature formed on the basement rock. The ferricrete which is present at the base of the 
section in the road cutting on the summit surface is above the duplex soil and mottled 
area (S 33° 5’ 14.9” and E 138° 36’ 45”). 
 
(C and D) The Black Wood rail cutting site has been sampled. The Precambrian 
basement underlies the mottled Eocene sediments which are mottled kaolinised and 
bleached (S 35° 1’ 27” and E 138° 37’ 7.5”). 
 
 (E) At Chapel Hill the Precambrian shale is overlain by Eocene weathered gravel. 
Here iron-enriched and bleached sections were found in the mottles. Gravel, sand and 
water-washed grit are present above the kaolinised Precambrian shale (S 35° 9’ 59.9” 
and E 138° 34’ 53”). 
 
(F) Sediments weathered in a different manner with ferruginised layers have been 
found in the Seaview Quarry site which was sampled. They represent re-deposited 
and re-worked deposits of massive clay in the Cainozoic sediments. The site also 
contains gravel on the uplifted plateau, ferruginised sand and laterised deposits. The 
iron-rich large boulder has also been analysed at this site (S 35° 11’ 28.9” and E 138° 










Figure 5.14: Photography of sample site in southeastern South Australia). (A) the 
iron-rich part of the boulder has been observed and sampled (S 35° 11’ 28.9” and E 
138° 32’ 38.6”). 
 
(B and C) The sample sites at Willunga Hill (S 35° 18’ 0.2” and E 138° 35’ 0.4”) and 
Range Road (S 35° 16’ 2.8” and E 138° 36’ 10.7”) are present in the picture which 
shows the sandstone horizons in the Precambrian metasilstone. At the bottom, large 
hematitic mottles are found which are separated by kaolinised and bleached bedrock. 
At the surface the mottles are smaller and isolated with geothitic rinds. The sites also 
have pisoliths, disintegrated mottles and fragments of bedrock which have been 
formed into the gravelly duplex soil present today. 
 
(D) Towards the bottom of the road-cut there exists a highly weathered Precambrian 
basement profile at Yundi road cut (S 35° 18’ 56.9” and E 138° 38’ 38”). It has been 
cemented by goethite and weathered Permian fluvio-glacial sediment. The soil is 
completed by a reddish-orange layer and two ferricrete layers and a covering soil. 
 
(E) The road cut present at Green Hills (S 35° 31’ 57.5” and E 138° 35’ 47.6”) consists 
of ferricrete on the granite bedrock interfluves, which shows moderate weathering on 
the top of the landscape. 
 
(F) Ferruginisation and kaolinisation processes have taken place at the Gun 
Emplacement (S 34° 50’ 32” and E 138° 43’ 27.3”) area. Here kaolinisation took place 




5.2.2 Geology and weathering profiles; Mt Lofty Ranges 
Mt Lofty Ranges is a part of a fold mountain belt known as the Adelaide Foldbelt (Sprigg, 
1945; Preiss, 1987). The dominant landform is an upfaulted block of Proterozoic, Cambrian 
and Permian rocks. It is a relatively long and narrow block of rocks, aligned roughly north-
south, that has been uplifted along fractures or faults that run in parallel and are straight or 
only gently arcuate (Twidale and Bourne, 1975). 
The faulting responsible for the horst block of the area occurred over a considerable period 
of 500-550 million years ago. Recent earthquakes indicate that the faults that define the Mt 
Lofty Ranges remain active (Greenhalgh et al., 1994; Love et al., 1995). The whole area 
was affected by the Late Palaeozoic glaciations. The area was then reduced to low relief 
and deeply weathered. A lateritic crust developed prior to the Late Cretaceous and there 
was an earliest Palaeogene-Neogene renewal of major faulting (Glaessner and Wade, 1958; 
Twidale and Bourne, 1975; Tokarev et al., 1999). 
The Mt Lofty Ranges is an arcuate north-south oriented upland region in South Australia 
flanked by the St Vincent and western Murray Basins (Figure 5.15). Traditionally, the Mt 
Lofty Ranges was considered to be an intraplate region uplifted since the early Palaeogene-
Neogene with inherited tectonic fabrics from the Delamerian structure (~500 Ma). Previous 
models refer to Eocene uplift resulting from compressional reactivation along Paleozoic 
faults (Benbow et al., 1995a, b; Love et al., 1995; Tokarev et al., 1999). 
Initial tectonic forces involved subsidence and downwarping which significantly lowered 
the highstanding pre-Middle Eocene palaeoplain. These processes in combination with 
significant sea-level changes resulted in an increase of topographic relief and the stripping 
of regolith from portions of the Mt Lofty Ranges. A major sea-level fall in the Oligocene 
resulted in exposure of sedimentary surfaces to active weathering and pedogenesis in the 
southwestern part of the Murray Basin. Pleistocene uplift of the Mount Lofty Ranges 
changed the initial geomorphic setting including the drainage network, and preserved the 
watershed in the eastern portion from direct active erosion (Twidale and Bourne, 1975; 





Figure 5.15: Location map of the Mount Lofty Ranges. The shaded landscape shows 
the Ranges surrounded by Palaeogene-Neogene and Quaternary filled basins (digital 
elevation copy, Department of Energy and Natural Resources, SA). 
 
5.2.3 Geomorphology of Mt Lofty Ranges 
The landscape of much of the Mt Lofty Ranges region is undulating hills; the altitude 
ranges from 400 to 650 m and local relief from about 30 to 50 m. A northeast to southwest 
topographic high east of Mount Torrens bisects the area; small catchments to the west drain 
into the Onkaparinga and Torrens catchment systems; catchments to the east form part of 
the Murray-Darling Basin system (Sprigg. 1945; Twidale and Bourne, 1975; Fitzpatrick et 




Units which have experienced an erosional regime usually occur on rolling hills, where thin 
soils overlie bedrock, saprock or ferruginous saprolite. Ferruginous saprolite, derived from 
Tapanappa Formation and Talisker calcsiltstone rocks, outcrop on low hills in the central 
parts of the area (Tokarev et al., 1999). There is generally no saprolite preserved over 
sandstones of the Backstairs Passage Formation in the west. Gossans crop out locally in a 
zone 200 m long at the base of low hills formed over the Naine Pyrite Member. Gosans are 
superficially very similar in appearance to ferruginous saprolite. However, on fractured 
surfaces, bright yellow mottles or patches occur in a reddish-purple matrix (mainly 
hematite). Gossans also contain barite, kaolinite, jarosite, natrojarosite, Fe oxides with 
adsorbed Pb, anglesite, iodargyrite, anatase and native gold (Skwarnecki et al., 2002; 
Skwarnecki and Fitzpatrick, 2003; Tokarev and Gostin, 2003). 
In the city of Adelaide, the basement structure was very much step-like, which is why the 
Mt Lofty Ranges were referred to as the Tiers (Hardy, 1939). People who settled in the area 
at earlier times noticed two main features which were the steep scraps (risers) and the 
different levels of plains or benches (Twidale et al., 1976). The area is considered simple 
but the plains are complex and the landforms are varied. Their landscape is mixed with 
faulting, diastrophism, weathering, deposition and erosion activities over a long period of 
time (Twidale et al., 1976). 
The Mt Lofty Ranges consist of a summit surface that formed by the erosion of various 
kinds of rocks (from west to east; a. sandy sediment, b. weathered bed rock with 
ferruginous mottles, c. nodular, pisolitic and vermiform ferricretes, and d. ferricreted 
sediments of many different ages. The surface has been found at a level of 350-400 m in the 
north and 300-350 m in south while the other highlands are residual remnants which are 
above the general level such as Mt Gawler (543 m), Mt Torrens (584 m), Mt Cone (415 m), 
Mt Barker (517 m) and Mt Lofty (727 m). There also exists Precambrian and Cambrian 
bedrock which has been weathered in the Fleurieu Peninsula, forming a laterite capping. 
The surface of this is very much intact and the regolith is measured to a thickness of 10 m 
(Twidale and Bourne, 1975; Twidale et al., 1976). 
The summit surface and the laterite capping have both been regarded as Early Mesozoic in 




the laterite capping (Twidale, 1976). The surface of the summit has been eroded and the 
low relief areas are due to stream activity. This has been observed since the creek channels 
are exposed in road cuttings and quarries south and southeast of Adelaide. Also, long 
ribbons of round quartzite pebbles and boulders are present on the lateritized land on the 
eastern surface of the Mt Lofty Ranges (Kennedy, 1962 and Twidale, 1968). 
The Mt. Lofty Ranges extend beyond the horst structure (Barossa Valley), fault block 
margins with a tilted surface (Clarendon Block) and the adjacent basin stratigraphy have all 
been major factors formed by tectonic activities. Twidale (1976) stated that the lateritised 
peneplain had developed due to weathering and erosion under epigene conditions and then 
they were finally disrupted by faulting. 
Formation of weak ferricrete has been found in the Eocene sands at Anstey Hill, Gun 
Emplacement and Tea Tree Gully (Gun Emplacement; Figure 5.12). The Precambrian 
rocks have a ferruginised mantle and convex spurs have been eroded into these rocks 
(Bourman et al., 2010). 
Studies suggest a Cainozoic or early Pleistocene age for the old marine shorelines. 
However, there is no basis for these studies as it could also be possible that the scarp foot 
zones in the shorelines may be due to moisture (Twidale, 1967). Weathering was 
responsible for the deposits that have formed at Gun Emplacement because there was no 
alluvial transportation (Bourman et al., 2010). The southern Mt Lofty Ranges near 
Myponga and One Tree Hill consist of ferruginised surfaces in the floors of the valleys 
which have been formed from the summit surface laterite that has disintegrated (Twidale, 
1976). 
By the end of the Cainozoic, the Antarctic ice sheet began to develop and the water receded 
from the Noarlunga, Willunga Hill and Adelaide plains, the gulfs and Adelaide embayment 
and plains. The worldwide sea level was affected when the hydrologic cycle began to form 
in the Miocene but the withdrawal of water from the hydrologic cycle began to cause 





The Gondwana glaciations played a significant role in post-Delamerian landscape planation 
by eroding local uplifts and infilling many small depressions. Preservation of Permian 
landforms and sediments within this region highlights post-Permian tectonic quiescence, 
landscape planation and deep weathering and thus provides important evidence for post-
Middle Eocene evolution (Fitzpatrick and Skwarnecki, 2003). 
Palaeoenvironmental reconstruction of southern Australia during the Palaeocene to Early 
Eocene shows that the terrain was generally of low relief (Boeuf and Doust, 1975) and that 
the southern margin of Australia was far south from its present position. This in turn 
indicates that the region of the Mount Lofty Ranges and flanking basins was truly 
intraplate, and topographically higher than pre-Middle Eocene sea-level highlands 
(Deighton et al., 1976; Tokarev and Gostin, 2003). 
During Quaternary time, many changes in river activity were found, especially following 
the lowering of the sea level. The River Murray ran well south of the present mouth and 
was able to form enormous submarine canyons which were 1.5 km deep; this showed that it 
had really extended itself across the continental shelf (Von der Borch, 1968). During the 
Pleistocene, global glacial produced lowered sea-levels and exposure of some Lacepede 
shelf sediments with the ancient shoreline advancing out to the present edge of the 
continental shelf during glacial maxima (Hill et al., 2009). The Last Glacial Maximum 
channel begins near the current Murray mouth and forms part of this channel system. The 
top of the platform system is a dominant regional flat-lying erosional unconformity with 
local karstic relief in the order of 10 m. Unconsolidated sediment cover is relatively thin or 
may be absent. This basin comprises estuarine, lagoonal/lacustrine and fluvial facies of the 
palaeo Murray River, including channel-fill and point-bar deposits (Hill et al., 2009). 
The eastern Murray Basin has not experienced the deposition of alluvial fans like those that 
developed in the Mt Lofty Ranges in the Pleistocene (Williams, 1969, 1973, 1998). This 
may be because of the low rainfall present in the eastern area and the smaller streams that 
debauch from the hills onto the plains. It was due to the debouncing debris present over the 
hills was removed by the streams and moved to the western side into the eastern Murray 





5.2.4 Ferricrete genesis in the study sites 
The formation of ferruginous duricrusts by relative (in situ) and absolute (lateral) 
accumulation of iron and aluminium oxides has been well documented, but not all 
researchers have agreed on the significance of these processes and their recognition in the 
final weathering product. 
In southern Australia, ferricrete has been described by the name laterite because of its 
variability and mineralogical similarity. Many laboratory studies of its chemistry, 
mineralogy and micro-morphology have taken place in order to provide a basis for 
determining past environments relating to the formation of ferricretes (Bourman, 1995). 
The iron-mottled and bleached zones have shown that kaolinization and weathering have 
not caused lateritization. The evidence represented in the mineralogical data suggests that 
lateritization is mainly due to superficial weathering as well as leaching of the iron oxides 
and sediments into the groundwaters and its relocation to form laterite in many places 
(Bourman, 1995). 
A range of ferricrete types occur on and below the level of the summit surfaces in southern 
South Australia (Bourman et al., 1987; Bourman, 1993). A land surface of some relief in 
the ancestral Mount Lofty Ranges led to considerable areal variations in conditions of 
ferricrete formation. Bedrock in higher parts of the landscape was leached of iron, which 
was transported laterally to accumulate in lower lying areas such as in organic-rich 
swamps, at breaks of slopes on valley sides and in valley bottoms (Figure: 5.16; Drexel and 
Preiss, 1995). 
The formation of ferricretes has also taken place due to landscape downwasting, or 
peneplain development of laterites. Ferricrete emplacement can also be affected by the 
environmental conditions of the area. Such processes are mainly found to occur at present 
times. It is due to the chemical and physical characteristics of available aluminium and iron 
oxide which occurred under such conditions (Bourman, 1995). 
Several different kinds of ferricretes may be formed in the same area; hence, they can be 
regarded as the morphostratigraphic markers that are formed as changes take place in the 




ferricretes from a study of chemistry, mineralogy or morphology. It is observed that the 
summit surfaces in the Mt Lofty Ranges consist of vesicular to massive ferricrete, pisoliths 
and vermiform tubes of many different ages on the land surfaces. The history of evolution 
becomes complex for those ferricretes which show mineralogical diversity like hematite, 
gibbsite etc. The ferricretes with simple iron oxide minerologies are much easier to explain, 
like the mottles etc (Atlhopheng, 2002).  
 
Figure 5.16: Schematic cross-section across the Mount Lofty Ranges showing the 
relationships of different types of ferricrete to topography and geology (from Drexel 
and Preiss, 1995, modified after Milnes et al., 1985). 
 
Ferricretes do not simply appear to represent stages in the development or dissection of a 
‘laterite profile’. Local environmental conditions are considered significant in developing 
ferricretes and mottled and bleached zones, and these environmental conditions can vary 
over reasonably short distances. Rarely is there the full vertical variation of pallid, mottled 
and ferricrete zones, but these zones change laterally, with some areas displaying pallid 




regolith materials and sedimentary deposits differentially weathered and impregnated by 
iron and aluminium oxides in response to developing local, changing environmental 
conditions over various periods of time, with some materials being inherited from the 
Mesozoic and progressively modified (Bourman, 1993a,b, 1995). This view of ‘laterite’ 
profiles as the products of ongoing weathering, erosion and deposition throughout the 
Mesozoic and Cainozoic has been the preferred model of landscape evolution applied to 
areas in South and Western Australia by Ollier et al (1988). 
Some other ferruginised material such as voidal concretions has been mistaken for buried 
pedogenic ferricretes in the past. Consequently, the view is preferred of complex 
synchronous weathering, bleaching, kaolinisation and ferruginous mottling of bedrock, and 
ferruginisation of various soils and sediments, resulting from ongoing erosion and 
weathering, sporadically interrupted by geological events such as burial and submergence. 
Laterites and ferricretes on the high plains of the Mount Lofty Ranges are well preserved 
(Figure 5.17). As shown in Figure 5.17, laterites are mainly preserved and crop out in the 
southern Mount Lofty Ranges near the range-bounding faults and farther north in the 
central-eastern parts of the area (laterites have a mottled and dispersed outcrop in this area). 
In contrast, the sedimentary basins are located in the north-western parts of the area next to 





Figure 5.17: Lateritic plateau of the faulted Mount Lofty Ranges, southeastern South 
Australia (modified after Twidale, 2007). 
 
5.2.5 Vegetation and climate of the study area 
In various areas in the Mt Lofty Ranges the trees are not very tall but may form dense 
forests with brown and dark fibrous bark and similar scrub (Lange, 1970). Such kind of 
vegetation is well preserved since the soil is less attractive for the plants to grow and 
farmers to harvest (Lange, 1970). 
Mt Lofty (727 m) experiences high summer temperatures and low in winter temperatures. 
This climatic condition causes the climate of Adelaide to be irregular when compared to 
places like Yorke Peninsula. The winter rainfall is very high in this region (Figure 5.18) 




conditions and the height of the Mt Lofty Range is only half that of the major peak present 
(Figure 5.19). Orographic rain caused by the eastward moving airstream benefits the ranges 
for nearly 8 months during the year (Schwerdtfeger, 1972a and 1972b). In other words, the 
climate in this area is Mediterranean style. 
In Adelaide, the summers are dry for nearly 2 months of the year while February and 
March experience rare thunderstorms. Precipitation only occurs when these thunderstorms 
take place, which are usually over the plains and not in the ranges (Schwerdtfeger, 1972b). 
The plants and vegetation all depend on rainfall for their survival. November to  February, 
Adelaide experience tropical weather conditions whereas the northwestern part of Australia 
and Queensland coast may yield a summer rainfall (Bureau of Meteorology, 1971). 
The change in air temperatures at Adelaide depends on the altitude and the proximity of the 
sea and it is the sea breeze and gully winds which have an effect on the orographic clouds 
at Mt Lofty. Such a condition is very different from the synoptic meteorological conditions 
(Gentilli, 1971). 
 
Figure 5.18: Mean annual rainfall in Australia and regional study areas (Red circle; 





Figure 5.19: Mean annual temperature in Australia and regional study areas (Red 
circle; after Jeans, 1977). 
 
5.3 Central South Australian study area  
5.3.1 Geological setting of the sample sites 
Eleven sites were considered for the study (Figure 5. 20). The sites include: Ochre Cliffs 
area, 5 km north of Lyndhurst (S 30° 14’ 26.2” and E 138° 20’ 31.2”; BKSA3, BKSA4, 
BKSA5, BKSA6A, BKSA6B, BKSA6C, BKSA6D and BKSA7; Figure 5.21A, B). The 
Precambrian strata show deep weathering with variable colouring being recognisable 
(white, yellow, red). The adjacent aeolian region shows cemented outwash pediment lag 
overlain by gypcrete (Figure 5.21B). 
Pooraka Formation: yellow to reddish-brown clay-sand with a soft lime horizon of Loveday 
Soil development at or near the top, and angular cobbles and pebbles in red-brown clay 
near ranges. Telford Gravel: rounded to sub-angular cobbles and pebbles, cross-bedded 
channel sands often cemented by white to pale-pink lime of the Baraka Soil. Gypcrete: 





Figure 5.20: Location of the central south Australian sample sites. This map has been 
created to show the location of the sample sites only (Source: 1:2 million geological 
map of South Australia, 2001; Geological Survey of South Australia). 
 
Lithologies of 5 different kinds were also observed in the above mentioned study area, 
which includes the following: 
1. Murnpowie Formation that is silicified sediments; 
2. sand plains and ridges (on the top); 
3. marble and sand marble, grey-green laminated siltstone with laminated grey flaggy 
quartzite and brown-weathering dolomite; 
4. white fine dolomitic marble with talc in the southeast, sandy dolomite, pale grey 





5. clayey, gypseous, saline lake deposits. 
The mentioned lithologies have been observed from the gibber sampling site (Geological 
Survey of South Australia, 1993 and 1995). 
Fifty five samples have been collected in total but only 30 (highlighted in bold) have been 
regarded as essential for study because of their high content of iron oxides (Figure 5.20). 
Gibbers (an Australian term for a pebble or boulder; especially one of the wind-polished or 
wind-sculptured stones that compose a desert pavement or the lag gravels of an arid region; 
Neuendorf et al., 2005) consist of ferricrete and silcrete lithologies in this area. One of the 
gibber sites located 81.2 km from William Creek along the Coober Pedy road (S 29° 4’ 
28.6” and E 135° 30’ 59”; BKSA9A and BKSA9B; Figure 5.21C1, C2). Red-brown and 
yellow aeolian quartz sand dunes, sand sheets and lunettes; generally fixed by vegetation, 
derived in part from the underlying indurated red-brown clayey sand and minor gravel at 
the base and Cadna-Owie Formation (dominantly the fluvial Mt Anna Sandstone Member). 
Conglomeratic and feldspatic sandstone (commonly ferruginised) containing abundant 
clasts of porphyritic rhyolite-dacite, white quartz and quartzite; sometimes calcareous. 
Cream to pale yellow micaceous sandstones with numerous leaf impressions. This was a 
gibber plain with small gilgais as shown in Figure 5.21 C2. 
Six km beyond Coober Pedy and 11 km after a turn off to the right was the scenic reserve 
of the Breakaways (S 28° 50’ 45.7” and E 134° 42’ 32.1”; BKSA10A and BKSA10B; 
Figure 5.21D). Doonbara Formation equivalent: ferrugineous and calcareous rocks. Dark 
red-brown sandy and silty fragmentary rocks incorporating reworked silcrete and 
Cretaceous shale. Variably lateritic and pisolitic. Patchily silicified to form red, brown and 
cream jasper breccia silcrete. Silcrete of older units reworked within red-brown fragmental 
rocks. Some red-brown sandstone with silcrete clasts, patchily silicified to give a 
conglomeratic silcrete with red-brown matrix. Grey conglomeratic silcrete is developed 
within this unit. Small remnants of massive homogeneous buff to dark grey silcrete. 
Angular quartz grains in a dense siliceous matrix. Generally broken down and reworked 
into younger units. The edge of the Stuart Range is marked by a retreating escarpment of 




The northwest corner cutting at Coober Pedy was also observed as a sampling site (S 29° 1’ 
1.5” and E 134° 46’ 22.1”; BKSA23; Figure 5.21E1, E2). Undifferentiated silcrete and 
ferruginous silcrete. Fine to very coarse poorly sorted sand and conglomeratic sand. Clasts 
include rounded quartzite cobbles and boulders, angular to rounded quartzite pebbles and 
occasional reworked silcrete pebbles. Colluvial clay, silt and breccia. Minor conglomerate 
is silicified on the sand plain region. The Cretaceous weathered profile in the Bulldog Shale 
has a silcrete capping, ferruginous with veins of gypsum and alunite at at St Elijah Drive, 
Coober Pedy, was also observed in the sampling site (Figure 5.21 E1, E2). 
Along the Oodnadatta road 6 km northeast of Coober Pedy and 17.7 km from Oolgelima 
Creek the outcrop consists of ferricrete and silcrete lithology. Two samples were collected 
(S 28° 57’ 37” and E 134° 46’ 54.4”; BKSA23A and BKSA23B; Figure 5.21F1, F2). 
Bulldog Shale: blue-grey and grey claystone and shale. Lenses of fine grained silty 
sandstone, particularly near upper and lower boundaries. Lenses and concretions of 
fossiliferous limestone. Scattered Adelaidian cobbles and boulders throughout. Generally 
strongly altered, bleached and gypsified in outcrop. Undifferentiated Quaternary deposits 
overlie the older units. Extensive silcrete gibber lags overlie red-brown to grey clayey, silty 
and sandy soils and weathering products derived from the underlying Cretaceous rocks. 
The Moon Plain area, which is 3.6 km away from Oolgeima Creek (S 28° 52’ 48.3” and E 
134° 51’ 4.7”; BKSA24A and BKSA24B), has gibber plains composed of ferricrete 
materials and silcrete (Figure 5.21G1, G2). Unnamed unit transitional between the Bulldog 
Shale and Cadna-Owie Formation consists of dark chocolate-brown claystone with ‘cone-
in-cone’ limestones and thin lenticular conglomeratic, sandy interbeds. Persistent brown 
weathering limestone horizon marks the top in the Giddi Giddianna-Oolgelima area 
characterized by lag boulder fields. Extensive silcrete gibber lags overlie red-brown to grey 
clayey, silty and sandy soils and weathering products derived from underlying Cretaceous 
rocks. 
The Moon Plain area was also used as another sampling site but one that is 11.5 km north 
of Oolgeima Creek, (S 28° 49’ 40” and E 134° 54’ 19.4”; BKSA25A, BKSAS25B and 
BKSA25C). The Fe-rich cobbles were found coated with silcrete and quartz fragments but 




Giddigiddianna Creek is a farther 15.8 km from the previous sampling site and consists of 
gypsum and large blocks of silcrete over the Bulldog Shale soil (S 28° 41’ 40.6” and E 
134° 57’ 45.6”; BKSA27A, BKSA27B, BKSA27C and BKSA27D; Figure 5.22A1, A2).  
Few of the Fe-rich pieces and many silcrete pieces have been collected from 14.4 km north 
of Giddigiddianna Creek (S 28° 33’ 36.5” and E 134° 54’ 40.6”; BKSA28A and 
BKSA28B; Figure 5.22B1, B2). Fe coated silcretes and Fe-rich fragments were collected 
from 29.9 km north of Giddigiddianna Creek (S 28° 25’ 50.9” and E 134° 56’ 36.5”; 
BKSA29A and BKSA29B; Figure 5.22C1, C2). 
At Mount Barry, 20.6 km on the right side of the Arckaringa Road (S 28° 6’ 10.5” and E 
134° 50’ 6.7”; BKSA30A, BKSA30B and BKSA30C) the fragments were mostly silcrete 
with a few pieces of Fe-rich and porcelanite fragments (Figure 5.22D1, D2). Mirackina 
Conglomerate: coarse conglomerate with rounded and polished silcrete and quartz clasts.  
Minor siltstone shale and pure quartz sand. Upper part silicified to a massive columnar grey 
silcrete, porcellanitic shale or conglomeratic silcrete. 
The Arckaringa Hills (S 27° 53’ 43.1” and E 134° 51’ 11.9”; BKSA31A and BKSA31B) 
and Mount Batter Bee lookout consist of three levels of landscape. Ferricrete and silcrete 
fragments on the middle level have been collected (Figure 5.22E1, E2). Undifferentiated 
Pleistocene colluvial regolith sediments on mudstone, grey bioturbated, fossiliferous and 
shaly; minor silt to very fine grained sandstone intervals. 
Arckaringa Hills, 9.4 km from the main road (S 27° 53’ 8.4” and E 134° 51’ 40.3”; 
BKSA32A, BKSA32B, BKSA32C, BKSA32D and BKSA32E) silcrete is overlain by 
ferricrete materials at the top of a mesa. Black loose iron-rich materials occur in a 
background of silicified claystone (Figure 5.22F). East of the previous location on the plain 
at the baseof the mesa on the east side of the road (S 27° 53’ 3.9” and E 134° 51’ 51.2”; 
BKSA33A and BKSA33B) consists of Fe-rich fragments and silcrete (Figure 5.23A1, A2). 
The Fe-rich parts are present as a large accumulation between silcrete on the top or as a 
large mottle between them in Arckaringa Hills (S 27° 54’ 21.1” and E 134° 48’ 51.5”; 
BKSA34A and BKSA34B; Figure 5.23B1, B2). Claystone and siltstone, interbedded; with 




sandstone; sandy siltstone; minor siltstone. Above all, Quaternary high angle alluvial fan 
(talus) sediments. 
West of these hills (S 27° 54’ 22.5” and E 134° 48’ 45.5”; BKSA35) is silicified shale 
with mottles rich in Fe (Figure 5.23C). 100m from this hill in the valley, dark and yellowish 
brown ferricrete can be found (S 27° 54’ 11.9” and E 134° 48’ 58”; BKSA36; Figure 
5.23D1, D2). The loewer part of the hill has Fe-rich material (S 27° 57’ 13.8” and E 134° 
48’ 52.5”; BKSA37A and BKSA37B; Figure 5.23E1, E2). Undifferentiated Pleistocene 
colluvial regolith sediments. 
Gypsum, clay, Fe-capping materials and ferricrete capped mesa were found 21.9 km north 
of Marla on the left hand side of the road 1km after the grid (S 28° 8’ 9.7” and E 133° 30’ 
32.6”; BKSA38A, BKSA38B, BKSA38C, BKSA38D and BKSA38E; Figure 5.23F1, F2). 
Towards the south, 2.2 km south of the Cadney Park and on the west side of the road in the 
Gibber Plains (S 27° 55’ 20” and E 134° 4’ 7.6”; BKSA40A and BKSA40B) a flat and 
broad plain is present (Figure 5.23G1, G2). Pleistocene red sand, with maghemite gravel 
veneer, is typically mulga-covered. 
On the west side of the road 73.1 km from this park, there were silcrete and ferricrete 
gibber plains (S 28° 31’ 53” and E 134° 14’ 8.4”; BKSA41A and BKSA41B; Figure 
5.23H1, H2). Heavily feruginised rocks derived entirely from alteration of Cretaceous rock 
units with undifferentiated Quaternary clay-silt to gravel size materials overlying the older 
units. Extensive silcrete gibber lags overlying red-brown to grey clayey, silty and sandy 




      
     




Figure 5.21: Photographs of sample sites (central South Australia). 
(A and B): It can be seen in the sampling site of Ochre Cliffs that there is a deep 
weathering condition of inconsistent colours (red, yellow, white) in Precambrian 
strata. It is covered by a cemented deposit from a melting glacier and then covered by 
gypcrete of aeolian origin. For the study, dark gravel size materials with iron coating 
have been sampled (B) (S 30° 14’ 26.2” and E 138° 20’ 31.2”). 
 
(C1 and C2): small gilgai [the microrelief of small basins and knolls or valleys and 
ridges on a soil surface produced by expansion and contraction during wetting and 
drying (usually in regions with distinct, seasonal, precipitation patterns) of clayey soils 
that contain smectite (Neuendorf et al., 2005)] can be seen on the gibber plain. These 
gibbers are made up of ferricrete lithologies and silcrete. For the study, dark 
materials were gathered that are coated with iron (S 29° 4’ 28.6” and E 135° 30’ 59”). 
 
(D): Gilgai upper surface at the Breakaways scenic reserve. A corner of the Stuart 
Range can be seen as a thin steep ridge of duricrusted residuals on the kaolinised 
Bulldog Shale. Gravel sized rough and dark materials have been sampled (S 28° 50’ 
45.7” and E 134° 42’ 32.1”). 
 
(E1): In Cooper Pedy, at St Elijah Drive, at the top of northwestern corner, this 
sampling site is present. This includes an outlier of Cretaceous Bulldog Shale with a 
ferruginous and silcrete capping. It also includes presence of gypsum and alunite (S 




    
  




Figure 5.21 (cont.):  
(E2): In Cooper Pedy, at St Elijah Drive, at the top of northwestern corner, this 
sampling site is present. This includes an outlier of Cretaceous Bulldog Shale with a 
ferruginous and silcrete capping. It also includes the presence of gypsum and alunite 
(S 29° 1’ 1.5” and E 134° 46’ 22.1”). 
 
(F1 and F2): This site is present on the Oodnadatta road is 6 km northeast of Coober 
Pedy and 17.7 km from Oolgelima Creek and it is made up of ferricrete and silcrete 
lithologies. Silcrete and ferricrete materials have been sampled (S 28° 57’ 37” and E 
134° 46’ 54.4”). 
 
(G1 and G2): At a distance of 3.6 km north of the Oolgelima Creek gibber plains of 
the Moon Plain sampling area are made up of small size materials of ferricrete and 
silcrete. The silcrete and ferricrete particles have been sampled (S 28° 52’ 48.3” and E 
134° 51’ 4.7”). 
 
(H1): At a distance of 11.5 km north of Oolgeeima Creek, another sampling area on 
the Moon Plain is present. Silcrete coated with iron was collected from this site (S 28° 






Fig. 5.21 (cont):  
(H2): At a distance of 11.5 km north of Oolgeeima Creek, another sampling area on 
the Moon Plain is present. Silcrete coated with iron was collected from this site (S 28° 










Figure 5.22: Photographs of sample sites (central South Australia).  
(A1 and A2): Large blocks of silcrete as well as gypsum occur in the Bulldog Shale 
which is present 2.1 km south of Giddigiddianna Creek. Particles of silcrete that are 
coated with iron have been sampled (S 28° 41’ 40.6” and E 134° 57’ 45.6”). 
 
(B1 and B2): some pieces of Fe-rich materials and silcrete were found at a distance of 
14.4 km north of Giddigiddianna Creek and fragments of both materials have been 
sampled (S 28° 33’ 36.5” and E 134° 54’ 40.6”). 
 
(C1 and C2): Fe-rich particles along with Fe-coated silcrete have been sampled from 











 Figure 5.22 (cont.): Photographs of sample sites (central South Australia).  
 (D1 and D2): Some particles of porcelanite and Fe-rich silcrete occur at a distance of 
20.6 km down from Mount Barry along the Arckaringa Road have been sampled (S 
28° 6’ 10.5” and E 134° 50’ 6.7”). 
 
(E1 and E2): Arckaringa Hills, at Mount Batter Bee lookout three levels of landscape 
are identifiable; the middle (second) level, which includes silcrete and ferricrete, has 
been sampled (S 27° 53’ 43.1” and E 134° 51’ 11.9”). 
 
(F): Arckaringa Hills 9.4 km from main road at the top of a mesa which is covered 
with fragments of ferricrete. Black fragments that are rich in iron have been sampled 










Figure 5.23: Photographs of sample sites (central South Australia). 
(A1 and A2): Particles of Fe-rich as well as silcrete have been found on the lower 
areas as well as plain of Arckaringa Hills at the base on the east side of the road as 
well as on the east of the area mentioned in Figure 5.9 F (S 27° 53’ 3.9” and E 134° 51’ 
51.2”).  
 
(B1 and B2): A high concentration of Fe-rich materials at Arckaringa Hills occurs as 
large mottles with silcrete above it (S 27° 54’ 21.1” and E 134° 48’ 51.5”). 
 
(C): Silicified shale with Fe-rich mottles is present west of the B1 and B2 sampling 
location at the top of Arckaringa Hills (S 27° 54’ 22.5” and E 134° 48’ 45.5”). 
 
(D1): Yellowish brown and dark particles of ferricrete occur in the Arckaringa Valley 
which is located at a distance of 100 m from the sampling site (C) in the Arckaringa 










Figure 5.23 (cont.): Photographs of sample sites (central South Australia). 
(D2): Yellowish brown and dark particles of ferricrete occur in the Arckaringa Valley 
which is located at a distance of 100 m from the sampling site (C) in the Arckaringa 
Hills (S 27° 54’ 11.9” and E 134° 48’ 58”). 
 
(E1 and E2): Particles of Fe-rich ferricrete have been found in the lower areas of 
Arckaringa Hills (S 27° 57’ 13.8” and E 134° 48’ 52.5”). 
 
(F1 and F2): Mesa covered with ferricrete and iron-rich materials covered a clay and 
gypsum layer. This is located 21.9 km north of Marla at the left hand side of the road 
which is located 1 km from the grid (S 28° 8’ 9.7” and E 133° 30’ 32.6”). 
 
(G1): Silcrete covered with red iron oxide, as well as dark material which is rich in 
iron, has been sampled from the Gibber Plains located 2.2 km south of Cadney Park, 
on the west side of the road. A broad flat area without any hills anywhere nears it (S 







Figure 5.23 (cont.): Photographs of sample sites (central South Australia). 
 (G2): Silcrete covered with red iron oxide, as well as dark material which is rich in 
iron, has been sampled from the Gibber Plains located 2.2 km south of Cadney Park, 
on the west side of the road. A broad flat area without any hills anywhere near it (S 
27° 55’ 20” and E 134° 4’ 7.6”). 
(H1 and H2): Silcrete covered with red iron oxide, as well as dark material which is 
rich in iron, has been sampled 73.1 km south of Cadney Park, on the west side of the 
road where small gibber plains of silcrete and ferricate are present (S 28° 31’ 53” and 




5.3.2 Geomorphology of Central South Australia  
Among the Australian deserts, stony deserts are common and represented by a widespread 
platform of boulders smaller gibbers (sand to cobble size rounded and semi-rounded iron-
rich or coated silicon materials), particularly those from a siliceous duricrust or silcrete. 
Such landscapes are found on Cretaceous and Cainozoic rocks of the Central Lowlands 
Province fringing the Simpson Desert and the Eyre-Frome Plains (Mabbutt, 1965, Twidale, 
1967). 
Locally the boulder pavement is patterned in circular stony gilgai up to several metres 
across. The gilgai have a slightly higher rim, stonier than average, in which the boulders 
show signs of upheaval, and an inner soil-covered flat with cracks and an occasional small 
depression near the centre. The gilgai are attributed to differential expansion on wetting and 
drying of subsoils rich in swelling clays and in sodium and calcium (Brookfield, 1970). 
Throughout the stony desert in central South Australia, the lowest parts are plains with 
close-packed small stones or desert pavement similar to the rags of the Sahara. The stone 
cover locally shows contour banding as well as polygonal arrangements on a smaller scale. 
This indication of cracking and heaving in swelling clay soils is corroborated by the 
presence of stony galgai and by ubiquitous stone-free profiles beneath the pavement. The 
soils are moderate-textured desert loams and are subject to shallow erosion by wind. The 
plains are mainly treeless, apart from along the watercourses, with perennial grasses in 
gilgai depressions and sparse small chenopods elsewhere, with ephemerals after rain 
(Twidale, 1967, 1972). 
In contrast, sand deserts comprise two main types of comparable extent, namely dunefields 
and sand plains. The dunefields consist of red sands that have originated mainly from 
sedimentary rocks, while the sand plains consist of clayey sands derived from granitic rocks 
and their weathering products, or from lateritized surfaces. Although in accord with popular 
concepts of a desert landscape, sand desert is not confined to the driest parts of arid 
Australia (McKenzie et al., 2004). The main dunefields are found in lowland basins where 
sands originating as alluvium have been reworked by wind following the retraction of 




more broadly on lateritic surfaces of such low relief that river systems have completely 
disintegrated (Mabbutt, 1977). 
To the north of the Gawler Craton several planation surfaces and palaeodrainage channels 
with siliceous fills have been recognised. The silicification has been variously attributed to 
earlier and later Palaeogene-Neogene ages (Wopfner, 1967; Benbow et al., 1995a, 1995b; 
McNally and Wilson, 1995; Hou et al., 2003). The plains southwest of Lake Eyre carry a 
Pleistocene silcrete with an opaline matrix, which contrasts with the microcrystalline 
matrices of the older siliceous duricrusts (Wopfner and Twidale, 1967). 
Until recently, there have been few geochronological-geomorphological related age 
measurements of the Australian desert and arid landforms (Williams, 1973; Wasson, 1986; 
Schmid, 1990; Nanson et al., 1992, 1995, 1998, 2005, 2008; Bowler et al., 2001; Hesse et 
al., 2004; Magee et al., 2004; Hollands et al., 2006; Turney et al., 2007; Hesse, 2010; 
Fitzsimmons et al., 2013). The geochronology and environmental conditions associated 
with the development of Australian arid landforms nevertheless remains insufficient to 
reconstruct their full history and geomorphology. This is obvious, because of a lack of 
geochronological-geomorphological related data from the central and western dessert 
regions of the continent, such as central-western dunefields (Fujioka and Chappell, 2010). 
 
5.3.3 Vegetation and climate  in the Central South Australian study areas  
The vegetation of the Australian deserts is similar to that of other desert regions in its 
composition and structure. Apart from larger trees along watercourses, forms tend to be low 
and the cover inadequate to protect the ground surface from different climatic factors. 
The strength, yield and output of the area in a desert is determined by the allocation of the 
major structural forms. Plant types are strongly related to the type of soil and, to be precise, 
with the quantity and other important features that resolve the accessibility of humidity. In 
Australia, the distribution of vegetation in deserts shows the effect of climate, such as the 
lack of moisture or heavy rain falls. The most widespread plant in the deserts is tall acacia 
shrub lands. It normally grows on fine red soil which has a slow rise in the clay content 




2010 a, b). The sclerophllous hummock grass lands, which can tolerate famine conditions, 
are taken over by spinifex that grows on sandy desert soil which is extremely worn out. 
Xerophytic tussock grasslands are linked with clay plains in stony and riverine deserts. 
During the summer season they can react to small phases of a lot of moisture on the 
surface. In the southern part of the stony desert, shrub grasslands are associated with clay-
loams on which salt has made an impact. There is a noticeable difference between heavier 
and light topsoil and to the lighter calcareous soils that are blended together. The regions of 
desert which are explained according to physiographic terms are also important for patterns 
of plants within the dry area as a consequence of the soil types (Mabbutt, 1986). 
As normally it is very dry, a desert exhibits restrictions on life because of its climatic 
conditions and hence, it is unpopulated and barren (Dunkerley, 2010 a, b). 
In Australia, 65-75% of the land is dry. Apart from Antarctica, Australia is regarded as the 
second driest continent of the world. Another reason for this is, as given below in Table 5.7, 
its low mean continental rainfall and runoff. Nevertheless, apart from this, the deserts in 
Australia are not entirely dry. The mean yearly rainfall in any part of an Australian climate 
station is not below a 100 mm. The Australian deserts are affected by a less distinct cool 
deep-sea current inshore all along the western shoreline and the lack of relief boundaries to 


















P-E (cm/yr) Runoff 
(cm/yr) 
Europe 64 39 25 29 
Asia 60 31 29 29 
North America 66 32 34 26 
South America 163 70 93 44 
Africa 69 43 26 16 
Australia 47 42 5 5 
All Land Areas 73 42 31 25 
 
In the southern dry regions of Australia, rainfall in winter is usual, however, during 
summer, the western region receives around 30-50% s of the total rainfall (Figures 5.18, 
5.19, the blue circles). The differences in rainfall according to seasons in barren Australia 
are not as absolute as in other deserts. Nevertheless, the northern summer rains are not as 
consistent or sufficient enough as far as vegetation is concerned. The reason behind this is 
the rise in summer temperature and the lack of moisture. The rains still are favorable for the 
essential parts of natural meadows. The rainfall in summers in the northern region of desert 
is increased by nearly 50 mm compared to rainfall in winters in the tropics, all through the 
zone. In  the deserts in Australia, during all  seasons, meadows can be expected to grow as 
an outcome of lack of diminishing cold in winter along with predictions which made for 
annual natural reserves (Budyoko, 1974). 
 Alterations in the cyclic occurrence of rainfall leads to a major importance of trees as well 
as permanent grass in the northern areas compared with the importance of low shrubs in the 
south as winter rains replace the summer rains. Alterations like these are slow and they 
should be a part of a little and greatly consistent aid. In desert sites, prominent alterations 




alterations consequently will lead to a reaction in plants. Obvious differences in the 
mentioned alterations are stimulated by differences in geologic and geomorphic parameters.  
(Gentilli, 1971). 
 
5.4 Western Australian study areas 
5.4.1 Geological and geomorphological setting of the sample sites 
5.4.1.1 Kalgoorlie-Kambalda 
The Kalgoorlie-Kambalda area is typical of large areas of the Yilgarn Craton (Figure 5.24). 
It consists of a gently undulating and mostly deeply weathered surface with scattered 
breakaways (commonly duricrusted) and low hills of relatively fresh rock (Finkl and 
Fairbridge, 1979). The current land surface thus consists of overlapping and relict 
landforms formed over a long time period by very diverse geomorphic processes (Finkl and 
Churchwood, 1973; Finkl, 1979). Much of the area is deeply weathered, with saprolite 
thicknesses in drilled areas commonly exceeding 30-50 m. The depth of weathering is 
partly controlled by rock chemistry. Formation of the weathered regolith largely predates 
the incision of the palaeodrainage (Johnstone et al., 1973; Butt, 1981; Swager et al., 1992). 
The key evidence for this is revealed by drilling which shows that the deepest parts have 
cut through the weathered cover to fresh rock. This occurs in both the Lefroy and Cowan 
palaeodrainages (Clarke, 1993; De Broekert and Sandiford, 2005). 
Deep weathering did not cease in the area until at least after deposition of red beds of 
probable Miocene age. Evidence for this lies in the weathering of the palaeodrainage 
sediment infills as documented by Commander et al. (1991) and also observable at 
Kalgoorli-Kambalda. Weathering subsequent to etch planation includes further 
development of the saprolite and sub-sediment weathering beneath the palaeodrainages 
(Finkl and Churchwood, 1973). Evidence of continued deep weathering and saprolite 
development after etch planation and palaeodrainage infill lies in the development of 
weathering profiles in palaeodrainage sediments away from the salt lakes. Surficial 
weathering of exposed surfaces is particularly active along the northern and western shores 




boundaries are common, especially in felsic and sedimentary rocks (De Broekert and 
Sandiford, 2005). 
 
Figure 5.24: Bedrock geology of Yilgarn Craton which specifically shows the 
Kalgoorlie-Kambalda region (modified after Smith, 1977). 
 
5.4.1.2 Central Jarrahdale and Darling Plateau  
This area is underlain by Archean crystalline rocks of the Yilgarn Craton (Figure 5.25). In 
the Jarrahdale area, the bedrock consists principally of porphyritic granite with lesser 
migmatite gneiss in the northwest part of the area (Hickman et al., 1992). Darling Plateau is 
an upland region of southwest Australia extending along the Indian Ocean coast north and 
south of Perth. The western boundary of the Darling Plateau is the Darling scarp or Darling 
Range (Figure 5.25), rising 100 to 300 m above the low lying subdued topography of the 




crests ranging in altitude from 260 to 370 m above mean sea-level. Over much of the area, 
the plateau is dissected by rectilinear drainage (Sadlier and Gilkes, 1976). 
The Darling Plateau is extensively mantled with deep weathering profiles that have 
developed on all rock types (Davy, 1979; Anand and Gilkes, 1987). Bauxite and bauxitic 
duricrust are extensive and best developed on hill slopes rather than crests or valley floors. 
Steeper slopes may have a thin cover of transported gravels but, in general, bedrock is near 
the surface (Hickman et al., 1992). Blocks of duricrust, released by headward erosion of 
streams, degrade to ferruginous gravel on the lower slopes of valleys. On a local scale, the 
topography of the weathering front is much more irregular than that of the top of the 





Figure 5.25: Geomorphological divisions of the central Jarrahdale district and 
Darling Plateau. Two sample sites are shown (modified after Hickman et al., 1992). 
 
5.4.1.3 Country breakaway 50.5 km west of Norseman and 132.2 km east of Wave Rock 
(Hyden-Norseman track) 
This study area is underlain by Archean granites and acid gneisses which are overlain by 




matrix. In the study area the primary laterite, consisting of a pisolitic ferruginous zone 
overlying kaolinised bedrock (mottled and pallid zone), is widely preserved. The 
ferruginous carapace or ironstone is widely exposed. The ferruginous mottles are 
commonly exposed in this breakaway. The weathered mantles typically consist of a mottled 
ferruginous zone up to 5-6 m in thickness and a kaolinised zone typically several tens of 
metres thick, overlying granite. The regolith is in situ and there is no evidence of 
sedimentary structures such as might be expected had there been downslope migration or 
fluvial transport. 
 
5.4.2 Field setting of sample sites 
Four study sites were investigated in the Yilgarn Craton and Perth Basin (Figure 5.26), 
including road side cuttings and breakaway cuttings which are Fe/clay spotted zone and 
located 14 km south of Kalgoorlie on the Kambalda-Kalgoorlie road (S 30° 51’ 54” and E 
121° 30’ 47.1”; BKWA2A and BKWA2B; Figure 5.27A) With a sedimentary Archaean 
age (sandstone, shale and conglomerate) rock as its parent (2800 Ma), it is a fundamental 
breakaway with an ultra-basic volcanic Archaean rock (2800 Ma). The regolith in this area 
consists of ferricrete overlying saprolite implying in situ lateritic weathering. Ferricretes 
referred to the area are surficial features formed in the regolith and thus distinct from 
primary iron-rich lithologies such as sedimentary or metasomatic ironstones. The 
compositions of ferricrete are variable and commonly pisolitic in the area which contains 
sand to pebble-sized detrital quartz. Other duricrusts such as silcretes, calcretes and 
gypcretes are present in the area but in a limited extent. 
Archaean age gneiss and granite (syenite) form the bedrock (2800 Ma). Granitic weathering 
formed the orange-red bauxitic duricrust which covers the kaolinite in the profile. It was 
sampled 0.8 km west of El Caballo Blanco Resort and 59.1 km east of Perth (S 31° 48’ 
38.2” and E 116° 21’ 4.4”; BKWA3A and BKWA3B; Figure 5.27 B). 
The materials on the higher segment (0.5 m) were moved along with bauxite fragments 
under them at the exit to Chidlow. It was on the other side of the road cut at a distance of 




The slender quartz channel cut the lower areas which had material covered with iron. 
Archaean age (2800 Ma) gneiss and granite (syenite) combined to form the bedrock (Figure 
5.27C). 
The country breakaway showed jumbo iron-rich mottles in the pale clayey and gypsiferous 
area (Figure 5.27D1) at a distance of 132.2 km east of Wave Rock in Hyden and 50.5 km 
west of Norseman (S 32° 16’ 39.6” and E 120° 15’ 42.4”; BKWA5A and BKWA5B). 
Archaean age (2800 Ma) granite (syenite) is present at the base of the profile section that 
shows 1.5 m of silicified materials at the top (Figure 5.27D2). Ironstone pebbles and 
limonite nodules are present in a sand or loam matrix; includes reworked ferruginous and 
silicious deposits. 
Only 4 samples were used in the last phase of this study (because of their high amounts of 





Figure 5.26: Location of southwestern Australian sample sites related to the general 










Figure 5.27: Sampling site photos (Western Australia) 
(A) A Fe/clay spotted area occurs on the road side breakaway cutting. With a 
sedimentary Archaean age (sandstone, shale and conglomerate) rock as the parent 
substance (2800 Ma), it is a breakaway in ultra-basic volcanic Archaean rock (2800 
Ma; S 30° 51’ 54” and E 121° 30’ 47.1”). 
 
(B) An orange-red bauxitic duricrust occurs at the base of the sampling profile which 
covers a kaolinite zone produced by weathering and alteration of granitic rocks. 
Archaean gneiss and granite (syenite) form the bedrock (S 31° 48’ 38.2” and E 116° 
21’ 4.4”). 
 
(C): Bauxite fragments are present under the 0.5 m of material which has been 
transported on the top of the section. The material which is coated with iron is present 
in the lower areas and has been cut by a slender quartz barrier. Archaean (2800 Ma) 
gneiss and granite (synite) make up the bedrock (S 31° 52’ 49.3” and E 116° 15’ 
54.6”). 
 
(D1 and D2): A country breakaway showing jumbo mottles and pale areas (D1). 
Archaean (2800 Ma) granite (syenite) underlies (D2), and the profile exhibits 1.5 m of 




5.4.3 Yilgarn Craton: the significance, geology and geomorphology 
One of the world’s largest areas of Archaean age is the Yilgarn Craton which is located in 
southwestern Australia. It is widespread over an area of about 660000 km
2 
(Figure 5.24; 
Geological Survey of Western Australia, 1975). The Yilgarn Craton is broadly affected by 
deep weathering profiles. Most of the present Yilgarn Craton site is like flat peneplains. It 
is characterized by the location of breakaway country in parts of this craton. They are 
landforms which are mesa-like and are covered with a duricap (a duricrust cap rock) over 
pale and spotted bedrock. The bedrock is physically and chemically weathered and altered 
(Figures 5.28, 5.29; Atlhopheng, 2002). 
Also the Yilgarn Craton includes the largest and oldest of Western Australia’s major 
tectonostratigraphic units that dominantly comprise NNW-trending belts of strongly 
metamorphosed and deformed Archean sedimentary and felsic to mafic-ultramafic volcanic 
and intrusive rocks (greenstones) set within larger areas of weakly metamorphosed and 
deformed Archean granite (Figures 5.24, 5.28; Myers, 1993). Phanerozoic sedimentary 
basins surround the craton except to the north and south, where it is bounded by Proterozoic 
metamorphic rocks of the Capricorn and Albany-Fraser orogens, respectively. 
A similar geological setting occurs along the western margin of the Yilgarn Craton, where 
up to 15 km of primarily continental siliciclastic sediments infill the Perth Basin, produced 
by rifting between Australia and Greater India in the Early Permian–Early Cretaceous 
(Figures 5.25, 5.30; Harris, 1994). Overlying the Precambrian crystalline basement in the 
eastern Yilgarn Craton are scattered remnants of the Gondwanan Permo-Carboniferous 
glacial deposits (Crowell and Frakes, 1971). These commonly comprise bouldery 
diamictites set within shallow basins and a poorly integrated network of narrow, deep (180 
m) “tunnel valleys” cut into bedrock below the Late Paleozoic ice sheet (Eyles and De 
Broekert, 2001). 
Next youngest in the Phanerozoic sedimentary succession are Eocene-Miocene continental 
to shallow marine sediments hosted by the inset-valleys (Clarke, 1993; De Broekert, 2002). 
In interior parts of the eastern Yilgarn Craton, situated beyond the influence of several 
major marine transgressions in the Middle and Late Eocene (McGowran, 1989), the inset-




termed the “Wollubar Sandstone,” unconformably overlain by a clay-rich paludal unit of 
probable Oligo-Miocene age termed the “Perkolilli Shale” (Kern and Commander, 1993). 
The inset-valleys and their fills are, in turn, unconformably overlain by a sequence of 
Miocene-Holocene ephemeral-fluvial, playa-lake, playa, and aeolian sediments (Glassford, 
1987; Clarke, 1993), the thickness and complexity of which increases to the north of the 
eastern Yilgarn Craton. Much of the Precambrian crystalline basement and its Phanerozoic 
sedimentary cover are deeply weathered, in the former instance typically consisting of a 
thick kaolinite-rich saprolite locally overlain by a thin ferruginous, pisolitic to nodular 
“duricrust” (Anand and Paine, 2002). 
The land surface of the Yilgarn Craton forms part of the Great Plateau of Western 
Australia, a vast terrain of gently undulating and subdued relief (Jutson, 1950). Within the 
central Yilgarn Craton portion of the Great Plateau, termed the “Yilgarn Plateau” by 
Jennings and Mabbutt (1986), the land surface elevation rarely exceeds 650 m and is 
mostly between 250 and 450 m above mean sea level. A major north-trending continental 
drainage divide separates the Yilgarn Plateau into valleys that slope toward the Indian 
Ocean in the west and the Southern Ocean in the south (Beard, 1973, 1998). These valleys, 
herein termed “primary valleys,” form a well-integrated contributory pattern, are typically 
sub-rectangular to rectangular in shape, 20–100 km wide, and are of very low gradient 
(0.04%–0.008%) and relief (50–150 m). Owing to the region’s semiarid to arid climate, 
drainage within the valleys is currently internal, with ephemeral streams terminating in 
extensive flats or salt lakes (playas) along the valley bottoms. 
Outcrops of variably weathered bedrock along the upper valley flanks and greater 
thicknesses of sediment beneath the valley floors indicate that the land surface form of the 
primary valleys closely reflects the form of their bedrock surface. The large-sized 
contributory pattern and close spatial association of the primary valleys with the Perth 
Basin suggest that the form of their bedrock surface was largely established by fluvial 
erosion during the Mesozoic (Beard, 1973, 1998, 1999; Johnstone et al., 1973; Bunting et 
al., 1974; van de Graaff et al., 1977; Clarke, 1994b). However, the absence of any known 
Mesozoic sediment within the primary valleys, except in rare, small, fault-bounded basins 




the inset-valleys was accompanied by the generation of a regional unconformity involving 
widespread stripping of sediment and perhaps also a small thickness of bedrock well 
beyond the inset-valley flanks (De Broekert, 2002). Consequently, the bedrock surface of 
the primary valleys is either directly overlain by Late Cenozoic arid-zone sediments or, less 
commonly, by Palaeogene-Neogene sediments deposited in excess of their inset-valleys. 
 
Figure 5.28: Simplified geology of southwestern Australia. A derivative map produced 
from GIS databases held by Geological Surveys of South and Western Australia. 
 
The silica as well as the iron is likely to show contemporary soil layers which may be about 
2 m deep according to Conacher and Dalrymple (1977). At present, numerous breakaways 
are covered with duricrust which is either ferricrete or silcrete. The form of the beginning 




surface water may have worked together or even separately in order to develop the 
characteristics. When the covering of breakaways is silcrete, it is characteristically capped 
by iron oxides (Atlhopheng, 2002). 
The coverings or surfaces of the breakaways are punctuated with solution hollows. Once 
partly dissolved, the capping also mechanically disintegrates and may be washed down 
slope, leaving the pallid zone unprotected. This may lead to gradual degradation of the 
breakaways. 
Kaolinite was formed along with ferricrete as the types of rocks that are normal weathering 
products of Archaean granite and granite gneiss on the Yilgam Craton. They generally go 
through serious conditions (Chivas and Atlhopheng, 2010). 
Salama and Hawkes (1993) recognised four phases in the formation of the Yilgam Craton 
and these phases are given below related to the physiography of the craton (Figure 5.29). 
1) Yilgarn Block corrodes in a polycyclic way while the residue settles down in 
the Perth Basin. 
2) The Yilgam Block is changed as well as some sectors of the Perth Basin. 
3) The Yilgarn Block is denudated by up to 500 m. 
4) Through the Oligocene and Miocene/Pliocene, a two stage changing of the 
Darling Plateau. 
The current landscape was formed slowly as the Pleistocene was a dry/wet weather system 
with wearing away as well as general noticeable wearing down because of the very low 
slope. In the southwestern region of the Yilgarn is the wheat belt area which went through 
dehydration and resultant dispersion. This was followed by local sand dunes. When it was 
reasonably moist, laterite was created along with carbonates (Salama and Hawkes, 1993). 
The presence or the creation of breakaways might have suffered because of the methods of 
erosion-deposition. 
The presence of various rocky (unweathered) granite outcrops, generally surrounded by the 
wheat belt (Figure 5.29) have been researched by Twidale and Bourne (1998). They noted 




chronology. Twidale and Bourne (1998) placed the profiles in a relative dating arrangement 
with the help of associations in topography or stratigraphy. 
 
Figure 5.29: Physiography of the Yilgarn Craton, Western Australia, showing the 
distribution of unweathered rocky outcrops (inselbergs and bornhardts) and 
breakaways. The broad valley dranage lines define a centrally located north-south 
drainage divide. Noteworthy features are the areas of extensive linear dune sands in 
the northeastern part, and significant areas of unweathered bedrock outcrop, labelled 
‘ranges’. The distribution of rocky areas (×) and breakaways is based on broad field 
reconnaissance supplemented by a summary of features marked on the 1:250 000-
scale topographic maps. The position of the Menzies Line is from Butt et al. (1977; 




The Old Plateau is of later Mesozoic (Cretaceous) age. Weathering and erosion ensued 
during the Cretaceous since much of the Yilgarn was an island. As for the dating of 
surfaces and channels, they equate with bornhardts. The stratigraphic and dating evidence 
clearly correspond and are the same age as the weathering profile, which is probably 
Cretaceous. Still in the Cretaceous and possibly Early Cainozoic to Eocene, dissection of 
the weathered regolith exposed some outcrops. The period of Early Cainozoic to Eocene 
was one of incised palaeochannels and the initiation of stripping. As for the laterite, 
Twidale and Bourne (1998) proposed that even though laterite formation may have been 
continuous or of different ages, there is no doubt that the primary laterite was already 
present on the Old Plateau. Also stream incision and lowering of the water table possibly 
initiated by the earth movements related to the separation of Australia and Antarctica, 
would have initiated irreversible darkening and preservation of the ironstone (Alexander 
and Cady, 1962). 
 
5.4.4 Perth Basin: General geology and geomorphology 
The Perth Basin is a long narrow trough of sediments extending from north of the 
Murchison River to the south coast. It is defined on its eastern side by the Darling Fault; the 
western boundary lies under the continental slope. The basin is about 1000 km long, an 
average of 120 km wide, and covers about 45000 km
2
 onshore and 50000 km
2
 offshore 
(Geological Survey of Western Australia, 1975). 
The Perth Basin contains nearly 15000 m of sedimentary rocks of Silurian and Permian to 
Palaeogene-Neogene age. In addition there are about 10000 m of Proterozoic rocks in the 
Irwin sub-basin (Figure 5.30; Geological Survey of Western Australia, 1975). 
The oldest Phanerozoic rocks in the Perth Basin are continental coarse sandstone of 
probable Silurian age which is known only in the north. The overlying Permian succession 
consists of siliciclastic rocks which are continental in the south and marine and continental 
in the north. A glacial unit and coal measures are present in the north; in the south the entire 
Permian section is a coal-measures sequence. Triassic and Jurassic rocks are predominantly 




the south but in the north the Lower Triassic and part of the Middle Jurassic are marine, 
while the rest are continental. A well- marked unconformity occurs within the Early 
Cretaceous continental to paralic sequence. The overlying Cretaceous-Cainozoic sequence 
comprises mainly siliciclastic rocks with carbonates in the Santonian and Cainozoic and is 
best developed offshore. During the Pleistocene the aeolian Coastal Limestone was 
deposited over much of the coastal belt (Geological Survey of Western Australia, 1975). 
 
The sedimentary sequence of the Perth Basin is strongly faulted. Most faults trend in a 
northerly to northwesterly direction, and they are believed to have normal displacements. 
The throw of the Darling Fault is very large, probably more than 10000 m (Geological 







Figure 5.30: Bedrock geology (pre-Quaternary) of the onshore part of the Perth Basin 




5.4.5 Vegetation and climate in the study areas 
Southwest Australia is a biodiversity hotspot that includes the Mediterranean forests, 
woodlands, scrub ecoregions and central west sandy and desert areas. The region has a wet-
winter, dry-summer Mediterranean climate in coastal and near coastal parts and hot mainly 
dry seasons in the central west desert parts. 
Vegetation in the region is mainly woody, including forests, woodlands, shrublands and 
heathlands, but no grasslands. Predominant vegetation types are Eucalyptus woodlands, 
eucalyptus-dominated Mallee shrublands, and Kwongan shrublands and heathlands 
(Dirnböck et al., 2002). The region has generally nutrient-poor sandy or lateritic soils, 
which has encouraged rich speciation of plants adapted to specific ecological niches. The 
region hosts a great diversity of endemic species, notably among the protea family 
(Proteaceae; Orchard, 1999). 
One third of the Western Australian area is presently in the temperate zone while the 
remaining two third is located north of the Tropic of Capricorn; hence, it is in the tropical 
zone. There are different climatic conditions in Western Australia. It is located from 
latitude 15° S to latitude 35° S. Western Australia is not so exposed to extreme climatic 
conditions compared to other areas of the continent because it is relatively narrow and lacks 
important characteristics like a high mountain range (Gentilli, 1970, 1971). 
During the summers, the wet season prevails in the northern areas of Western Australia as 
they experience tropical weather and heavy rainfall. Opposite to this, southern Western 
Australia has rainfall mostly in the winter season from the clouds that are linked with mid-
latitude frontal systems that go in an eastern direction at latitude of nearly 35° S. In 
Western Australia, most of the central areas have widespread dry areas as it is too distant 
from the north to get an impact from the tropical conditions and not close enough to the 
south to receive rainfalls from cold fronts (Figure 5.18, the pink circles; Gentilli, 1972). 
A cyclic difference is shown by the monthly temperatures in Western Australia. During the 
summer season, normally the highest temperature every month is greater in the inland 
central areas as the sun is located right above as far south as the latitude of Alice Springs. 




winter season, the sun’s radiation is not so high so the temperature is also lower compared 
to summer (Figure 5.19, the pink circles; Fitzpatrick, 1964). 
The Nullagine area near Marble Bar in northern Western Australia is the hottest place in 
Australia. Here, the daily maximum temperature is around 38°C and it stays for a few 
weeks. In most of the areas of the continent, heat waves with higher temperatures than this, 
occur but do not continue for a long time. Nevertheless, there was a period of 160 days 
when, at Marble Bar during the summer season, the average maximum temperature was 
38°C (Bureau of Meteorology, 1964). 
The Kalgoorlie-Kambalda region lies in the Coolgardie Botanical District of the 
Southwestern Interzone. The vegetation consists of eucalypt woodlands, with a saltbush 
and bluebush understorey on more calcareous soils. In some areas, particularly those with 
strongly calcareous soils, the woodland is replaced by saltbush-bluebush steppe. Sand 
dunes are colonized by spinifex, with stands of native cypress (Callitris). Halophytic 
phreatophytes colonize sandy and muddy sediments in the main stream beds and the 
smaller playas (Figures 5.18, 5.19 the pink circles; Clarke, 1994b). 
Data collected by Western Mining Corporation show that Kalgoorlie-Kambalda area has a 
semi-arid climate with a mean annual rainfall of 242 mm. This is similar to the data 
collated by the Bureau of Meteorology which reveals that the mean annual rainfall for 
Kalgoorlie is 256 mm and 267 mm for Widgiemooltha. Both Kalgoorlie and Kambalda 
have a bimodal rainfall distribution (peaks in February and June). Widgiemooltha 
experiences a single rainfall maximum in June. Mean monthly maximum temperatures at 
Kalgoorlie range from 33.6°C in January to 16.5°C in July. The mean annual maximum 
temperature is 25.1°C and the mean annual minimum temperature is 11.5°C. Annual pan 
evaporation for Kalgoorlie is 2700 mm, with the highest evaporation occurring in January 
and the lowest in August. The most common measured wind direction in Kalgoorlie is from 
the east. However, the strongest winds are from the west and north. Strong westerlies 
predominate in winter, strong northerlies in summer (Figures 5.18, 5.19, the pink circles; 
Clarke, 1994b). 
The Jarrahdale and Darling Plateau have a Mediterranean climate with mild wet winters, 




total annual rainfall is approximately 1200 mm. The dominant vegetation is scherophyll 
forest. Varying proporations of Eucalyptus marginata and Eucalyptus calophylla form the 
upper storey on the ridge crests and slopes. Banksia grandis, Persoonia longifolis, 
Xanthorrhoea preisii and Macrozomia riedlei dominate the middle and lower storey 
(Figures 5.18, 5.19, the pink circles; Anand, 2003). 
Southwestern arid-semiarid areas have 150-1000 mm of annual rain fall and 2500-4100 mm 
of annual potential evaporation (Bureau of Meteorology, 1988, 1994a, b, 2003). From the 
southern margin to the northern margin of the area, generally there is a consistent and 
marked decrease in rainfall and biomass, and a consistent and marked increase in potential 
evaporation and temperature (Bureau of Meteorology, 1989a, b). The valley sides and 
floors are normally dry and vegetated by shrubby grasslands. In the central parts of the 
area, valley sides also are normally dry (Figure 5.18, 5.19, the pink circles, Beard, 1990). 
 
5.5 Concluding synthesis of the Australian landscape 
The full detailed geological and geomorphological field settings of the sample sites have 
been given previously in this chapter for 50 samples collected from southeastern South 
Australia (Mt Lofty Ranges), central South Australia and southern parts of Western 
Australia (Kalgoorlie-Kambalda, Jarrahdale and central Darling Range, and Hyden-
Norseman track). 
A general overview and description of the evolution of the Australian landscape has also 
been presented. However, because of its importance, broadness and large volume a 
synthesis and concluding section of the important points is presented here. 
Most Australian landscapes have been exposed to weathering and erosion for many 
millions of years under tectonic conditions that were very stable, the result being seen in the 
heavily leached, infertile soils that extend across the continent. The Australian continent 
has had its present outline since sometime between 150 and 50 Ma, though many of 
Australia's landscapes are much older. Veevers (1984) divided the tectonic provinces of 
Australia into two groups. To the west, blocks of Precambrian age dominate, with fold belts 




belts dominate the regional geological setting of the continent, which in turn is overlain by 
thin basins of younger sequences. These fundamental geological divisions correspond 
roughly to the landscape regions, the Precambrian blocks and plateaux, with elevations of 
up to about 500 m, the fold belts to uplands that reach up to 2000 m elevation, and the 
basins to lowland plains that are mostly less than 200-300 m. 
The nature of the modern drainage systems varies in accordance with the major landform 
regions. The drainage systems in the western part of the continent tend to be uncoordinated. 
Coordinated drainage is mostly restricted to the margins of the continent, especially the 
area of the eastern Phanerozoic fold belts. The Eastern Highlands presently receive more 
rain than the western two-third of the continent. According to Veevers (1984), this has been 
the case since the beginning of the Cainozoic. The distribution of lignitic sediments in 
southern, western and central regions indicates that in the early Palaeogene-Neogene the 
western parts may have been as wet as those in the east. Veevers (1984) suggested that 
drainage systems during the Palaeogene-Neogene were not much different from those at 
present. 
In western region, the ancient two-thirds of the continent, is made up of a number of 
cratonic blocks of Precambrian age, composed of granite, metamorphic and sedimentary 
rocks. Two major blocks are the Yilgarn and the Musgrave-Amadeus-Arunta Blocks. These 
blocks correspond to major landscape provinces. 
The landscapes of the blocks in the western region have been greatly modified since they 
were first subaerially exposed. The surface of the Yilgarn Plateau has been lowered by at 
least 600-700 m throughout the Phanerozoic (Veevers, 1984). It is believed that a large 
portion of this occurred during the Late Carboniferous and Permian, when the plateau was 
scoured by glaciers moving from south to north. Between the Permian and Cretaceous, 
large amounts of sediment were deposited into the Perth Basin. It has been suggested that 
much of the sediment deposited during the Mesozoic may have originated on uplifted 
margins of the basin. Present day chains of lakes that formed between the Late Mesozoic 
and the Eocene, involving about 100 m of erosion, represent relict drainage on the Yilgarn 
according to Jackson and van de Graaff (1981). It has been suggested that erosion has been 




Based on this, it seems the Yilgarn Plateau has been uplifted and eroded significantly 
during the Palaeozoic to Early Cainozoic, since when it has been extremely stable. 
The highest elevation found in the cratonic areas of the western region from the 
Precambrian are found in the Central Australian Ranges, some peaks reaching up to 1500 
m. They comprise three geological entities, the Musgrave Block and the Arunta Block from 
the Precambrian, and the Amadeus Basin from the Late Proterozoic-Palaeozoic. Around the 
margins of the Central Australian Ranges younger sedimentary basins of Phanerozoic age 
overlie them. They are also partially divided by Palaeozoic sediments of the Amadeus 
Basin. Around the Arunta Block are marginal basins containing sediments of Cambrian and 
Devonian age (Veevers, 1984). This indicates that it had reached high elevations during the 
Cambrian, its uplift being complete by the Devonian. The surrounding basins received 
sediment from both blocks. A southeasterly trending drainage network was carved out by 
erosion during the Mesozoic and Early Cainozoic, and then later partially filled with 
sediment (Twidale and Harris, 1977). The continuing role of tectonism in these landscapes 
is illustrated by the occurrence of minor fault-bounded basins of Cainozoic age. 
The core of Eyre Peninsula and the Gulf Ranges region is made up of the Gawler Craton, 
the Willyama Block, both of Precambrian age, with the Adelaide Fold Belt and the Stuart 
Shelf. The rocks making up these regions are of a number of types: volcanic, 
metasedimentary, flat-lying and folded sediments, and granite, all surrounded by basins 
containing sediments of Phanerozoic age lapping onto the older cratonic platforms. Since 
the Late Carboniferous, this region has represented higher relief (Veevers, 1984), though 
there were highlands in parts of the area long before this time. Since their formation, the 
marginal basins of the Phanerozoic have been receiving sediments from this high ground. 
Significant erosion occurred in the highlands during the Permian when they were scoured 
by glaciers. In the region of the Gulf Ranges, renewed faulting occurred in the Late 
Cainozoic that resulted in the present form (Callen and Tedford, 1976). 
Deeply weathered in situ land surfaces or sedimentary deposits cover large areas of 
Australia. Various weathering events have been found in depositional terrains that are, at 
least partially, separated from each other by various sedimentary events. Between 90 and 




conditions did not result in a continuous period of weathering, as there were periods when 
deep weathering events occurred in distinct episodes, that apparently coincided with the 
warmer parts of the three climatic cycle that occurred in the Palaeogene-Neogene (Frakes et 
al., 1987). Frakes et al. (1987) suggested that the climate of the Late Cretaceous was cool, 
and together with evidence presented by Bird and Chivas (1988a, b), Francis (1990) and 
Taylor et al. (1990a,b), indicates that deep weathering may not require warm conditions. 
When the evidence of deep weathering is considered at a continental scale it becomes 
apparent that, on the whole, there is a correlation between warm conditions and deep 
weathering, even after allowing for dating inaccuracies. 
In the deeply weathered rock there is a gradual change between the upper surface and the 
parent rock, the classic 'laterite' profile for Western Australia. There is an uppermost layer 
of ferruginous crust - ferricrete, laterite or bauxite. Below this there is a layer of white to 
pale-coloured matrix with ferruginous red mottling. Between this layer and the bedrock is a 
weathered rock with a decreasingly kaolinite-rich saprolite (weathered in situ and retaining 
the fabric of the original rock) pallid at the top of the zone grading to least pallid at the 
bedrock. 
Mesas or low plateaux are the most common deeply weathered landscapes, especially in 
South and Western Australia, which have been protected to some extent by ferricrete or 
silcrete caps during long periods of erosion. The wide valleys separating them have cut into 
underlying weathered rocks. Erosion has resulted from several processes such as tectonic, 
eustatic and climatic, or even a combination of all three. The erosion products, mostly clays 
(kaolinite) and quartz, not only have been deposited in the lower parts of the Australian 










Chapter Six: Oxygen-isotope composition (δ
18
O) of iron (III) 
oxides and corresponding clay samples in the study areas; 
Results and discussion 
 
6.1 An introduction to results and the strategy for data interpretation 
 
Because of vertical movements of parts of the Australian continent in the past, some 
weathered regolith profiles have changed their altitude since their formation. Furthermore 
the δ
18
O value of a mineral formed during weathering is related to the δ
18
O value of the 
meteoric water from which it crystallised by a temperature-dependent fractionation factor. 
This behaviour has generally been taken to indicate a close approach to isotopic 
equilibrium between the mineral and its associated water (Savin and Epstein, 1970a, b; 
Lawrence and Taylor, 1971, 1972; Yapp, 1990). The δ
18
O value of meteoric water is 
determined by gross climatic parameters such as temperature and the precipitation and 
evaporation regime (Yurtsever and Gat, 1981). Accordingly, the oxygen-isotope 
compositions of minerals from weathered (regolith) profiles can potentially provide an 
insight into the continental palaeoclimate during their formation (Bird and Chivas, 1988a, 
1989). Moreover, since many minerals are resistant to post-crystallization alteration and 
oxygen-isotope exchange with later waters, they are able to preserve palaeoclimatic 
information (Lawrence and Taylor, 1971, 1972; Bird and Chivas, 1988b). For instance, in 
this study, iron (III) oxides along with their corresponding clays have been chosen because 
of their common occurrence in Australian weathered regolith profiles on the one hand 
(especially in mottled zones and duricrusts), and because of the stability of their oxygen-
isotope composition against exchange with younger meteoric waters (the mineral 
composition is well preserved) during more recent times on the other hand. Also the clay 
mineral (kaolinite) has been chosen for use in this study because of its relatively well 
understood formation, in terms of oxygen-isotope systematic, and its abundance in 
Australian regolith profiles. Thus the oxygen-isotope composition of the iron (III) oxides 
and clays are considered to reflect the isotopic composition of the meteoric water present at 





The correction for the presence of contaminating phases (extracted from theoretical oxygen 
yields) is based on the quantitative mineralogical composition (XRD results which show 
mineral percentages) of each sample, the oxygen content (yields) for each phase, and a 
theoretical (assumed) or measured isotopic composition for each phase. When applying the 
mentioned corrections, it is possible to correlate oxygen-isotope composition of each 
sample with its geological age. Plotting the results in relation to their present latitude, it is 
possible to take into account the effect of different latitudes of formation for the samples. 
Other important factors to take into account before any interpretation include: (1) 
neoformation of iron III oxides and/or kaolinite obscuring any previous weathering signal; 
(2) the resulting δ
18
O possibly being an average of several phases of iron III oxides and 
kaolinite formation; (3) contamination from inherited iron III oxides and/or kaolinite from 
the parent material, for example diagenetic cement sandstones; and (4) contamination from 
various other phases, such as quartz (contamination phase for almost all samples) and 
kaolinite (contamination phase for studied iron III oxide samoles), needing to be corrected 
for. Any correction based on mass balance principles, using published average δ
18
O yield 
will incorporate errors inherent in the averaging, and mass balance approach. 
Another point which has to be considered while interpreting data is that the oxygen-isotope 
value varies because of two factors – the continental rain-out effect and the altitude of the 
continent which affects the latitudinal temperature gradient at the time of formation of the 
profile. Therefore, it will be necessary to consider the palaeogeographic setting of each 
sample before any final conclusion cab be drawn (the geological, geomorphological and 
palaeogeographic settings of individual sample sites have been presented in chapter five). 
Several Australian study sites with weathered profiles were investigated and analyzed 
(Figure 6.1). The main interest in studying these weathered profiles was to date the 
stratigraphic weathered sequence using iron (III) oxides and clays. Previous work has dated 
the clay minerals in some of the selected sampling areas (Bird, 1988; Atlhopheng, 2002) 
but in this work the main focus is on the variations in δ
18
O values for iron (III) oxides 
present in duricrusts and mottled zones. 
A total 63 samples were analyzed for their δ
18
O value from the study areas. Six additional 




University) were also analyzed during this study. This gave 56 samples of iron (III) oxides 
and 13 samples of kaolinite. 
In this chapter, the following sections document the variations in the δ
18
O values of iron 
(III) oxides and clays from Australian weathered regolith profiles in south-eastern South 













6.2 Isotopic results for Australian iron (III) oxides and their corresponding clays  
 
6.2.1 South-eastern South Australia (Mount Lofty Ranges) and Victoria 
 
Primary results for the oxygen-isotopic composition of 25 iron (III) oxide samples and 
corresponding kaolinite samples from the same locality are presented in Tables 6.1 and 6.3.  
For final corrected and calculated values please see Figures 6.2 and 6.3. For some samples 
the corresponding clay results were extracted from previous studies by Bird and Chivas 
(1989) and Atlhopheng (2002). The samples are from mainly road and rail cuttings and 
breakaways. The accuracy of the reported δ
18
O value for each sample is ±0.5 ‰, based on 
replications for each treatment on any single sample. δ
18
O values of the iron (III) oxide 
samples in the mentioned area fit in the range of +0.2 to +6.2 ‰. The δ
18
O values for 
corresponding clays in the region range from +12.1 to +29.4 ‰. 
Despite enormous efforts to purify the iron (III) oxides for this study, there were still some 
impurities in the samples. Therefore, because of the impurities and the fact that fluorination 
fuses the mixed sample and releases oxygen from all mineral phases, the δ
18
O of pure end 
member minerals including ferric oxides have been calculated by mass balance 
considering: 1) the oxygen mole fraction for each mineral phase in the mixture, 2) the δ
18
O 
of the mixture, and 3) the δ
18
O of the residue phase remaining after ferric oxide has been 
dissolved from the mixture with citrate-bicarbonate-dithionite (CBD) as discussed by Bird 
et al. (1992) and Bao and Koch (1999). 4) The obtained two different δ
18
O values from the 
CBD and 5M NaOH methods (sub-samples with contrasting mineralogical compositions 
obtained from one locality). Corrections were made for presence of quartz (almost all 
samples) and kaolinite (for iron III oxides). The modified mass balance method of 
Lawrence (1970), Lawrence and Taylor (1971) and Bird (1988) have been used, ulilising 
the oxygen yield of iron III oxides (goethite and hematite), kaolinite and quartz (µmol/mg 
of CO2) reported there into calculate the δ
18
O values of the pure end members. The 





OMPS – (XCP × δ
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O value of mixed phase sample 





O of contaminating phase 
XPEM = Percentage of total oxygen in pure end member    
Some samples have shown NaCl in the XRD results (see Tables 6.1 to 6.3) (this probably 
resulted because some samples might not wash thoroughly after chemical treatments). 
Because of the mentioned contaminant, the NaCl wt. % has been subtracted from the total 
minerals percentage. Then the oxygen yields have been calculated for the samples 
considering the mineral’s theoretical yield (µmol/mg) and also their corrected wt. 
percentage (for details see appendix B).  
The δ
18
O of the final calculated results have been plotted against sample location and 
topography in Figures 6.2 to 6.8. 
In the Mount Torrens area, samples BKSA12A and BKSA12C (iron oxides) and BKSA12B 
(kaolinite sample) yielded δ
18
O values of +1.2 ‰, +1.1 ‰ and 17.2 ‰, respectively. The 
samples were from iron-mottled Precambrian metasediments which were exposed in a 
road-cutting through the summit surface in the southern Mount Lofty Ranges. 
The next sample (BKSA13) was from the BlackWood rail cutting in Adelaide and had a 
δ
18
O value of +6.2 ‰. This site includes laterised deposits and ferruginised sands and 
gravels on an uplifted plateau which overlies the Hallet Cove and Norwest Bend 
Formations of marine sandy origin. This sample has the highest (6.2 ‰) for iron (III) 
oxides in the whole current sampling program. The high δ
18
O value can be explained 
mainly because of: 1) a mixed origin for the equilibrated water which may be explained as 
a mix of meteoric and underground formation water; 2) a highly evaporated condition 
caused by a warm average climatic temperature; and 3) isotopic exchange between the 
authigenic clays and the post-early authigenic-formation water at an elevated temperature 
during burial diagenesis. 
Samples BKSA14A and BKSA14B, which have δ
18
O values of + 2.1 and +1.4 ‰, were 
collected from laterised and ferruginised deposits in the Chandlers Hill road cut. The area 




The next sample (BKSA15) has a δ
18
O value of + 1.2 ‰ and came from the Chapel Hill 
road cut; a laterised deposit and ferruginized sand and gravel on an uplifted plateau area. 
Seaview Quarry was the next sampling area. Three samples (BKSA16A, BKSA16B and 
BKSA16C) yielded δ
18
O values of +0.2 ‰, +0.2 ‰ and +0.3 ‰, respectively. The area 
shows weathered sediments with ferruginised layers. These sediments not only contain 
ferruginised sands and lateritic deposits but they also represent redeposited and reworked 
massive clays in these Cainozoic sediments. 
Samples BKSA17A (kaolinite sample), BKSA17B and BKSA17C (iron oxide samples) had 
δ
18
O values of +22.3 ‰, +0.7 ‰ and +1.8 ‰. The samples were from the Range road 
cutting and consist of ferruginised and weathered clayey sediments with recognisable iron-
rich hematitic mottles. The mottles are separated by kaolinised bed rock. Willunga Hill was 
the next sampling area (BKSA18A and BKSA18B) with δ
18
O values of +22.4 (kaolinite 
sample) and +2.6 ‰ (iron oxide) sample. An important textural difference was obvious in 
the area. The iron mottles are smaller in size at the top of the section but they are larger at 
the bottom of the section. In the gravely soil, parts of disintegrated mottles and fragments 
of Cretaceous bedrock are recognisable. 
BKSA19A, BKSA19B (iron oxide) and BKSA19C (kaolinite) had δ
18
O values of +0.2 ‰, 
+1.0 ‰ and +12.1 ‰, respectively. They were collected from the Yundi road cut, a highly 
weathered Precambrian section which is cemented by goethite and weathered Permian 
fluvio-glacial sediments. The next samples analysed for this study were BKSA20A 
(kaolinite) and BKSA20B (iron oxide). The δ
18
O values of +17.3 ‰ and +1.1 ‰ were 
obtained from these samples, respectively. They were collected from the Green Hills, a 
ferricrete deposit on granitic bedrock interfluves with moderate weathering. Slabs of 
kaolinised clays were present in the section. 
Samples BKSA21A (iron oxide) and BKSA21B (kaolinite) with δ
18
O values of +0.5 and 
+29.4 ‰, respectively, were collected from the Gun Emplacement area and included 
hematitic mottles underlying a ferricrete on the surface. The mottles have developed in 




The next 3 samples include BPBK2, BPBK3 and BPBK5 collected by Prof. Brad Pillans 
from Lancefield (the first two) and the Melville Forrest region in Victoria. The δ
18
O values 
























Mount Lofty Ranges, 
South Australia 
Qtz Goe Hem Kaol Hall NaCl East (° ‘ “) South (° ‘ “) 
Mount Torrens  BKSA12A   CBD 38.7 4.5 22.2 28.3 0 6.3 E 139° 0’ 13.6”   S 34° 52’ 1.4” 500 +11.7    
Mount Torrens BKSA12A   NaOH 88 0 11.3 0.7 0 0 E 139° 0’ 13.6”   S 34° 52’ 1.4” 500  +10.7   
Mount Torrens BKSA12B 1.4 0 0 96 0 2.6 E 139° 0’ 13.6”   S 34° 52’ 1.4” 500   +17.0  
Mount Torrens BKSA12C    CBD 51.9 4.4 16.1 27.7 0 0 E 139° 0’ 13.6”   S 34° 52’ 1.4” 500 +10.7    
Mount Torrens BKSA12C    NaOH 83.1 1.9 9.1 5.8 0 0 E 139° 0’ 13.6”   S 34° 52’ 1.4” 500  +10.8   
 




Blackwood rail cut BKSA13      NaOH 39.8 37.9 22.3 0 0 0 E 138° 37’ 7.5”   S 35° 1’ 27” 254  +10.4  
 
Chandlers Hill BKSA14A   CBD 41.2 4.8 3.6 28.6 0 21.8 E 138° 36’ 45”   S 35° 5’ 14.9” 368 +7.5   +19.9* 
+19.7§ Chandlers Hill BKSA14A   NaOH 62.8 10.7 26.4 0 0 0 E 138° 36’ 45”   S 35° 5’ 14.9” 368  +5.9  
Chandlers Hill BKSA14B   CBD 20.8 10 9.9 37.7 0 21.6 E 138° 36’ 45”   S 35° 5’ 14.9” 368 +14.7   
Chandlers Hill BKSA14B   NaOH 52.2 16.1 24.6 7.1 0 0 E 138° 36’ 45”   S 35° 5’ 14.9” 368  +4.1  
 
Chapel Hill BKSA15    CBD 77.8 3 6.2 13 0 0 E 138° 34’ 53”   S 35° 9’ 59.9” 177 +14.6   +21.3*, 
+17.8§ Chapel Hill BKSA15    NaOH 88.3 5.9 3.3 2.6 0 0 E 138° 34’ 53”   S 35° 9’ 59.9” 177  +13.9  
 
Seaview Quarry BKSA16A  CBD 95.1 3.9 0.7 0.3 0 0 E 138° 32’ 38.6”  S 35° 11’ 28.9 82 +13.1   +18.6* 
+18.7§ 
 
Seaview Quarry BKSA16A  NaOH 98.1 1.2 0.4 0.2 0 0 E 138° 32’ 38.6”  S 35° 11’ 28.9 82  +13.1  
Seaview Quarry BKSA16B  CBD 95.4 0.9 0.8 2.9 0 0 E 138° 32’ 38.6”  S 35° 11’ 28.9 82 +13.7   
Seaview Quarry BKSA16B   NaOH 98.9 1.1 0 0 0 0 E 138° 32’ 38.6”  S 35° 11’ 28.9 82  +13.7  
Seaview Quarry BKSA16C  CBD 96.9 0 1 2.1 0 0 E 138° 32’ 38.6”  S 35° 11’ 28.9 82 +13.0   
Seaview Quarry BKSA16C   NaOH 96.7 2.1 0 1.2 0 0 E 138° 32’ 38.6”  S 35° 11’ 28.9 82  +13.0  
 
Range Road BKSA17A 40.8 0 0 59.2 0 0 E 138° 36’ 10.7”  S 35° 16’ 2.8” 373   +16.1  
Range Road BKSA17B  CBD 83.6 1.9 5.2 6.3 0 0 E 138° 36’ 10.7”  S 35° 16’ 2.8” 373 +14.4    
Range Road BKSA17B   NaOH 95.4 0 4.6 0 0 0 E 138° 36’ 10.7”  S 35° 16’ 2.8” 373  +15.0   
Range Road BKSA17C  CBD 76.1 3.9 6.6 13.4 0 0 E 138° 36’ 10.7”  S 35° 16’ 2.8” 373 +13.1    
Range Road BKSA17C   NaOH 86.5 4.9 4.7 4.0 0 0 E 138° 36’ 10.7”  S 35° 16’ 2.8” 373  +12.4   
 
Willunga Hill BKSA18A 11.4 0 0 88.6 0 0 E 138° 35’ 0.4”   S 35° 18’ 0.2” 342   +20.7  
Willunga Hill BKSA18B  CBD 41.3 0 4.6 43.7 0 10.4 E 138° 35’ 0.4”   S 35° 18’ 0.2” 342 +16.0    
Willunga Hill BKSA18B   NaOH 71.1 6.2 21 1.7 0 0 E 138° 35’ 0.4”   S 35° 18’ 0.2” 342  +10.1   
 
Table 6.1: Location, mineralogy and δ
18






Qtz: quartz   Goe: goethite    Hem: hematite    Kaol: kaolinite    Hall: halloysite    NaCl: sodium chloride     Alt: altitude      m asl: metres above sea level    CBD: citrate-bicarbonate-dithionite       
 
































Qtz Goe Hem Kaol Hall NaCl East (° ‘ “) South (° ‘ “) 
Yundi road cut BKSA19A  CBD 93.1 1.1 1.8 4 0 0 E 138° 38’ 38”  S 35° 18’ 56.9” 258 +11.7   +13.8*, 
+12.1§, 
+10.8§ 
Yundi road cut BKSA19A   NaOH 96 0.6 1.2 2.2 0 0 E 138° 38’ 38”  S 35° 18’ 56.9” 258  +11.1  
Yundi road cut BKSA19B  CBD 85.6 6.7 2.3 4 0 1.4 E 138° 38’ 38”  S 35° 18’ 56.9” 258 +9.2   +13.8*, 
+12.1§, 
+10.8§ 
Yundi road cut BKSA19B   NaOH 87.1 10.9 2 0 0 0 E 138° 38’ 38”  S 35° 18’ 56.9” 258  +8.4  
Yundi road cut BKSA19C 0 0 0 100 0 0 E 138° 38’ 38”  S 35° 18’ 56.9” 258   +12.1  
 
Green Hills BKSA20A 29.7 0 0 70.3 0 0 E 138° 35’ 47.6” S 35° 31’ 57.5” 74   +13.9  
Green Hills BKSA20B  CBD 81.2 2.3 5.4 6.3 0 4.9 E 138° 35’ 47.6” S 35° 31’ 57.5” 74 +11.5    
Green Hills BKSA20B   NaOH 77.7 4.3 5.6 12.3 0 0 E 138° 35’ 47.6” S 35° 31’ 57.5” 74  +11.1   
 
The Gun Emplacement BKSA21A  CBD 84.9 1.8 6.6 6.7 0 0 E 138° 43’ 27.3” S 34° 50’ 32” 209 +12.8    
The Gun Emplacement BKSA21A   NaOH 95.8 0.5 3.4 0.4 0 0 E 138° 43’ 27.3” S 34° 50’ 32” 209  +13.3   




















Central South Australia Qtz Goe Hem Kaol Hall NaCl East (° ‘ “) South (° ‘ “) 
Lyndhurst Ochre Cliff BKSA4 40.9 0 0 59.1 0 0 E 138° 20’ 31.2” S 30° 14’ 26.2”  136   +17.3  
Lyndhurst Ochre Cliff BKSA6C   CBD 7.5 92.5 0 0 0 0 E 138° 20’ 31.2” S 30° 14’ 26.2”  136 +0.3    
Lyndhurst Ochre Cliff BKSA6C    NaOH 7.4 92.6 0 0 0 0 E 138° 20’ 31.2” S 30° 14’ 26.2”  136  +0.4   
  
81.2 km from turn off of 
William Creek to Coober 
Pedy 
BKSA9A   CBD 55.3 16.7 4.6 9.8 0 0 E135° 30’ 59”  S 29° 4’ 28.6” 111 +8.4    
81.2 km from turn off of 
William Creek to Coober 
Pedy 
BKSA9A   NaOH 44 48.1 7.9 0 0 0 E135° 30’ 59”  S 29° 4’ 28.6” 111  +5.3   
81.2 km from turn off of 
William Creek to Coober 
Pedy 
BKSA9B    CBD 40.2 29.5 15.4 14.9 0 0 E 135° 30’ 58”  S 29° 4’ 29” 112 +5.8    
81.2 km from turn off of 
William Creek to Coober 
Pedy  
BKSA9B    NaOH 57.2 27.1 15.7 0 0 0 E 135° 30’ 58”  S 29° 4’ 29” 112  +4.9   
  
11 km after Coober Pedy 
turn off  
BKSA10A  CBD 5.6 10.4 55.7 22.2 0 6.0 E 134° 42’ 32.1”  S 28° 50’ 45.7 236 +5.3    
11 km after Coober Pedy 
turn off 
BKSA10A   NaOH 4.7 7.9 76 11.4 0 0 E 134° 42’ 32.1”  S 28° 50’ 45.7 236  +0.5   
11 km after Coober Pedy 
turn off 
BKSA10B   CBD 22 18.7 39 20.3 0 0 E 134° 42’ 33”   S 28° 50’ 56” 234 +9.8    
11 km after Coober Pedy 
turn off 
BKSA10B   NaOH 22.5 18.4 40.1 19 0 0 E 134° 42’ 33”   S 28° 50’ 56” 234  +1.2   
  
Top of north western 
cutting in Coober Pedy, St. 
Elijah Dr, Flinders St. 
BKSA23    CBD 43.2 7 7.1 42.7 0 0 E 134° 46’ 22.1”  S 29° 1’ 1.5” 227 +19.9    
Top of north western 
cutting in Coober Pedy, St. 
Elijah Dr, Flinders St. 
BKSA23    NaOH 71.5 0 28.5 0 0 0 E 134° 46’ 22.1”  S 29° 1’ 1.5” 227  +10.2   
  
6 km from Oodnadatta  
 
road and 17.7 km from 
Oolgelima Creek 
BKSA23A   CBD 0 13.1 86.9 0 0 0 E 134° 46’ 54.4”  S 28° 57’ 37” 176 +4.0    
BKSA23A   NaOH 0 7.4 92.6 0 0 0 E 134° 46’ 54.4”  S 28° 57’ 37” 176  +2.6   
Table 6.2: Location, mineralogy and δ
18



















Qtz Goe Hem Kaol Hall NaCl East (° ‘ “) South (° ‘ “) 
Moon Plain, 3.6 km north 
of Oolgelima Creek 
BKSA24A   CBD 0 0 100 0 0 0 E 134° 51’ 4.7” S 28° 52’ 48.3” 155 +3.1    
Moon Plain, 3.6 km north 
of Oolgelima Creek 
BKSA24A   NaOH 1.6 7.6 80 10.7 0 0 E 134° 51’ 4.7” S 28° 52’ 48.3” 155  +1.2   
  
11.5 km north of 
Oolgelima Creek 
BKSA25C   CBD 86.1 3.1 4.8 0 0 6 E 134° 54’ 19.4” S 28° 49’ 40” 129 +13.2    
11.5 km north of 
Oolgelima Creek 
BKSA25C    NaOH 85.2 7.5 4.5 2.8 0 0 E 134° 54’ 19.4” S 28° 49’ 40” 129  +13.7   
  
27.3 km north of 
Oolgelima Creek 
BKSA27C    CBD 20.4 10.1 55.1 14.4 0 0 E 134° 57’ 45.6” S 28° 41’ 40.6” 123 +5.9    
27.3 km north of 
Oolgelima Creek 
BKSA27C   NaOH 13.1 10.8 72.5 3.6 0 0 E 134° 57’ 45.6” S 28° 41’ 40.6” 123  +3.7   
  
14.4 km north of Giddi 
Giddinna Creek 
BKSA28A  CBD 30.5 24.1 30.6 14.8 0 0 E 134° 54’ 40.6” S 28° 33’ 36.5” 143 +6.8    
14.4 km north of Giddi 
Giddinna Creek 
 BKSA28A   NaOH 30.1 29.2 40.7 0 0 0 E 134° 54’ 40.6” S 28° 33’ 36.5” 143  +3.5   
  
29.9 km north of Giddi 
Giddinna Creek 
BKSA29A   CBD 22.2 11.8 65.9 0 0 0 E 134° 56’ 36.5” S 28° 25’ 50.9” 137 +4.7    
29.9 km north of Giddi 
Giddinna Creek 
BKSA29A   NaOH 31.8 18.3 49.9 0 0 0 E 134° 56’ 36.5” S 28° 25’ 50.9” 137  +2.4   
  
20.6 km from Arckaringa 
Rd. from Mt. Barry 
BKSA30A   CBD 28.4 48.9 9 13.6 0 0 E 134° 50’ 6.7”  S 28° 6’ 10.5” 148 +5.4    
20.6 km from Arckaringa 
Rd. from Mt. Barry 
BKSA30A   NaOH 22.2 58.4 9.3 10 0 0 E 134° 50’ 6.7”  S 28° 6’ 10.5” 148  +1.7   
20.6 km from Arckaringa 
Rd. from Mt. Barry 
BKSA30B   CBD 58.6 17.6 23.9 0 0 0 E 134° 50’ 6.7”  S 28° 6’ 10.5” 148 +19.3    
20.6 km from Arckaringa 
Rd. from Mt. Barry 
BKSA30B   NaOH 52.1 6.5 38.8 2.6 0 0 E 134° 50’ 6.7”  S 28° 6’ 10.5” 148  +6.7   
  
Mt. Batterbee lookout, 
Arckaringa Hills 
BKSA31A   CBD 8.7 7.8 76.3 7.2 0 0 E134° 51’ 11.9” S 27° 53’ 43.1” 197 +6.6    
Mt. Batterbee lookout, 
Arckaringa Hills 
BKSA31A   NaOH 8.8 8.1 72.7 10.4 0 0 E134° 51’ 11.9” S 27° 53’ 43.1” 197  +0.2   
Mt. Batterbee lookout, 
Arckaringa Hills 


















Qtz Goe Hem Kaol Hall NaCl East (° ‘ “) South (° ‘ “) 
Mt. Batterbee lookout, 
Arckaringa Hills 
BKSA31B    NaOH 98.6 0 0.4 1 0 0 E134° 51’ 11.9” S 27° 53’ 43.1” 197  +10.6   
  
Coorikianna dam 
sandstone, top of the hill 
BKSA32B   CBD 85.3 8.3 0 6.5 0 0 E 134° 51’ 40.3” S 27° 53’ 8.4” 235 +14.1    
Coorikianna dam 
sandstone, top of the hill 
BKSA32B   NaOH 83.9 13.4 0.4 1.9 0 0 E 134° 51’ 40.3” S 27° 53’ 8.4” 235  +9.5   
Coorikianna dam 
sandstone 
BKSA32D   CBD 75.3 6.4 9 9.4 0 0 E 134° 51’ 40.3” S 27° 53’ 8.4” 235 +11.7    
Coorikianna dam 
sandstone 
BKSA32D  NaOH 58.8 8.2 22.8 10.1 0 0 E 134° 51’ 40.3” S 27° 53’ 8.4” 235  +7.3   
Coorikianna dam 
sandstone, 7m from the 
top 
BKSA32E 47.3 0 0 52.7 0 0 E 134° 51’ 40.3” S 27° 53’ 8.4” 235   +26.0  
  
East of the Coorikianna 
dam sandstone on the 
plain 
BKSA33A   CBD 93.1 3.1 0 3.8 0 0 E 134° 51’ 51.2” S 27° 53’ 3.9” 200 +25.2    
East of the Coorikianna 
dam sandstone on the 
plain 
BKSA33A   NaOH 96.5 1.2 0 2.3 0 0 E 134° 51’ 51.2” S 27° 53’ 3.9” 200  +21.0   
East of the Coorikianna 
dam sandstone on the 
plain 
BKSA33B   CBD 61.4 6.1 27.4 5.1 0 0 E 134° 51’ 51.2” S 27° 53’ 3.9” 200 +7.5    
East of the Coorikianna 
dam sandstone on the 
plain 
BKSA33B   NaOH 41.8 9 49.2 0 0 0 E 134° 51’ 51.2” S 27° 53’ 3.9” 200  +3.7   
  
Arckaringa Hills BKSA34A   CBD 77.8 22.2 0 0 0 0 E 134° 48’ 51.5” S 27° 54’ 21.2” 243 +27.3    
Arckaringa Hills BKSA34A   NaOH 94.6 3.7 0 1.7 0 0 E 134° 48’ 51.5” S 27° 54’ 21.2” 243  +16.4   
Arckaringa Hills BKSA34B   CBD 41 37.8 2.6 0 0 18.5 E 134° 48’ 51.5” S 27° 54’ 21.2” 243 +24.8    
Arckaringa Hills BKSA34B   NaOH 12.9 7.5 70.1 9.5 0 0 E 134° 48’ 51.5” S 27° 54’ 21.2” 243  +1.1   
  
Top of the Arckaringa 
Hills 
BKSA35     CBD 89.8 4.2 0 6 0 0 E 134° 48’ 45.5” S 27° 54’ 22.5” 228 +26.0    
Top of the Arckaringa 
Hills 



















Qtz Goe Hem Kaol Hall NaCl East (° ‘ “) South (° ‘ “) 
Down parts of Arckaringa 
Hills and west part of 
lookout view 
BKSA36    CBD 66.5 6.6 9.2 17.7 0 0 E 134° 48’ 58”  S 27° 54’ 11.9” 196 +10.2    
Down parts of Arckaringa 
Hills and west part of 
lookout view 
BKSA36    NaOH 23.8 11.2 46.8 18.2 0 0 E 134° 48’ 58”  S 27° 54’ 11.9” 196  +2.6   
Down parts of Arckaringa 
Hills  
BKSA37A  CBD 29.9 12.7 23.5 33.9 0 0 E 134° 48’ 52.5” S 27° 57’ 13.8” 206 +9.9    
Down parts of Arckaringa 
Hills 
BKSA37A  NaOH 31 13.2 55.8 0 0 0 E 134° 48’ 52.5” S 27° 57’ 13.8” 206  +1.7   
Down parts of Arckaringa 
Hills 
BKSA37B   CBD 31.7 25.8 20.7 21.8 0 0 E 134° 48’ 52.5” S 27° 57’ 13.8” 206 +8.8    
Down parts of Arckaringa 
Hills 
BKSA37B    NaOH 44 10.9 45.1 0 0 0 E 134° 48’ 52.5” S 27° 57’ 13.8” 206  +3.8   
  
22.7 km north of Marla, 
left side of the road, after 
the grid 
BKSA38A   CBD 68.8 5.7 16.6 9 0 0 E 133° 30’ 32.6” S 27° 8’ 9.7” 414 +10.4    
22.7 km north of Marla, 
left side of the road, after 
the grid 
BKSA38A   NaOH 82.8 2.2 11.2 3.7 0 0 E 133° 30’ 32.6” S 27° 8’ 9.7” 414  +9.0   
22.7 km north of Marla, 
left side of the road, after 
the grid 
BKSA38B   CBD 79.6 6.4 0.7 13.3 0 0 E 133° 30’ 32.6” S 27° 8’ 9.7” 414 +11.1    
22.7 km north of Marla, 
left side of the road, after 
the grid 
BKSA38B   NaOH 97.2 0.8 0.7 1.4 0 0 E 133° 30’ 32.6” S 27° 8’ 9.7” 414  +10.4   
22.7 km north of Marla, 
left side of the road, after 
the grid 
BKSA38D 12.3 0 0 87.7 0 0 E 133° 30’ 33.2” S 27° 8’ 4.4” 408   +19.3  
  
2.2 km south of Cadney 
park, west side of the road 
BKSA40B   CBD 14.3 8.5 66.9 10.2 0 0 E 134° 4’ 7.6”   S 27° 55’ 20” 284 +5.2    
2.2 km south of Cadney 
park, west side of the road 
BKSA40B   NaOH 8.2 11 80.7 0 0 0 E 134° 4’ 7.6”   S 27° 55’ 20” 284  +2.8   
  
73.1 km south of Cadney 
park, west side of the road 
BKSA41B   CBD 59.8 1.8 34.9 3.5 0 0 E 134° 14’ 8.4”   S 28° 31’ 53” 274 +9.1    
73.1 km south of Cadney 
park, west side of the road 





Qtz: quartz   Goe: goethite    Hem: hematite    Kaol: kaolinite    Hall: halloysite    NaCl: sodium chloride     Alt: altitude      m asl: metres above sea level    CBD: citrate-bicarbonate-dithionite       
 





































Qtz Goe Hem Kaol Hall NaCl East (° ‘ “) South (° ‘ “) 
Marla Mesa, MAR-011 BPBK4        CBD 74 6.4 15.1 4.5 0 0 E 133° 33’ 7.9”   S 27° 19’ 7.9”  +8.2    



















Western Australia Qtz Goe Hem Kaol Hall NaCl East (° ‘ “) South (° ‘ “) 
14 km south of Kalgoorlie BKWA2A    CBD 25.3 5.7 24.9 39.3 0 4.9 E 121° 30’ 47.1”  S 30° 51’ 54” 328 +10.7   +17.8† 
14 km south of Kalgoorlie BKWA2A  NaOH 37.5 7.2 46.3 9 0 0 E 121° 30’ 47.1”  S 30° 51’ 54” 328  +5.6   
14 km south of Kalgoorlie BKWA2B 18.8 0 0 73.3 0 7.9 E 121° 30’ 47.1”  S 30° 51’ 54” 328   +17.8  
  
59.1 km east of Perth and 0.8 
km west of El Caballo Blanco 
resort 
BKWA3A    CBD 60.1 0 6.1 28.7 0 5.1 E 116° 21’ 4.4”  S 31° 48’ 38.2” 222 +9.1    
59.1 km east of Perth and 0.8 
km west of El Caballo Blanco 
resort 
BKWA3A  NaOH  54.4 7 38.6 0 0 0 E 116° 21’ 4.4”  S 31° 48’ 38.2” 222  +3.6   
59.1 km east of Perth and 0.8 
km west of El Caballo Blanco 
resort 
BKWA3B 0 0 0 97.7 0 2.3 E 116° 21’ 4.4”  S 31° 48’ 38.2” 222   +19.0  
  
44.5 km east of Perth, at the 
turn off to Chidlow 
BKWA4A    CBD 21.9 0 0 76.3 0 1.8 E 116° 15’ 54.6” S 31° 52’ 49.3” 265 +10.5    
44.5 km east of Perth, at the 
turn off to Chidlow 
BKWA4A  NaOH   77.4 3 19.7 0 0 0 E 116° 15’ 54.6” S 31° 52’ 49.3” 265  +5.8   
44.5 km east of Perth, at the 
turn off to Chidlow 
BKWA4B 0 0 0 94.6 0 5.4 E 116° 15’ 54.6” S 31° 52’ 49.3” 265   +19.6  
  
132.2 km east of Wave Rock at 
Hyden 
BKWA5A    CBD 39.9 0 4.4 55.7 0 0 E 120° 15’ 42.4” S 32° 16’ 39.6” 311 +12.2   +18.4† 
132.2 km east of Wave Rock at 
Hyden 
BKWA5A  NaOH     56.6 10.9 15.2 13.7 0 3.6 E 120° 15’ 42.4” S 32° 16’ 39.6” 311  +8.0   
132.2 km east of Wave Rock at 
Hyden 
BKWA5B 0 0 0 100 0 0 E 120° 15’ 42.4” S 32° 16’ 39.6” 311   +18.11  
  
Meekatharra, town pit 35 m 
depth, east wall 
BPBK1   CBD 29.9 16.2 4.6 36.2 0 13.1 E 118° 19’ 55”  S 26° 34’ 45.9”  +10.1    
Meekatharra, town pit 35 m 
depth, east wall 
BPBK1   NaOH 36.8 29.6 33.5 0 0 0 E 118° 19’ 55”  S 26° 34’ 45.9”   +4.6   
  
Paraburdoo, pit 32 EI, 
Supergene goethite, Dales 
Gorge member 
BPBK6   CBD 7.8 26.4 65.7 0 0 0 E 118° 34’ 31”  S 22° 30’ 56.4”  +5.0    
Paraburdoo, pit 32 EI, 
Supergene goethite, Dales 
Gorge member 
BPBK6   NaOH 7.6 26.1 66.3 0 0 0 E 118° 34’ 31”  S 22° 30’ 56.4”   +4.8   
Table 6.3: Location, mineralogy and δ
18






Qtz: quartz   Goe: goethite    Hem: hematite    Kaol: kaolinite    Hall: halloysite    NaCl: sodium chloride     Alt: altitude      m asl: metres above sea level    CBD: citrate-bicarbonate-dithionite       
 

































Victoria Qtz Goe Hem Kaol Hall NaCl East (° ‘ “) South (° ‘ “) 
Lancefield, LAN-068 BPBK2   CBD 36.3 3.7 17.7 42.2 0 0 E144° 43’ 33.3” S 37° 17’ 0.2”  +9.5    
Lancefield, LAN-068 BPBK2   NaOH 68.2 3.4 25.8 2.6 0 0 E144° 43’ 33.3” S 37° 17’ 0.2”   +6.9   
Lancefield, LAN-069 BPBK3    CBD 33 9.6 0 50.9 0 6.5 E144° 44’ 2.4”    S 37° 18’ 1.05”  +12.4    
Lancefield, LAN-069 BPBK3   NaOH 33.6 26.8 23.1 16.4 0 0 E144° 44’ 2.4”    S 37° 18’ 1.05”   +4.3   
  
Dundas Tableland, Melville 
Forest, DUN-007 
BPBK5    CBD 45.3 10.5 10.8 33.4 0 0 E141° 55’ 4”       S 36° 40’ 0.03”  +9.4    
Dundas Tableland, Melville 
Forest, DUN-007 






Figure 6.2: Sample locations along with final corrected and calculated δ
18









Figure 6.3: Sample locations along with final corrected and calculated δ
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 6.2.2 Central South Australia 
 
In total 34 iron (III) oxide and corresponding kaolinite samples from the same localities 
have been analysed for oxygen-isotope composition from central South Australia. The 
primary results are presented in Table 6.2 and for final calculated and corrected results 
please see Figures 6.4 to 6.6. The samples are mainly from breakaways, duricrusts and 
gibber plains. The accuracy of the reported δ
18
O value for each sample is again ±0.5 ‰, 
based on replications for each treatment on any single sample.  
Oxygen-isotope composition (δ
18
O) values for the iron (III) oxide samples in the central 
South Australian area fit into the range of -2.5 ‰ to +4.1 ‰. The δ
18
O values for the 
corresponding kaolinite in the same region ranging from +20.5 to +38.5 ‰.  
The Lyndhurst Ochre Cliffs region is represented by BKSA4 (kaolinite) and BKSA6C (iron 
oxide) samples. Results representing the δ
18
O values are +23.5 ‰ and -0.1 ‰, respectively. 
The area represents deeply weathered Precambrian strata with recognisable and variable 
colouring of white; yellow and red (see Figure 5.21A). The area is covered by a cemented 
Precambrian glacial deposit which in turn covered by gypcrete of an aeolian origin. 
Samples BKSA9A and BKSA9B (iron oxide) with measured δ
18
O values of +2.5 ‰ and 
+1.9 ‰ were collected from the William Creek to Coober Pedy road, 81.2 km from the 
turn-off. The area consists of ferricrete and silcrete lithologies along with aeolian quartz 
sand dunes, sand sheets and lunettes which were derived from the underlying indurated red-










Figure 6.4: Sample locations along with final corrected and calculated δ
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Figure 6.5: Sample locations along with final corrected and calculated δ
18








Figure 6.6: Sample locations along with final corrected and calculated δ
18




The next samples, BKSA10A and BKSA10B, represent an area which is located 11 km 
from the Coober Pedy turn-off. The δ
18
O values for the samples are -2.5 ‰ and +0.4 ‰, 
respectively. The area is dominated by ferruginous and calcareous rocks that are equivalent 
to the Doonbara Formation. Dark red-brown sandy and silty materials that incorporate 
reworked silcrete and Cretaceous shale are variably lateritic and pisolitic. Red-brown 
sandstone with silcrete clasts is patchily silicified to give a conglomeratic silcrete with a 
red-brown matrix. Angular quartz grains occurring in a dense siliceous matrix are generally 
broken down and reworked into the younger units. 
Sample BKSA23 with a δ
18
O value of +2.8 ‰ was collected from the top of a wide trench 
located in St Elijah Drive, off Potch Gully Road, in Coober Pedy. The top section was an 
undifferentiated silcrete and ferruginous silcrete overlying fine to very coarse poorly sorted 
sands and conglomeratic sands. Colluvial clay, silt and breccias were also present. In 
general, the area is part of a weathered profile in the Cretaceous Bulldog Shale with a partly 
ferruginous silcrete capping and and veins of gypsum and alunite within the Coober Pedy 
area. 
The next sample, BKSA23A, was collected from the 6 km along the Coober Pedy to 
Oodnadatta road. The measured δ
18
O value is +2.0 ‰. The outcrop in the region consists of 
ferricrete and silcrete lithology. Lenses of fine-grained silty sandstone, particularly near the 
upper and lower boundaries, and also scattered Adelaidian cobbles and boulders were 
recognisable throughout the section. Undifferentiated Quaternary deposits overlie the older 
units in the area. Silty and sandy soils and weathering products in the area were derived 
from the underlying Cretaceous rocks. 
The Moon Plain region, 3.6 km north of Oolgelima Creek on the Oodnadatta road is 
represented by sample BKSA24A with a δ
18
O value of +0.3 ‰. Gibber plains composed of 
ferricrete materials and silcrete covered the region. A persistent brown weathering 
limestone horizon marked the top of the bedrock in the Giddi Giddianna-Oolgelima area 
which is characterized by lag boulder fields. Extensive silcrete gibber lags overlie red-
brown to grey clayey, silty and sandy soils and weathering products derived from 




Samples BKSA25C and BKSA27C with δ
18
O values of +1.6 ‰ and +3.0 ‰ were collected 
from 11.5 km and 27.3 km north of Oolgelima Creek on the Oodnadatta road. The area is 
blanketed by Fe-rich coated cobbles found associated with silcrete and quartz fragments. A 
little further from the first sample, the blocks of silcrete were larger in size and contained 
gypsum. They overlie the Bulldog Shale soil. 
Distances of 14.4 km and 29.9 km north of Giddi Giddinna Creek along the Oodnadatta 
road are represented by samples BKSA28A and BKSA29A with δ
18
O values of +2.4 ‰ 
and +0.5 ‰, respectively. The areas are mostly covered by Fe-coated reddish brown 
silcrete and quartz fragments. The silcrete fragments at the first sampling site are a little 
larger in size and less homogeneous than at the second site, and also the fragments are 
mostly compacted in the second sample site. 
Samples BKSA30A and BKSA30B were collected from 20.6 km along the Arckaringa road 
at Mount Barry. The samples are mostly silcrete with a few pieces of Fe-rich and 
porcelanite fragments. The Mirackina Conglomerate, a coarse conglomerate with rounded 
and polished silcrete and quartz clasts, is represented in the region. Minor siltstone, shale 
and pure quartz sand also existed in the area. The δ
18
O values for the samples are +0.6 ‰ 
and +3.3 ‰. 
The next samples were BKSA31A and BKSA31B from Mount Batterbee lookout in 
Arckaringa Hills with δ
18
O values of -0.3 ‰ and 0.0 ‰, respectively. Three levels of 
landscape have been recognized in the area. Ferricrete and silcrete fragments were sampled 
from the middle level, which consisted of undifferentiated Pleistocene colluvial regolith 
sediments on mudstone with minor siltstone to very fine-grained sandstone intervals. 
The next 5 samples were from the Coorikianna dam sandstone area. Specifically, samples 
BKSA32B and BKSA32D were from top of the hill with δ
18
O values of +1.3 ‰ and +2.1 
‰. Samples BKSA33A and BKSA33B collected from the eastern part of the region on the 
plains with δ
18
O values of +0.2 ‰ and +2.2 ‰ and sample BKSA32E (kaolimite) was 
collected 7 m below the top of a hill in the region and had a δ
18
O value of +38.5 ‰. The 
area at top of the mesa included black loose iron-rich materials in a matrix of silicified 




The Arckaringa Hill sampling site is represented by 6 samples including BKSA34A and 
BKSA34B (from the hill), BKSA35 (top of the hill), BKSA36 (part way down the hill west 
of the lookout) and finally BKSA37A and BKSA37B (down parts of the hill). The δ
18
O 
values of these samples are +0.4 ‰, -0.2 ‰, +1.0 ‰, +1.0 ‰, +1.0 ‰ and +1.8 ‰, 
respectively. On the hill, Fe-rich parts are present as a large accumulation between silcrete 
layers. The underlying claystone and siltstone are interbedded with fine-grained sandstone, 
with calcareous and ferruginous concretions (on top of sandstone), fine-grained, calcareous 
and clayey sandy siltstone (at the bottom). The top of the hill is overlain by a high-angle 
Quaternary alluvial fan. On the west side of the Arckaringa Hills the top consists of 
silicified shale with mottles rich in Fe whereas the associated valleys are dominated by 
undifferentiated Pleistocene age dark to yellowish brown colluvial ferricrete fillings. 
Sample BPBK4, which was collected by Prof. Brad Pillans, came from the Marla Mesa. Its 
δ
18
O value is +1.4 ‰. 
Samples BKSA38A, BKSA38B (iron oxides) and BKSA38D (kaolinite) have δ
18
O values 
of +1.1 ‰, +0.1 ‰ and +20.5 ‰. They were collected from 22.7 km north of Marla on the 
Stuart Highway. The sampled area consists of a mesa covered with ferricrete and Fe-rich 
materials on top. Below the ferricrete and Fe-rich materials there was a layer of clay and 
gypsum. 
The last 2 samples, BKSA40B and BKSA41B, were collected from gibber plains located 
2.2 km and 73.1 km south of Cadney Park beside the Stuart Highway. The δ
18
O values are 
+2.7 ‰ and +4.0 ‰. The area was flat and broad plain of Pleistocene red sand with silcrete 
and ferricrete gibbers. The heavily ferruginised rocks were derived entirely from alteration 
of Cretaceous rock units with undifferentiated Quaternary clay-silt to gravel size materials 
overlying the older units. The extensive silcrete gibber lags overlie red-brown to grey 
clayey, silty and sandy soils and weathered products. 
 
6.2.3 Western Australia 
 
The primary oxygen-isotope results for a total of 10 iron (III) oxide and their corresponding 




and corrected values please see Figures 6.7 and 6.8. For some samples the corresponding 
clay results were extracted from previous studies by Bird and Chivas (1989), Chivas and 
Atlhopheng (2010) and Atlhopheng (2002). The samples are mainly from road cuttings and 
breakaways. The accuracy of the reported δ
18
O value for each sample is again ±0.5 ‰, 
based on replications for each treatment on any single sample.  
δ
18
O values for the iron (III) oxide samples fit in the range of +1.2 ‰ to +2.6 ‰ while δ
18
O 
values for the corresponding kaolinite in the same region range from +18.1 ‰ to +20.4 ‰. 
Samples BKWA2A (iron oxide) and BKWA2B (kaolinite) were collected from a road cut 
located 14 km south of Kalgoorlie. The δ
18
O vales are +2.5 ‰ and +20.4 ‰, respectively. 
The sampled area consisted of a road-side cutting and breakaway cuttings with Fe/clay 
spotted zones. They occur within a parent rock of Archaean (2800 Ma) sandstone, shale and 
conglomerate, while the breakaway is an ultra-basic volcanic Archaean rock (2800 Ma). 
The regolith in this area consists of ferricrete overlying saprolite, implying in situ lateritic 
weathering. Ferricretes referred to the area are surficial features formed in the regolith and 
are thus distinct from primary iron-rich lithologies such as sedimentary or metasomatic 
ironstones. The composition of the ferricrete is variable and commonly pisolitic in the area 
which contained sand to pebble-sized detrital quartz. Other duricrusts such as silcretes, 
calcretes and gypcretes were present in the area but to a limited extent. 
The second sampling location in Western Australia was a road cutting located 59.1 km east 
of Perth and specifically 0.8 km west of El Caballo Blanco resort. Samples BKWA3A (iron 
oxide) and BKWA3B (kaolinite) have δ
18
O values of +1.4 ‰ and +19.0 ‰, respectively. 
The bedrock in the area was an Archaean age gneiss and granite (syenite; 2800 Ma). 
Granitic weathering in the region started the orange-red bauxitic duricrust which covers the 









Figure 6.7: Sample locations along with final corrected and calculated δ
18









Figure 6.8: Sample locations along with final corrected and calculated δ
18





The next sampling site in the region was another road cutting located 44.5 km east of Perth 
at the turn off to Chidlow. The δ
18
O values of +1.2 ‰ and +19.7 ‰ came from samples 
BKWA4A (iron oxide) and BKWA4B (kaolinite), respectively. At this site, the iron and 
clay materials occurred in a higher segment (0.5 m), along with bauxite fragments beneath 
them. A slender quartz-lined channel was cut into the lower areas and had material covered 
with iron oxides. Archaean (2800 Ma) gneiss and granite (syenite) combined to form the 
bedrock. 
The forth sampling location was a breakaway located 132.2 km east of Wave Rock at 
Hyden (Hyden-Norseman track). The samples BKWA5A (iron oxide) and BKWA5B 
(kaolinite) yielded δ
18
O values of +2.2 ‰ and +18.1 ‰, respectively. The area included 
jumbo iron-rich mottles as well as the colourless clayey and gypsum weathered profile. An 
Archaean (2800 Ma) granite (syenite) was present lower in the profile section and showed 
1.5 m of silicified materials at its top. Ironstone pebbles and nodules in a sand or loam 
matrix were present and included reworked ferruginous and siliceous deposits. 
The final samples analysed from Western Australia were BPBK1 and BPBK6 collected by 
Prof. Brad Pillans from the east wall in the Meekatharra town pit at a depth of 35 m, and 
from the Paraburdoo pit 32 supergene goethite in the Dales Gorge Member, respectively. 
The δ
18






O values of the low-temperature iron (III) oxides in the study areas ranged from – 
2.5 ‰ to +6.2 ‰. Previous studies had found isotopic compositions for goethite in the 
range of -15.5 ‰ to +3.3 ‰. For hematite, the low-temperature samples had δ
18
O values 
from -16.7 ‰ to +4.7‰ (Yapp, 2001). In natural environments, the iron (III) minerals may 
not occur as pure samples and they tend to occur admixed with other secondary minerals 
produced during weathering. The environments of formation for iron (III) oxides ranged 
from hydrothermal to low-temperature settings. For example, some negative oxygen-








O results for pure iron (III) oxides and clays have been plotted in Figure 6.9 
with predicted values which were calculated using available mineral-water fractionation 
factors, a temperature of 20 ± 2° C (for kaolinite-water) and a meteoric water δ
18
O value of 
-7.9 ± 0.6 ‰. The predicted ranges for minerals shown on Figure 6.9 do not incorporate 
uncertainities inherent in published estimates of the mineral-water fractionation factors for 
surficial temperatures. The goal in this study was to assess the potential magnitude of those 
uncertainties by comparison of theoretical ranges with measured compositions. 
An oxygen-isotope fractionation curve for iron oxides (hematite and goethite) has been 
determined by Yapp (1990). Calculated δ
18
O values for iron oxides (fine-grained mixtures 
of hematite and goethite) from this study show a comparatively wide δ
18
O range (– 2.5 to 
+6.2 ‰), with some values being considerably higher and/or lower than predicted, even 
allowing for the error associated with the calculation of δ
18
O values for iron oxides by mass 
balance (up to ±0.5 ‰). Aluminium commonly substitutes to some degree for iron in both 
hematite and goethite; such substitution may explain some of the higher values. The 
maximum observed Al-substitution in this study was 24.3 %; but because the dominant 
mineral in more than two-thirds of the samples is hematite, the maximum degree of Al-
substitution for bulk iron oxides in the measured samples probably does not exceed 17.8 % 
(Table 4.5). For 24.3 % Al-substitution, the maximum predicted δ
18
O value would increase 
by 2.7 ‰ (Bird et al., 1992). However, this increase is insufficient to explain at least the 
higher values in few samples (up to +6.2 ‰). Therefore, evaporation may have been 
important in the formation of such iron-oxide samples; such an effect has been noted for 
other environments and regions by Bird et al. (1992), Bao et al. (2000) and Sjostrom et al. 
(2004). Another possibility may be that amorphous iron oxides present in the samples may 
have substantially different δ
18








Figure 6.9: Predicted bars and measured δ
18
O of the iron (III) oxides and clays in this 
study from three main sampling locations (Mount Lofty Ranges and Victoria, central 
South Australia and Western Australia). The ranges for predicted δ
18
O values were 
calculated assuming a temperature of 20 ± 2° C (for kaolinite) and a meteoric water 
δ
18
O value of -7.9 ± 0.6 ‰. The predicted range in δ
18
O values for individual minerals 
does not include errors inherent in the fractionation equations (see chapters two and 
three). Mineral water fractionation factors derived from the following sources. 
Kaolinite: 20° C from Sheppard and Gilg (1996). Goethite: 10 and 25° C from Yapp 








In south-eastern South Australia and Victoria, the samples with similar low oxygen isotope 
values were at Seaview Quarry, Gun Emplacement and Range Road. The iron (III) oxides 
developed on the Precambrian basement of the profiles above had δ
18
O values of +0.2 to 
+0.7 ‰. Transported iron (III) oxide samples from Seaview Quarry (BKSA16B, 
BKSA16A, BKSA16C), along with other authigenic samples (BKSA21A and BKSA17B) 
from Gun Emplacement and Range Road, indicate a Palaeogene weathering age with 
isotopic compositions of +0.2 ‰, +0.2 ‰, +0.3 ‰, +0.5 ‰ and +0.7 ‰, respectively. The 
corresponding kaolinite sample for the profile (BKSA17A) yielded a δ
18
O value of +22.3 
‰. These δ
18
O values support the idea that the profile did not form under humid conditions 
with low evaporation.  
The Yundi road-cut has a different story from the samples above. This area did not 
experienced the same duration of weathering processes like the other profiles and thus, this 
has affected its age. This is proved by the oxygen isotopic value (+12.1 ‰) for the kaolinite 
sample BKSA19C which is indicative of 
18
O depletion in comparison with samples from 
the neighbouring areas. This is the same depletion amount that Atlhopheng (2002) recorded 
and is also consistent with a pre-late Mesozoic age established for some samples in the area 
by Bird (1988). 
At Chandlers Hill, BKSA14A and BKSA14B have isotopic values of +2.1 ‰ and +1.4 ‰. 
The iron (III) oxides at this sampling site were probably in equilibrium with a partially 
evaporative water in two close seasonal interacted temperature. Other iron (III) oxides 
occurring in the Precambrian basement at Chapel Hill (BKSA15) have a +1.2 ‰ isotopic 
composition. This sample may have formed from a partially evaporative water in a higher 
elevation. The Mount Torrens iron (III) oxides (BKSA12A and BKSA12C) yielded 
isotopic compositions of +1.2 ‰ and +1.1 ‰ while the corresponding kaolinite sample 
from the same profile (BKSA12B) has an oxygen isotopic value of +17.2 ‰. This value 
shows an acceptable correlation with the same iron (III) oxide sample and again indicates a 
Palaeogene weathering age. Other South Australian samples include BKSA17B and 
BKSA17C with δ
18
O values of +0.7 ‰ and +1.8 ‰ that may have originated and formed 
under equilibrium with common meteoric water but from mineralogically different iron 






values of +0.2 ‰, +1.0 ‰ and +1.1 ‰ would have formed in equilibrium with meteroric 
water in colder semi-humid climatic conditions which indicate a Palaeogene weathering 
age. Samples BPBK2 and BPBK5 with the δ
18
O values of +1.9 ‰ and +1.4 ‰ again 
formed in equilibrium with a partially evaporatic water with a slightly higher 
18
O isotopic 
composition than usual. The corresponding kaolinite samples (BKSA17A BKSA20A) from 
the Range Road and Green Hills resulted in δ
18
O values of +22.3 ‰ and +17.3 ‰, which 
show an acceptable correlation for Neogene and Late Mesozoic-Palaeogene clays in the 
area. 
In contrast, samples BKSA18B and BPBK3 with isotopic compositions of +2.6 ‰ and +3.3 
‰ would have been in equilibrium with a moderately evaporatic water in warm and semi-
dry climatic conditions which indicate a Late Palaeogene to mid-Neogene weathering age. 
The corresponding clay sample (BKSA18A) from the Willunga Hill profile has an isotopic 
value of +22.4 ‰ which again would prove that the profiles formed in warm and semi-dry 
conditions with moderate evaporation. The oxygen-isotopic value for sample BKSA13 is 
+6.2 ‰. This value is the highest value for an iron oxide sample in the whole study areas in 
this thesis. At this location, where Eocene sediments overlie Precambrian rocks, the 
resultant high isotopic value indicates that the iron oxide forming in equilibrium with 
highly evaporative water during climatically warm and dry conditions, as noted before. 
In addition to the δ
18
O values resulting from this study, comparisons have been made 
between the oxygen-isotope dates and those from palaeomagnetism. The palaeomagnetic 
results yielded late Cainozoic ages. This contrasted with the stratigraphic and/or geological 
and oxygen-isotope ages that demonstrated a pre-late Mesozoic weathering age. The 
discrepancies in the dating data sets stemmed from dissolution of both iron minerals and 
the sulphates as the groundwater re-mobilised them during the late Cainozoic. The 
foregoing is not only consistent with the continuous modification of landscapes throughout 
geological time, but also demonstrated the retention of the oxygen-isotope signal, in spite 
of the modifications imposed by later, continuing regolith-forming processes (Bird and 
Chivas, 1993). 
The weathering history of geological units suggests that south-eastern South Australia 




of Palaeogene-Neogene age. This applies to both Palaeogene-Neogene sediments and in 
situ weathering of Precambrian bedrock. The examined sediments that overlie the 
Precambrian basement are largely Eocene in age, with mottling and/or ferruginisation 
dominant in the younger sediments. 
Sites like Yundi and Mount Torrens, with such highly weathered and easily erodible 
material, face preservation problems. This is especially since a time frame of many million 
years is involved. The geometry of the Yundi profile includes the weathered Precambrian 
basement with some quartz veins within it. Above the basement is a weathered Permian 
fluvio-glacial layer that is cemented with goethite. Two massive ferricrete layers are 
separated by a reddish-orange layer. The presence of more than one ferricrete layer is 
indicative of the armouring effect of duricrusts in this profile. Sample BKSA13 from the 
Blackwood profile in this study has an isotopic composition of +6.2 ‰. This sample was 
collected from the uppermost part of the railway-cutting profile and its isotopic value 
relates to evaporative formative conditions in the section. It was the only sample in the 
whole study area to indicate development from highly evaporative waters, and may relate to 
the onset of aridity in South Australia. 
In central South Australia, as mentioned before, the oxygen-isotope composition (δ
18
O) 
varied from -2.5 ‰ to +4.0 ‰ for iron (III) oxides and from +20.5 ‰ to +38.5 ‰ for 
kaolinite. When considering the δ
18
O range (for iron (III) oxides), the samples can be 
categorised into three major groups depending on their δ
18
O values. The first group 
includes the most 
18
O depleted samples ranging from -2.5 ‰ to 0.0 ‰. Four samples, 
including BKSA6C, BKSA10A, BKSA31A and BKSA34B with the δ
18
O values of -0.1 ‰, 
-2.5 ‰, -0.3 ‰ and -0.2 ‰, respectively, belonged to this group.  
The second group has intermediate δ
18
O values ranging from 0.0 ‰ to 2.0 ‰. The majority 
of samples (BKSA9B, BKSA10B, BKSA23A, BKSA24A, BKSA25C, BKSA29A, 
BKSA30A, BKSA31B, BKSA32B, BKSA33A, BKSA34A, BKSA35, BKSA36, 
BKSA37A, BKSA37B, BKSA38A, BKSA38B and BPBK4) with the δ
18
O values of +1.9 
‰, +0.4 ‰, +2.0 ‰, +0.3 ‰, +1.6 ‰, +0.5 ‰, +0.6 ‰, +0.0 ‰, +1.3 ‰, +0.2 ‰, +0.4 
‰, +1.0 ‰, +1.0 ‰, +1.0 ‰, +1.8 ‰, +1.1 ‰, +0.1 ‰ and +1.4 ‰, respectively, 




The third group includes the 8 highly enriched samples in the region with δ
18
O values 
ranging from +2.0 ‰ to +3.5 ‰. The samples were BKSA9A, BKSA23, BKSA27C, 
BKSA28A, BKSA30B, BKSA32D, BKSA33B and BKSA40B with δ
18
O values of +2.5 ‰, 
+2.8 ‰, +3.0 ‰, +2.3 ‰, +3.3 ‰, +2.1 ‰, +2.2 ‰ and +2.7 ‰, respectively. One sample 
(BKSA41B) achieved the highest δ
18
O value (+4.0 ‰) in the region and, therefore, did not 
belong to any of the groups above. 
The depletion of δ
18
O values in the four samples mentioned above can be explained by 
considering many variables such as geological context, temperature fluctuations and their 
effects on the δ
18
O composition of meteoric water. Geologically, the areas experienced 
expansion and contraction during wetting and drying (with distinct, seasonal, precipitation 
patterns) of clayey soils. This continuous wetting and drying in turn forced the oxygen-
isotopic composition of the reactant groundwater to more depletion and lighter isotopes 
during formation of the iron (III) oxides. This indicates that the profiles formed under 
humid conditions with low evaporation (iron oxides in gilgai dominated areas could be 
formed at deeper levels than usual and thus be protected from evaporation by surrounding 
clays and their expansion-contraction behaviour). Also the Australian continent’s upward 
movement towards the lower latitudes has increased the regional temperature gradient and 
this effect in turn resulted again in lower δ18O values for the samples. 
BKSA4 is one of the corresponding kaolinite samples in the region with a δ
18
O value of 
+23.5 ‰. This sample is considered to have formed in equilibrium with evaporating 
groundwater. The highly evaporative ground water can be assumed to have interacted with 
the low δ
18
O value meteoric water and forced the final equilibrating water to have higher 
than normal values. This in turn resulted in higher than normal δ
18
O values in the clay 
sample in spite of the cooler and humid conditions in the area. 
It is a fact that evaporation causes the oxygen isotope value of water to shift towards more 
positive values in the upper portions of soil (regolith) profiles (Barnes and Allison, 1988). 
The position of maximum δ
18
O values for the samples and the degree of positive shift 
depend on the climate, soil properties and vegetation coverage in the area. Soil water δ
18
O 
values in semi-arid to arid environments can be +5 ‰ to +12 ‰ more positive than those 




Therefore, minerals forming near the surface of a soil (such as iron oxides) will often 
equilibrate with water that has a higher δ
18
O value than shallow groundwater. In samples 
belonging to the second group, since evaporation and dehydration are important factors 
promoting the crystallization of ferric oxides in the study areas (in general), then there is no 
surprise to find the samples forming from the enriched δ
18
O ground waters.  
The above fact can be interpreted as the only difference between the second and third group 
of samples in this study as the degree of contaminated meteoric water (penetrated into 
evaporated and higher δ
18
O soil surface water) has resulted in a little lower values in the 
second group of samples compared to the third group. Sample BKSA41B, with the highest 
δ
18
O value (+4.0 ‰) probably formed and equilibrated with the near-surface water at a 
higher temperature. Considering the geological context and units for the mentioned sample 
a compact clay layer could have been prevented the sample during formation from any 
direct meteoric water contamination. 
BKSA32E and BKSA38D are the other corresponding clay samples in the region with δ
18
O 
values of +38.5 ‰ and +20.5 ‰. BKSA32E has the highest oxygen isotopic composition 
(δ
18
O) value for clays in the whole study area. Based on the geologic context the area 
typically formed by the accumulation of soluble minerals deposited by mineral-bearing 
brine waters that moved upward, downward and/or laterally by capillary action, which, in 
turn, was commonly assisted in the area by evaporation. This sample was collected from 
top of the duricrust at the Arckaringa Hills. The area is a silicified hard claystone overlain 
by ferricrete. The very high value of δ
18
O in this sample may be because of formation in 
equilibrium with a highly brine and cation-bearing water. The other clay sample 
(BKSA38D) may have formed in semi-humid conditions in equilibrium with an 
evaporative water. 
There is a little absolute geochronological information regarding the age of the extensively 
developed and weathered regolith in Western Australia. For this study the area has been 
investigated using 10 samples in total including 6 iron (III) oxides and 4 corresponding 
clays. The δ
18
O values for the iron (III) oxides ranged from +1.2 ‰ to +2.6 ‰ and 




Sample BKWA2A with a δ
18
O value of +2.5 ‰ came from a ferricrete overlying saprolite 
with in situ lateritic weathering. The compositions of ferricrete in the area are variable and 
commonly pisolitic with sand to pebble-sized detrital quartz matrix. Other duricrusts such 
as silcretes, calcretes and gypcretes are present in the area but to a limited extent. Based on 
the geological context the sample may have formed at higher temperatures in equilibrium 
with an evaporatic water in a warm and seasonally semi-dry to semi-humid environment. 
This also can be confirmed by the corresponding kaolinite result (δ
18
O = +20.4 ‰) which 
also formed in semi-humid environment in equilibrium with evaporatic waters. 
The next two samples (BKWA3A and BKWA4A) with δ
18
O values of +1.4 ‰ and +1.2 ‰ 
were part of a profile which had an orange bauxitic duricrust at the surface, overlying iron 
(III) oxides and kaolinite that arose from weathering of granaite. It is obvious that the main 
condition for bauxite formation is a humid and warm environment (enough precipitation) to 
favour suitable leaching; therefore, a warm and humid environment resulted in slightly 
lower amounts 
18
O in the oxygen isotope composition. The acceptable amount of leaching 
also forced the equilibrated water into more depleted 
18
O values. The corresponding 
kaolinite samples for the sample sites (BKWA3B and BKWA4B) also confirm the above 
story. The δ
18
O values for kaolinite (+19.0 ‰ and +19.7 ‰) with lower depleted amounts 
of 
18
O also confirms a highly leached profile in a humid environment with no or minor 
evaporating conditions. 
Sample BKWA5A with a δ
18
O value of +2.2 ‰ was collected from a large iron mottled 
section in a weathered granite with a silicified clayey and gypsum section on the top. 
Weathering interaction between the iron (III) oxides and the equilibrating water in the area 
suggests that the sample may have formed at a high temperature (moderately warm climate) 
and presumably semi-dry to semi-humid environment. Further investigation of the 
correlative kaolinite sample (BKWA5B) with its δ
18
O value of +18.1 ‰ confirms the story 
above. The kaolinite δ
18
O value also confirms the previous investigation by Chivas and 
Atlhopheng (2010; sample AW59) with the very close δ
18
O value of +18.4 ‰. 
Northern Western Australia is represented by only 2 samples, BPBK1 and BPBK6, with the 
δ
18
O values of +2.5 and +2.6 ‰. Considering firstly the samples were from a supergene 




period of time after formation and secondly the iron (III) oxide-water (goethite) 
fractionation is close to -1 ‰ at the Earth surface temperatures and even in subaerially 
formed iron (III) oxides (Bao et al., 2000), then evaporative 
18
O-enrichment of iron (III) 
oxide formation waters may be responsible for the higher δ
18
O values in this area. 
Overall, in southern Australia, weathering of an Upper Cretaceous to Miocene-Pliocene age 
is indicated by the iron (III) oxide and clay δ
18
O data. Palaeomagnetic and oxygen-isotope 
studies undertaken in the mentioned area indicate similar ages and results, with an Upper 
Cretaceous (63 ± 10 Ma) and a Miocene-Pliocene (10 ± 5 Ma). Field evidence associated 
with iron III oxide mottling zones points to the intense weathering which would equate 
with conditions suitable for extensive kaolinisation. The Upper Cretaceous- Palaeocene 
event is also associated with major mobilisation of metals, in conjunction with iron, and the 
precipitation of the metals concomitant with the formation of hematite rich mottling. 
Results from many sampling sites such as Mount Lofty, central South Australia and also 
the Yilgarn associated sites support the hypothesis that deep chemical weathering was 
taking place in the mentioned areas during the Palaeocene, and possibly into the Eocene-
Oligocene.  
 
6.4 Oxygen-isotope variations in iron (III) oxides and kaolinite as a function of 
modern latitudes 
Bird and Chivas (1989) has previously investigated the oxygen-isotope variations of clay 
minerals in some weathered profiles of the Australian regolith (Victoria and South 
Australia). In this study Figure 6.10 B shows that, except for two samples from south-
eastern South Australia (BKSA19C) and central South Australia (BKSA32E) which 
showed higher δ
18
O values than others (+29.4 and +38.5 ‰), the rest of the samples have 
followed the age group categories  defined by Bird and Chivas (1989). 
But the iron (III) oxides show a different story. Because of uncertainties in the isotopic 
composition of meteoric waters for these minerals at any one time and also because of the 
difficulty of appointing rigorous independent age controls on the age of the weathering 




Except for two samples from south-eastern South Australia (BKSA13 δ
18
O value of +6.2 
‰) and central South Australia (BKSA10A δ
18
O value of -2.5 ‰), the rest of samples in 
this study have followed almost an orderly trend as a function of latitude. The Western 
Australian samples have shown a very gentle decrease in the δ
18
O value with increasing 























Figure 6.10: Variations in the oxygen-isotope composition of iron (III) oxides (A) and 
corresponding kaolinite (B) in the Australian study areas as a function of modern 
latitude. (Results have been calculated and corrected for the presence of 




6.5 Conclusions and Recommendations 
 
Iron (III) oxides and clay δ
18
O ages were calculated for 69 samples collected from Mount 
Lofty Ranges and Victoria, central South Australia and Western Australia. The ages range 
from Pre-late Mesozoic to Neogene (Figure 6.9).  
This study also has provided an excellent investigation towards validating the use of 
oxygen-isotope composition of iron (III) oxides and their corresponding clays (kaolinite) by 
analysing different types of ferricrete and laterite profiles and sections, including 
transported and disaggregated materials, to establish and predict their ages in the selected 
Australian weathering profiles. 
The preceding sections have also demonstrated the utility of oxygen-isotope analysis in the 
occurrence of iron (III) oxides and their corresponding clays in a variety of surficial 
environments and weathering profiles in southern Australia. Evaporative modification of 
the isotopic composition of meteoric waters, along with near-surface groundwater that are 
in equilibrium with iron (III) oxides and their corresponding clays, have been indicated by 
the δ
18
O composition of the minerals. This is the main explanation for some of the higher 
δ
18
O values in the study areas. This in turn also suggests that the formation of the secondary 
minerals may occur during the gradual drying out of a regolith profile after a period(s) of 
semi-humid to humid climate. Modification of the isotopic composition of meteoric and 
near-surface waters by evaporation may have played an important part in controlling the 
isotopic composition of the iron (III) oxides and clays in the arid terrains of central South 
Australia. 
The results are also consistent with palaeoenvironmental evidence for wetter climates in 
some parts of the Australia during Palaeogene-Neogene. Previous studies have reported that 
most of Australia was covered by rainforest during the Palaeocene through the Oligocene, 
and experienced more humid, as well as most likely warmer, conditions during the same 
period. The mentioned palaeoenvironmental setting would be conductive to clay formation 
under conditions of intense chemical weathering. Similarly, previous palaeomagnetic work 
records weathering phases producing mottling under similar conditions, during similar time 




Further work is required to specifically investigate the oxygen-isotope fractionation 
between oxygen from different sites in iron (III) oxyhydroxides (especially goethite) to 
define and establish a potential mineral thermometer for the Australian regolith. The 
described method is able to experimentally prove and analyse the assumptions of 
thermometry, processes of isotopic exchange, and approaches for recovering temperature 
estimates for the geological formation of iron oxyhydroxides (iron-ores) and the palaeo-
δ
18
O of meteoric water which is related to their formation. 
The uses of oxygen-isotope fractionation of different oxygen sites in some minerals as 
potential thermometer were broadly investigated during the last two decades, but so far no 
study has been done on iron oxyhydroxides. A future investigation on this topic would 
make a significant improvement through links between oxygen-isotope fractionation at 
different oxygen sites and mineral thermometry in goethite from southern and Western 
Australian iron-ores. Thus, for the first time the δ
18
O values of goethite’s different oxygen 
sites, along with its partial oxygen-isotope fractionation, could be used to give a 
geothermometrical model to the Australian iron-ore deposits. Also the application of partial 
fluorination at different temperatures for goethite will provide the trend of oxygen-isotope 
fractionation of different oxygen bonds and also will lead to a significant advance in our 
understanding of the relationship between past climate of formation and the paleo 
temperature. 
Another approach will be to determine the regolith processes and their role in enrichment of 
the regular BIF deposits in Australian iron-ores. Since goethite (in surficial layers) is 
formed through alteration of magnetite and is one of the most frequent secondary 
components in these deposits, then a goethite-magnetite mineral geothermometry along 
with a single goethite thermometer can be applied to provide the formation temperature in 
lower magnetite-rich metamorphosed layers. This approach in turn will improve our 
knowledge through formation temperatures of the lower metamorphosed magnetite layers. 
This mentioned additional work was submitted by the author (as chief investigator) to the 
Australian Research Council’s (ARC) Discovery Projects as a post-doctoral proposal 
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Fluorination Extraction Line 
Chlorine trifluoride – ClF3 
Bromine pentafluoride – BrF5 (Previously used) 
(User Manual) 
 






This document is to provide a concise and detailed guide in the operation, maintenance and 
upkeep of the Fluorination Extraction Line. It is also designed to warn of possible risks and 
provide a safe working guideline along with the “Safe Work Procedure” and “MSDS” 
documentation. It will provide step by step instructions as to how to use the apparatus and 
how to manipulate samples and reaction material safely to produce the most accurate result 
possible. However it is recommended that if you are unfamiliar with the operation of the 
instrument that you be supervised until you are confident. 
Both BrF5 and ClF3 can be used on this extraction line as the fluorinating reagent. The 
gases both readily react with other materials to liberate oxygen from the desired samples. 
Both gases are quite volatile and toxic and if handled incorrectly can be very dangerous to 






 Liquid Nitrogen (LN2) 
 Dry Ice (CO2 (s)) 






 Laboratory Coat 
 Safety Glasses 
 Face Shield (occasional use when working with Fluorinating reagents) 
 Latex/Plastic Gloves (against sample contamination) 
 Cotton Gloves (against heat from metal sample spoons) 
 Leather (Gauntlets) Gloves (moving hot cartridge heaters) 
 Cryogen Thermal Gloves (when handling Liquid Nitrogen or Dry-Ice) 
 
Section 2: Extraction Line Preparation 
 
 Use Cryogen Thermal Gloves when handling LN2 or Dry-Ice 
 Wear appropriate PPE when handling ethanol 
 
Vacuum System Preparation 
 
NOTE: (this preparation step is only required if the vacuum system was previously turned 
OFF) 
 
1. Prepare one dewar of Dry Ice/Ethanol slurry in the provided vessels marked Dry-
Ice/Ethanol Slurry, refer to the procedure for making Dry-Ice/Ethanol slurry. (See 
SWP) 
2. Place the dewar under the Scroll Backing Pump Cold Trap. 
3. Cover the top of the vessel with aluminium foil to reduce evaporation. 
4. Fill the Diffusion Pump Cold Trap with Liquid Nitrogen (LN2) from a larger dewar. 
5. Place the dewar under the Diffusion Pump Cold Trap. 
6. Cover the top of the vessel with aluminium foil to reduce evaporation. 
7. Turn ON the Diffusion Pump (DP) with the Power Switch on the front of the bench. 
8. Ensure that Valves 1, 2 and 3 are CLOSED. 
9. Wait for 30 minutes for the DP to rise to operating temperature and molecular flow 
pumping has begun. 




Section 3: Evacuating Extraction Line Components 
 
 Use plastic gloves when handling Apezium Grease 
 Wear Safety Glasses while working on the extraction line 
 
3.1 Resource Preparation 
 
Ensure you have the following hardware and accessories available. 
 10 x break-seal glass tubes or an adequate number of gas capture vessels. 
 5 x ¼ inch Ultra-Torr Connectors 
 5 x ¼ inch Glass Connectors 
 
Manifold and Manometer 
 
(glass blanking plugs should be placed in the manifold at all times unless extractions are 
planned for the day and break seals or gas capture vessels are to be used) 
 
3.2 Changing of Manifold Attachments 
 
Ensure Valves 5, 6, 7 and 8 are CLOSED 
Slowly OPEN Valve 6 to let air into the Manifold 
Carefully remove either the blanking plugs or the break seal/Ultra-Torr attachments from 
sample position 1 to 5 (If these are not numbered, mark them with a felt tip pen on both the 
halves of the connector, store the removed attachments in either an aluminium tray or in 
foil.) 
Reattach the desired attachment to the manifold using the Apezium vacuum grease (Use 
this sparingly) If possible re-use grease or re-spread it again. If the manifold has excess 
grease from previous changes in the connectors this should be carefully removed from both 
the female and the male half of the connector. Take off the grease using lint free paper 




Once the connectors have been adequately greased they may be re-inserted into the 
manifold. (NOTE: DO NOT twist the connectors into each other only push the connector 
in vertically.) 
CLOSE Valve 6 to shut the air vent. 
Change to Channel 2 on the gauge box (TG2) 
Slowly OPEN Valve 5 to re-evacuate the manifold (as in Section 3.2). Apply moderate heat 
using the heat gun on all on greased areas of the glass manifold  
(NOTE: DO NOT heat any greased portions of the glass connections; DO NOT heat any of 
the Valves; DO NOT heat the gauge heads; DO Not heat the Mercury (Hg) in the 
manometer.) 
A stable vacuum for the Manifold is typically between 1.0 – 1.45 Pa on TG2 
Then OPEN Valve 7 to evacuate the manometer 
Ensure the vacuum drops back down to the previous value recorded 
 
3.3 Evacuation and Preparation of Converter 
 
Ensure that the manifold has been successfully evacuated and a stable vacuum of approx. 
1.0 Pa (TG2) has been achieved. Then isolate the Manometer by CLOSEING Valve 7 
Ensure Valve M is CLOSED. Then slowly OPEN Valve 8 while Valve 5 is still OPEN 
from the previous process to allow the converter to be evacuated 
Switch the gauge box to Channel 1 (TG1) to monitor the evacuation progress. 
Check that the Water Pump is in operation by inspecting the flow wheel (near the right of 
the extraction line above the Converter Variac). If water flow is present then the converter 
can be heated to drive off any excess moisture. 
Turn ON the Variac Power Supply (Switch On side of Variac). Turn the dial of the Variac 
gradually UP to ~120 V for approximately 3-4 minutes until the vacuum drops to below 3.4 
Pa (TG1). 
Turn DOWN the dial of the Variac gradually to 0 V. Then turn OFF the Variac Power 
Supply.  
(NOTE: DO NOT leave the Converter ON for more than 5 minutes at a time, this is to 




Wait approximately 10 minutes or until the vacuum is at a steady level and is no longer 
dropping. 
A stable vacuum for the Converter is typically between 3.1 to 3.7 Pa on TG1  
(If all connections are well greased and aligned and the unit has been sufficiently heated), 
Then CLOSE Valve 8 to isolate the Converter 
 
 
3.4 Evacuation and Preparation of Cl/Br - Trap 
 
 
Isolate the Manifold the Manometer and the Converter as above. 
Ensure that Valves 5, J and N are CLOSED 
Then OPEN Valve K, L1and L2 
It is best to Turn ON the Heating Tape while the Cl/Br Trap is being evacuated. 
Wrap the heating tape around the coils of the Cl/Br Trap, try to wrap the inside loop first 
and then with the remaining tape wrap the outside of the trap.  
Turn ON the Variac to which the Heating Tape is plugged into; turn the dial to approx 140 
V. The tape will now heat to approx 80°C  
Leave this to evacuate for a few hours. If it is possible evacuate the Cl/Br Trap while 
heating over night to gain the maximum effect of the conditioning process. 
When the above condition is complete turn OFF the Heating Tape. 
Once the Cl/Br Trap has come back to room temperature and a good vacuum has been 
achieved CLOSE Valve K and L1 and L2. 
 
3.5 Evacuation and Preparation of Metal Manifold and Reaction Bombs 
 
Ensure that the Glass Manifold, Converter and Cl/Br Trap have been successfully 
evacuated and that a stable vacuum of at least 1.45 Pa (TG2) has been achieved.  
Isolate the Manifold/Manometer, Converter and the Cl Trap by CLOSING Valve 5, L1, L2, 
J and Q. 
Ensure that Valve S is CLOSED. Also check that all Reaction Bombs Valves R 1-10 are 
CLOSED. 
OPEN Valve K and N to evacuate the back of the Metal Manifold. 




It is now time to sequentially OPEN the Reaction Bomb Valves R 1-10. 
 
NOTE: Only OPEN the Reaction Bombs if you are certain that there is no reagent gas in 
them from a previous conditioning experiment or a reaction run. IF you suspect there could 
be some residual reagent gas then DO NOT PROCEDE with this step and refer to Section 
13 on Removal of excess ClF3/ BrF5 gas from Reaction Bombs. 
If the is no ClF3/ BrF5 in the Bombs then OPEN Valve R1 to R10 in sequence and slowly. 
Tap the body of the valve with a metal object lightly to release the valve if it catches upon 
opening. 
Heat the manifold using the Heating Tape that is wrapped around the back of the manifold, 
this tape should not be removed unless it is absolutely critical to do so. 
Turn ON the Variac to which the Heating Tape is plugged into; turn the dial to approx 140 
V. 
The tape will now heat to approx 80°C.  
Leave this to evacuate for an hour while evacuating to drive off any moisture build-up. 
At this point attach the Cartridge heaters to the Reaction bombs. 
Take the cartridge heaters off the hanger and turn them in a clockwise direction towards 
you to slide them over the bomb and hang them on the support rail. (Anti-clockwise to 
remove). 
Turn the Bomb Variacs to approx 100°C on the dials. Then turn ON the switches to the 
bombs, the red indicator light should illuminate. 
Open valves N, K and 5 to be able to read the vacuum pressure on TG2. Leave this to 
evacuate for at least an hour or until a vacuum of approximately 1.45 Pa has been achieved 
on TG2. 
When the desired vacuum has been achieved and the bombs have been sufficiently heated 
to drive off any moisture turn OFF the Bombs at the Switches below (Indicator Light OFF). 
Take the heaters off the bombs by turning them in an anti-clockwise direction away from 
you to slide them over the bomb and hang them on the support rail. (CAUTION these will 
be HOT – Use gloves) 




CLOSE Valve R1-10 to isolate the Reaction Bombs, Close Valve N and K to isolate the 
Manifold from the top glass section of the Extraction Line. 
 
3.6 Evacuation and Preparation of Reagent Aliquot Taker and Reagent Waste Trap 
 
Isolate the Glass Manifold, Manometer, Converter, Cl/Br Trap and the Metal manifold as 
well as all Reaction Bombs by CLOSING Valve 5, 6, 7, 8, N, L1,  L2, M, K and Valves R1 
to 10 
Fill a Liquid Nitrogen Dewar with LN2 and place it under the Reagent Waste Trap and let it 
cool down (wrap the top of the trap with aluminium foil to reduce evaporation. Let it cool 
down for a minimum of 5 minutes. 
Then OPEN Valve G then H. Wait a few minutes.  
Then OPEN Valve I and then Valve J to let the incondensable gases are pumped away, with 
the reagent and any other condensable material remaining frozen in the Waste Trap.  
Let this pump for at least 10 minutes. Topping up the LN2 at the end of the 10 Minutes. 
Ensure an adequate vacuum has been achieved to approx 1.45 to 2 Pa on TG2. 




Section 4: Transfer of Reagent from the reservoir cylinder into the Kel-F finger 
 
Place the LN2 under the Kel-F finger and wait at least a few minutes (e.g. 7) to ensure that 
the Kel-F finger is completely frozen and ready to start the transferring of ClF3. Then open 
valves C, B and A slowly and respectively. Regularly add LN2 to the trap (every minute) 
under the Kel-F finger while checking the amount of the ClF3 frozen into the Kel-F finger 
by removing the LN2 trap (half way) from the finger (quickly) and looking at the level of 
frozen reagent. When you reach your target amount of ClF3, close the valves A (wait at 
least 20 seconds), then B (wait again for 20 seconds) and finally C.  
Close valve K. Top up the amount of LN2 in the waste trap (ensure that it is full) and wait 
for few minutes then open valves I and J respectively. Top up the LN2 under the Kel-F 
finger trap and open the valves H, G, F and E respectively and slowly. Ensure that the valve 
O is closed. Top up LN2 under the both waste trap and Kel-F finger (if required) and slowly 
open the valve D. Let the line to pump for at least 2 hours (to remove any incondensable 
gas and moisture in the ClF3). You MUST check the level of LN2 in Kel-F finger and also 
waster trap regularly (every 5 minutes for Kel-F finger) and top up if needed. 
After at least 2 hours of pumping, close the valves D, E, F, G, H, I and J respectively. Then 
remove the LN2 trap under the Kel-F finger and let in warm up to room temperature.  Your 





Section 5: Sample Preparation and Sample Spoon Loading 
 
Individual sample preparation of material such as washing and contaminant removal may 
vary. 
This must be specifically adjusted to the sample and done well in advance prior to analysis.  
Sample material must be in a fine powder form  
All samples should be previously oven dried to reduce the possibility of moisture presence 
in the sample. This can be achieved by heating the sample in an oven at 70°C in advance, 
or using a desiccator or a freeze dryer. 
Samples should then be weighed out using a piece of folded weighing paper (refer to figure 
1 for correct folding technique). Number TEN individual envelopes 1-10 respectively using 
a ball point pen (not pencil – due to the clay content). 
 
Figure 1: a, b, and c 
 
1. Cut the square sample paper in half (a). 
2. Fold it on its long axis in half letting one side sit 2 mm higher than the other (b). 
3. Fold the paper into thirds by folding the left and right sides into the centre on the 
side with the 2 mm longer edge from the previous step (c). 



















Weigh out sample material into the envelopes recording the weight in both your own 
personal notes and in the “Fluorination Line – Lab Book” as well as noting it in the sample 
table in the” Analysis – Folder”. 
Once you have weighed your samples put them in the drying oven for 60 minutes. Prepare 
the metal sample spoons by removing them one at a time in sequence. Adjust them so that 
the opening is facing upwards when laid in the oven and that the number on the release 
plunger is facing upwards. Use a lint free paper towel and some compressed air to blow out 
the sample spoon to remove any particulate matter. 
Replace the spoon into the oven until you have prepared each one to receive the sample. 
To fill the spoon take one out at a time and place it on the workbench, place a clean sheet of 
white A4 paper under the tip of the spoon to catch any spillage. Place a solid wooden block 
(approximately 10 cm) under other side of the spoon to prevent the sample to spill 
backward. Take the sample envelope with the corresponding number to the spoon and open 
one of the edges, use a pair of scissors to cut the folded section off in front of the crease 
line to allow the sample powder a free path to slide into the sample spoon. Empty the 
content of the envelope carefully in the spoon may slightly tap and rotate the paper in your 
fingers. Once all of the material is in the spoon discard the paper. Pick up the spoon 
carefully and hold it with the opening facing up and the plunger also up, carefully tap the 
spoon on the bench to settle the powder ensuring not to depress the plunger as you do so. 
Finally replace the loaded sample spoon into the oven (the plunger side approx. 5 cm higher 
than the other side of the spoon to prevent the sample to spill backward). 
 
Section 6: Sample Loading Flush Gas Preparation 
 
Ensure all the previous steps have been completed before proceeding. It is very important 
that all of these steps are completed before any sample is introduced into the extraction line 
to ensure a sufficient yield and to eliminate contamination.  
Attach the Cartridge heaters to the Reaction bombs: 
Take the cartridge heaters off the hangers and turn them in a clockwise direction towards 
you to slide them over the bomb and hang them on the support rail. (Anti-clockwise to 
remove). 




CLOSE Valves Q, O, F, G, H, I, J, N, L1, L2, K and M if they are not already closed 
OPEN Valves 5, 6 and 7 to continue pumping on the sections of the extraction line that are 
not needed. 
Place a dry-ice + ethanol slurry dewar under the Ar moisture trap (near valve P) and let the 
trap cool down sufficiently. Make sure that the valves (P, T and U) are closed and that the 
trap is isolated. 
OPEN the Main Valve on the Ar Gas Cylinder 
Then slowly open the regulator on the Argon cylinder to achieve approx 350 to 400 kPa on 
the cylinder gauge. 
Insure Valve N is closed and Valve O is also CLOSED 
OPEN Valve P to let the gas into the Moisture trap. 
Open valve U to flow Ar through- test flow 
Then OPEN Valve T and Valve Q 
Check that Valves R1 to R10 are closed 
Then OPEN Valve Q to fill the back of the manifold with Ar gas (when each valve is 
opened the pressure reading on both the cylinder gauge and the Extraction line gauge 
(MVG2) will drop but will increase again as the pressure in the tubing equalises. 
 
Section 7: Sample Loading  
 
(Start at Position 1 (reaction vessel No. 1) and work sequentially down the line) 
OPEN the Valve for a particular Reaction Bomb (e.g. No.1), let the Ar gas pressure 
equalise. 
Take out the corresponding loaded sample spoon from the drying oven and set it aside. 
(Use the cotton gloves to protect your hands from the heat but also use the latex or plastic 
gloves over these to avoid particulate contamination.) 
Use the 5/16
th
 inch open-end spanner to loosen the top cap of the bomb until you can turn it 
by hand. (The nut only needs to be cracked then it should be able to be undone using your 
fingers, remembering to turn anti-clockwise to loosen.) You should be able to hear and feel 
the Ar gas escaping after the nut has been cracked. 
Take the top cap off the reaction bomb and quickly take the loaded sample spoon and insert 




the back manifold to reduce the possibility of the sample being blown out from the gas 
stream. Insert the spoon up to the indicator mark on the shaft and depress the plunger. With 
the plunger depressed tap the spoon a couple of times to dislodge any adhered particulates. 
Then withdraw the spoon from the reaction vessel. 
Quickly replace the top cap onto the reaction bomb and re-tighten the nut. Use your fingers 
to re-tighten the nut at first as to not cross-thread the nut. 
Use the ¼ inch Torque Wrench with the 5/16
th
 inch socket to re-tighten the top nut. The 
Torque Wrench should be set to 9 Nm (do not modify this setting). (Also the Torque 
Wrench should only be used to tightening nuts NOT for Loosening). 
CLOSE the reaction bomb Valve R No.1. Close the valve with one finger rotation the bar 
till it stops, then tighten a further quarter turn. 
Repeat this process for the other 9 Reaction Bombs in the same manner. 
 
Once all reaction bombs have had their sample loaded and have been re-sealed CLOSE the 
Gas Regulator on the Ar gas cylinder to shut off the N2 flow to the extraction line. Then 
CLOSE the Master Valve on the Ar2 cylinder to make the cylinder safe and to prevent any 
leaking and loss of gas. 
CLOSE Valve 5 to isolate the glass manifold. 
Once the main bulk of the gas has been evacuated CLOSE Valves P and T. You can now 
also remove the Slush dewar from the Ar moisture trap. 
OPEN Valves K and N (slowly for N) to remove the Ar gas from the extraction line this 
may take several minutes.  
OPEN the Valves to the Reaction Bombs R No.1-10 (very slowly and progressively) and 
wait until the pressure drops to <2 Pa (monitor the pressure at TG2 with valve 5 open). 
Set the Reaction Bomb heaters to 200°C 
Once the metal manifold has been evacuated, re-open all the reaction bombs at the same 
time Valve R1 to R 10 and pump away any remaining gas for a minimum of 1.5 - 2 hours. 
The bombs should achieve a suitable vacuum of approximately 1.0 to 1.5 Pa on TG2 during 







Section 8: Pre-reaction Sample Conditioning 
 
To pre-condition the reaction bombs and sample material to remove any moisture from the 
samples and from the inside walls of the extraction line a small amount of ClF3/BrF5 is let 
into the sample space and allowed to react for 2 minutes to pre-condition the system before 
the full reaction dose of ClF3/BrF5 is used and the reaction vessels are sealed and heated to 
digest the sample material. 
Keep the Reaction Bomb Cartage heaters at 200°C 
Ensure that Valves N, O, Q, G and H are CLOSED but all the Reaction Bombs are OPEN 
OPEN Vales D, E, F, O and Q and monitor the Bourdon Gauge (MVG1). 
CLOSE Valve D as soon as the gauge reads 10-15 kPa 
Let the gas expand into the pre-evacuated reaction bombs and let the gas react for 2 
minutes. 
After the pre-conditioning has finished the reaction gas must be put into the waste trap. 
Top up the LN2 dewar on the ClF3/BrF5 waste Trap 
OPEN Valve G and H 
Also SLOWLY OPEN the reaction bomb Valves R1 – 10 (open them slowly to minimise 
the rush of gas).  
Ensure that the Glass manifold is isolated. Valve 5 should be CLOSED as well as Valve N 
and K 
Open Valve I and J to evacuate the extraction line while freezing any condensable 
ClF3/BrF5 gas into the waste trap let evacuate for 30 minutes. 
Open Valve 5 to monitor pressure during evacuation, but allow some time for possible ClF3 
to leave waste trap before accessing TG2. 
CLOSE Valve R 1-10 the samples are now ready for reagent. 
Take OFF the Reaction Bomb heaters and put them on the supporting rail-rack. 
 
Section 9: Reaction Preparation 
 
Once the metal manifold, the ClF3 aliquot taker and the Waste Trap have been evacuated 
isolate the Waste Trap by CLOSING Valve G, H, I and J. 
Close Valve K and N 




Place a small LN2 dewar underneath Reaction Bomb No.1 (support it with a wooden spacer 
block). 
Fill the dewar with enough LN2 to cover approximately half the reaction bomb. DO NOT 
fill the dewar  high as this may cause the metal to become too cold higher up the shaft and 
cause leaks to form near the Teflon seals and the valve. 
Ensure Valves F, E and D are open to allow the ClF3 into the expansion cylinder and 
monitor the Bourdon Gauge (MVG1). Let enough ClF3 into the expansion volume up to 
approx 25 kPa then immediately CLOSE Valve D.  
Ensuring that the reaction bomb is sufficiently cooled OPEN Valve O to freeze the ClF3 
into the reaction bomb with the sample material (note that the pressure drop is displayed on 
the Bourdon gauge). 
OPEN Valve R No. 1 
Top up LN2 to the bomb. Wait 15-30 seconds. 
Record the amount of ClF3 put into the reaction bomb (i.e. pressure difference in kPa) 
OPEN Valve I and J as well as G and H to evacuate any incondensable gas out of the 
reaction bomb. 
Let the reaction bomb evacuate for 2-3 minutes. Record the initial and final pressure using 
TG2. 
CLOSE the Reaction Bomb Valve R No.1 
Remove the LN2 dewar from underneath the reaction bomb. Place the LN2 dewar 
underneath the next reaction bomb in the sequence. It is recommended that you only cool 
two reaction bombs at a time to reduce the risk of overcooling the nickel tubing and 
creating leaks within the Teflon seals. 
Place drip tray under reaction bomb to catch condensation. 
Repeat the above steps for each of the subsequent 9 remaining bombs in the same manner. 
Also top up the LN2 of the waste trap regularly. 
Once all bombs are filled and re-sealed CLOSE Valves O, E, F, G, H, I and J. 
 
Then OPEN Valve N as well as Valve K to observe the pressure on TG2. 
OPEN Valves L1 and L2, place heating tape in trap between Valves L2 and M and turn on 




Section 10: Starting the Reaction Process 
 
(Ensure that the reaction bombs are fully dry from the outside to avoid a short circuit with 
the heaters. Dry any condensation OFF from the nickel reaction bombs with the heat gun 
and paper towel or tissues. 
Reattach the heaters to the reaction vessels: 
Take the heaters off the hangers and turn them in a clockwise direction towards you to slide 
them over the bomb and hang them on the support rail. (Anti-clockwise to remove). 
Turn the Bomb Variacs to the desired °C mark on (commonly 550°C the dials). Then turn 
ON the switches to the bombs, the red indicator light should illuminate. 
After an hour or so using the Thermocouple Temperature probe, take a reading of the 
temperature on the inside of the bomb. If the temperature is slightly out adjust the dial 
accordingly. (The dials are extremely sensitive and do not always behave in a predictable or 
progressive manner. Some adjustment may be required to gain the correct temperature). 
The reaction is now going to begin and will have to be maintained at this temperature for 
12 to 15 hours (depending on the sample material). 
Top up LN2 in waste trap and diffusion pump cold trap; ensure there is sufficient dry-ice + 
ethanol slurry on backing-pump trap. 
 
 
Section 11: Gas Extraction and Collection 
 
Check and re-do the preparation procedures in Section 2 and 3 to insure a good vacuum in 
all sections of the extraction line and that the dry ice/ethanol slurry and LN2 will not run 
low. 
Repeat the conditioning steps from the previous day to ensure that there have been no 
major vacuum leaks and that the extraction line is in the best condition it can be in to 
perform extractions. 
Once the evacuation is done prepare three LN2 dewars. 
Place one underneath the pre-converter Trap (between valve L2 and M). 
Place two underneath Ni Reaction vessels No.1 and 2 (use the wooden spacer blocks to 




Prepare another two dewars ready to be placed underneath the converter and one 
underneath the manometer cold finger. 
Ensure that Valves E and F are CLOSED on the ClF3/BrF5 expansion volume, as well as 
All Valves to the Waste Trap (i.e. G, H, I and J). 
OPEN Valve N to pump out the manifold converting the Ni reaction vessels. 
CLOSE Valve O and Q. 
Check manometer condition, OPEN Valves 5 and 7 with Valve 8 CLOSED. Use the heat 
gun on the manometer cold finger and glass manifold to drive off any moisture. The 
pressure on TG2 should fall between 1.0 and 1.5 Pa. 
Valve 5 may be kept open to further evacuate and maintain the vacuum inside the glass 
manifold. 
Once the first Ni reaction vessel has cooled sufficiently with LN2, the gas extraction can 
commence. 
With Valve 8 OPEN turn ON the converter to approx 120 V to release any moisture from 
the carbon rod, monitor TG1.When this reaches approximately 3 to 3.5 Pa the Converter is 
ready to be used. Use the heat gun to drive off any additional water vapour, heat both the 
top and bottom of the converter careful not to heat the grease connections. 
CLOSE Valve 8 
Turn the converter down to 110V and leave the converter running (carbon rod 
incandescent). 
Put one of the LN2 dewars under the Converter and allow it to cool for 30 seconds. 
Open the Reaction Bomb Valve R No. 1 slowly to ensure a gradual flow 
Ensure Valve N is OPEN (L1 and L2 are OPEN) 
Ensure Valve K is CLOSED 
Then OPEN Valve M to let produced O2 into the converter. 
The evolved O2 gas from the overnight fluorination reaction will now react with the carbon 
in the converter to form CO2 gas which will condense at the bottom of the converter. 
Record the TG1 pressure rise (the maximum) as well as the final pressure (minimum) after 
the CO2 has condensed. 




Top up the LN2 under the converter regularly and use 0.5 cm thick coasters (double, double 
and single coasters regularly) to take up the LN2 level inside the dewar to be able to capture 
any converted CO2 as possible.  
CLOSE Valve M and turn OFF the Converter. 
Also Close Valve  R No.1. 
At this point it is also appropriate to take the LN2 dewar off the Ni reaction vessel and place 
it under the next Ni Reaction vessel for the next extraction (Note: Only one to two dewars 
should be used at a time on the Reaction vessel due to possibilities of vacuum leaks 
occurring due to Teflon seal failure from the LN2 temperatures.) 
OPEN Valve 8 (Valve 5 should still be OPEN) to evacuate any incondensable gas out of 
the converter (Record the pressure reading of TG1 before and after the evacuation in the lab 
book in the appropriate column). 
After this switch the gauge to TG2. 
Close Valve 5 and take off the LN2 dewar from the Converter to release the CO2 gas. 
OPEN Valve 7 and heat the converter with the heat gun to mobilise the CO2. 
Monitor the TG2 pressure gauge and note the pressure. It rises once the Converter warms 
up and CO2 mobilises then decreases as CO2 re-freezes in the manometer cold finger. Wait 
until the TG2 gauge has fallen to the previous value when the CO2 was frozen under 
vacuum. (Record the pressure reading of TG2 in the lab book in the appropriate column.) 
Top up the LN2 under the cold finger regularly and use 0.5 cm thick coasters (double, 
double and single coasters regularly) to take up the LN2 level inside the dewar to be able to 
capture any converted CO2 as possible.  
CLOSE Valve 8 and OPEN Valve 5 to pump off any non-condensable gases; wait for at 
least 60 seconds or until the TG2 pressure reading has dropped to its starting value. 
Close Valve 7 to isolate the Manometer containing the captured CO2 gas. 
Record the Level of the manometer (Level A-B = X) 
Take off the LN2 dewar from the Manometer cold finger to release the CO2 gas. 
Bring the Manometer cold finger to room temperature (use a heat gun). 
Record the Level of the manometer (Level A-B = Y) 
The Total Manometer Shift is therefore the finishing point of the manometer minus the 




Section 12: Capturing and storing of evolved gas samples 
 
Close Valve 8 and OPEN Valve 5 to evacuate the glass manifold and glass break seal tubes. 
It may also be beneficial to heat the glass section with the heat gun to drive off any adhered 
moisture. 
Ensure a good vacuum is achieved on TG2 before proceeding. 
When this is done take a small LN2 dewar and put it under one of the glass break seals and 
wait until it cools down. 
CLOSE Valve 5 and then OPEN Valve 7 to let the CO2 gas into the break seal to re-
condense. 
Monitor the TG2 Gauge. Ensure that it drops back to approximately the same level at which 
it started, this will indicate whether or not all the CO2 gas has been transferred. 
Once the TG2 Gauge has stabilised and you are confident that all CO2 gas has been 
transferred add some more LN2 to the break-seal dewar. 
Prepare the Propane Gas Torch and have an ignition source ready such as a lighter or a 
sparker. 
Put on a pair of Safety Glasses. 
Light the Propane Gas Torch by turning the Control valve on the top of the bottle anti-
clockwise to increase the gas flow. When a slow gas flow is present ignite the torch with 
the lighter or spark. 
Adjust the flame so it is approx 5 cm to 10 cm in length. Then slowly start to heat the glass 
tube approx 3 – 5 cm down from the Metal Ultra-Torr connector. 
Move the Gas Torch from side to side to heat the glass evenly. Start to pull on the breakseal 
as it heats to draw it down while doing this you should also twist the break seal to close the 
tube (while doing this, monitor the pressure on TG2 to not rise up dramatically).                     
Manipulate the glass tube gently to thin out the glass until the strand can be broken and the 
sealed tube extracted. (Be careful not to touch the glass to far up to get burned from the 
flame but not too low to cold burn your hand from the LN2). 
Repeat the gas Reaction and Collection process steps for the remaining 9 reaction bombs. 
You will need to replace the glass break-seals in the glass manifold with new ones after 





Section 13: Excess Reaction gas Disposal 
 
After all gas has been extracted from the reaction bombs it is necessary to discard the 
unused excess ClF3/BrF5 from the reaction bombs so that new sample can be added.  
Ensure that the Waste Trap is topped up with LN2 
Ensure that Valve N and K are both CLOSED as well as Valves J and I 
OPEN Valves H, G, O and Q 
The Slowly OPEN Valves R1 through to R10 sequentially waiting one minutes between 
each to allow the excess ClF3/BrF5 to freeze into the Waste Trap. 
With all Reaction Bombs OPEN top up the LN2 dewar of the Waste Trap once more. 
Then OPEN Valve I and J to let any other incondensable gases to pump away. 
Then CLOSE Valves Q, O, G, H, I, J and Valves R1 to R10. 
All ClF3/BrF5 gas is now secured within the waste Trap and Both Valves on either side are 
closed. This step, in turn, isolates it from the rest of the extraction line. 
 
Section 14: Extraction Line Clean Up and Re-evacuation 
 
OPEN Valves 5, 7 and 8 to evacuate the Converter the manometer and the Glass Manifold. 
Wait until either TG1 or TG2 gauge reads a stable acceptable vacuum. 
Then CLOSE Valve 5, 7 and 8 to isolate the Converter the Manometer and the Glass 
Manifold. 
OPEN Valves L1, L2, K and N to continue to evacuate the Metal Manifold as well as now 
pumping out the Cl/Br Trap. 
At this stage also turn on the two heating tapes one for the rear of the Metal Manifold and 
the other to the Cl/Br Trap witch you will need to re-wrap. Refer to the previous pre-
conditioning steps of the extraction line. 
Keep the heating tape on the metal parts of the extraction line for multiple hours or if 
possible overnight. You may also decide to moderately heat the reaction bombs (at 













If the extraction line IS to be used the following day it may be beneficial to keep the 
pumping system active overnight. 
If so then check the Diffusion Pump Dry-Ice / Ethanol Trap and the Diffusion Pump LN2 
Trap and ensure they are topped up. 




If the extraction line IS NOT to be used the following day it must be shut down and 
isolated. 
CLOSE Valve 3 and 5 
Turn OFF the Diffusion Pump by turning OFF the Power Switch. 
Remove the Diffusion Pump Dry-Ice / Ethanol Trap and the Diffusion Pump LN2 Trap and 
let them return to room temperature slowly. 
Ensure all vital areas are isolated and record the pressures for each area on the pressure 




































Mount lofty Ranges, South 
Australia 
BKSA12A CBD 46.1 3.6 14.9 35.3 0.0 
BKSA12A  NaOH 92.5 0.0 6.7 0.8 0.0 
BKSA12B   1.4 0.0 0.0 98.6 0.0 
BKSA12C CBD 55.8 3.2 9.8 31.2 0.0 
BKSA12C  NaOH 86.9 1.3 5.4 6.4 0.0 
BKSA13 CBD 74.7 0.8 1.6 22.8 0.0 
BKSA13  NaOH 51.0 32.9 16.1 0.0 0.0 
BKSA14A CBD 53.9 4.2 2.7 39.2 0.0 
BKSA14A  NaOH 73.9 8.5 17.5 0.0 0.0 
BKSA14B CBD 28.6 9.3 7.7 54.4 0.0 
BKSA14B  NaOH 61.9 12.9 16.4 8.8 0.0 
BKSA15 CBD 80.3 2.1 3.6 14.0 0.0 
BKSA15  NaOH 91.2 4.1 1.9 2.8 0.0 
BKSA16A CBD 96.6 2.7 0.4 0.3 0.0 
BKSA16A  NaOH 98.7 0.8 0.2 0.2 0.0 
BKSA16B CBD 95.9 0.6 0.5 3.1 0.0 
BKSA16B  NaOH 99.3 0.7 0.0 0.0 0.0 
BKSA16C  CBD 97.2 0.0 0.6 2.2 0.0 
BKSA16C  NaOH 97.3 1.4 0.0 1.3 0.0 
BKSA17A   39.7 0.0 0.0 60.3 0.0 
BKSA17B CBD 88.5 1.4 3.1 7.0 0.0 
BKSA17B  NaOH 97.4 0.0 2.6 0.0 0.0 
BKSA17C  CBD 78.9 2.7 3.9 14.5 0.0 
BKSA17C  NaOH 89.5 3.4 2.7 4.3 0.0 
BKSA18A   10.9 0.0 0.0 89.1 0.0 
BKSA18B  CBD 46.1 0.0 2.9 51.0 0.0 
BKSA18B  NaOH 80.0 4.7 13.3 2.0 0.0 
BKSA19A CBD 94.0 0.8 1.0 4.2 0.0 
BKSA19A  NaOH 96.6 0.4 0.7 2.3 0.0 
BKSA19B CBD 89.5 4.7 1.4 4.4 0.0 
BKSA19B  NaOH 91.1 7.7 1.2 0.0 0.0 
BKSA19C   0.0 0.0 0.0 100.0 0.0 
BKSA20A   28.8 0.0 0.0 71.2 0.0 
BKSA20B CBD 87.6 3.9 1.4 7.1 0.0 
BKSA20B  NaOH 80.4 3.0 3.3 13.3 0.0 
BKSA21A CBD 87.7 1.3 3.8 7.2 0.0 
BKSA21A  NaOH 97.3 0.3 1.9 0.4 0.0 
BKSA21B   50.9 0.0 0.0 11.6 37.6 
Appendix (B)  Percentage of the calculated oxygen 


















yield Central South Australia 
BKSA4   39.8 0.0 0.0 60.2 0.0 
BKSA6C CBD 10.7 89.3 0.0 0.0 0.0 
BKSA6C  NaOH 10.6 89.4 0.0 0.0 0.0 
BKSA9A CBD 69.6 14.2 3.3 12.9 0.0 
BKSA9A  NaOH 54.3 40.2 5.5 0.0 0.0 
BKSA9B CBD 47.6 23.6 10.3 18.5 0.0 
BKSA9B  NaOH 67.8 21.7 10.5 0.0 0.0 
BKSA10A CBD 8.3 10.4 46.5 34.7 0.0 
BKSA10A  NaOH 7.2 8.2 66.1 18.4 0.0 
BKSA10B CBD 28.2 16.2 28.2 27.3 0.0 
BKSA10B  NaOH 29.1 16.1 29.2 25.7 0.0 
BKSA23 CBD 44.7 4.9 4.1 46.3 0.0 
BKSA23  NaOH 81.6 0.0 18.4 0.0 0.0 
BKSA23A CBD 0.0 15.3 84.7 0.0 0.0 
BKSA23A  NaOH 0.0 8.7 91.3 0.0 0.0 
BKSA24A  CBD 0.0 0.0 100.0 0.0 0.0 
BKSA24A  NaOH 2.5 8.2 71.5 17.8 0.0 
BKSA25C CBD 94.7 2.3 3.0 0.0 0.0 
BKSA25C  NaOH 89.0 5.3 2.7 3.1 0.0 
BKSA27C CBD 27.8 9.3 42.3 20.5 0.0 
BKSA27C  NaOH 20.1 11.2 62.8 5.8 0.0 
BKSA28A CBD 38.3 20.5 21.7 19.5 0.0 
BKSA28A  NaOH 41.3 27.1 31.5 0.0 0.0 
BKSA29A CBD 33.0 11.8 55.2 0.0 0.0 
BKSA29A  NaOH 44.0 17.1 38.9 0.0 0.0 
BKSA30A CBD 35.2 40.9 6.3 17.6 0.0 
BKSA30A  NaOH 28.7 51.0 6.8 13.5 0.0 
BKSA30B CBD 69.8 14.2 16.0 0.0 0.0 
BKSA30B  NaOH 64.2 5.4 27.0 3.4 0.0 
BKSA31A CBD 13.5 8.2 66.7 11.7 0.0 
BKSA31A  NaOH 13.3 8.3 62.0 16.5 0.0 
BKSA31B CBD 85.4 6.1 0.0 8.5 0.0 
BKSA31B  NaOH 98.7 0.0 0.2 1.0 0.0 
BKSA32B CBD 87.3 5.7 0.0 7.0 0.0 
BKSA32B  NaOH 88.2 9.5 0.2 2.1 0.0 
BKSA32D CBD 79.6 4.6 5.4 10.4 0.0 
BKSA32D  NaOH 67.0 6.3 14.6 12.0 0.0 


















yield Central South Australia 
BKSA33A CBD 93.9 2.1 0.0 4.0 0.0 
BKSA33A  NaOH 96.8 0.8 0.0 2.4 0.0 
BKSA33B CBD 71.1 4.8 17.9 6.2 0.0 
BKSA33B  NaOH 55.3 8.0 36.7 0.0 0.0 
BKSA34A CBD 83.8 16.2 0.0 0.0 0.0 
BKSA34A  NaOH 95.7 2.5 0.0 1.8 0.0 
BKSA34B CBD 60.3 37.6 2.2 0.0 0.0 
BKSA34B  NaOH 19.1 7.5 58.6 14.7 0.0 
BKSA35 CBD 90.8 2.9 0.0 6.3 0.0 
BKSA35  NaOH 89.7 1.7 0.9 7.6 0.0 
BKSA36 CBD 70.2 4.7 5.5 19.6 0.0 
BKSA36  NaOH 31.0 9.9 34.4 24.8 0.0 
BKSA37A CBD 34.3 9.8 15.2 40.7 0.0 
BKSA37A  NaOH 43.4 12.5 44.1 0.0 0.0 
BKSA37B CBD 37.9 20.9 14.0 27.3 0.0 
BKSA37B  NaOH 57.3 9.6 33.1 0.0 0.0 
BKSA38A CBD 75.2 4.2 10.2 10.3 0.0 
BKSA38A  NaOH 87.6 1.6 6.7 4.1 0.0 
BKSA38B CBD 81.0 4.4 0.4 14.2 0.0 
BKSA38B  NaOH 97.6 0.5 0.4 1.5 0.0 
BKSA38D   11.8 0.0 0.0 88.2 0.0 
BKSA40B CBD 20.9 8.4 55.1 15.6 0.0 
BKSA40B  NaOH 13.4 12.2 74.4 0.0 0.0 
BKSA41B CBD 70.9 1.4 23.3 4.3 0.0 
BKSA41B  NaOH 42.2 0.0 57.8 0.0 0.0 
BPBK4 CBD 80.8 4.7 9.3 5.1 0.0 
BPBK4  NaOH 83.8 4.1 8.8 3.3 0.0 
Western Australia             
BKWA2A CBD 30.0 4.6 16.7 48.8 0.0 
BKWA2A  NaOH 48.1 6.3 33.5 12.1 0.0 
BKWA2B   19.7 0.0 0.0 80.3 0.0 
BKWA3A CBD 64.2 0.0 3.7 32.1 0.0 
BKWA3A  NaOH 67.2 5.9 26.9 0.0 0.0 
BKWA3B   0.0 0.0 0.0 100.0 0.0 
BKWA4A CBD 21.5 0.0 0.0 78.5 0.0 
BKWA4A  NaOH 85.5 2.2 12.3 0.0 0.0 
BKWA4B   0.0 0.0 0.0 100.0 0.0 


















yield Western Australia 
BKWA5A  NaOH 65.1 8.5 9.9 16.5 0.0 
BKWA5B   0.0 0.0 0.0 100.0 0.0 
BPBK1 CBD 36.8 13.5 3.2 46.6 0.0 
BPBK1  NaOH 48.6 26.4 25.0 0.0 0.0 
BPBK6 CBD 12.4 28.5 59.1 0.0 0.0 
BPBK6  NaOH 12.1 28.2 59.7 0.0 0.0 
Victoria             
BPBK2 CBD 39.0 2.7 10.7 47.5 0.0 
BPBK2  NaOH 77.7 2.6 16.6 3.1 0.0 
BPBK3  CBD 35.6 7.0 0.0 57.4 0.0 
BPBK3  NaOH 41.0 22.1 15.9 21.0 0.0 
BPBK5 CBD 48.5 7.6 6.5 37.4 0.0 
BPBK5  NaOH 28.4 17.6 54.0 0.0 0.0 
 
